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Abstract
The retreat and acceleration of marine-terminating glaciers around the coast of
Greenland observed over the last two decades have partly been attributed to a
warming of Atlantic Water (AW) circulating around the subpolar North Atlantic.
This thesis investigates the impact of the ocean circulation on the 79 North
Glacier (79NG), which has Greenland’s largest floating ice tongue. One overall
hypothesis tested in this thesis is whether a long-term warming of AW in Fram
Strait has spread across the continental shelf o↵ Northeast Greenland (NEG)
toward the 79NG, which may explain the recent thinning observed at the floating
ice tongue.
A detailed bathymetry is crucial for studying pathways of AW across the NEG
continental shelf. Thus, the first part of this thesis is devoted to an accurate
representation of the continental shelf bathymetry and 79NG cavity geometry.
Based on a collection of hydrographic data obtained between 1979 and 2016
it is shown that the Norske Trough, the southern branch of the characteristic
“C”-shaped trough system on the continental shelf, is filled up by warm Atlantic
Intermediate Water (AIW) exceeding 1 C at depths below 200–250 m. Current
velocities from moored and lowered ADCPs inside Norske Trough indicate that a
boundary current transports warm AIW toward the 79NG. The results show that
Norske Trough provides the main pathway for warm AIW from the continental
shelf break toward the 79NG. Anomalies in AW temperatures in Fram Strait
could reach the 79NG within 1.5 years.
A unique data set comprising bathymetric, hydrographic, and current velocity
observations obtained during the R/V Polarstern cruise PS100 in front of the
79NG calving front emphasizes the importance of the complex bathymetry for
the heat transport into the cavity below the floating ice tongue. A density-driven
gravity plume, steered by the bathymetry outside the cavity, transports warm
AIW into the subglacial cavity. These findings imply that the AIW layer thickness
on the continental shelf plays an important role in determining the strength of
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the overturning in the cavity and thereby melting at the base of the floating ice
tongue. For the first time, the major exchange flow across the 79NG calving
front (i.e., between the continental shelf and the 79NG cavity) was captured
by synoptic hydrographic and velocity observations. A bottom-intensified flow
transports 140 ± 20 GW of heat into the cavity via a 500 m deep and 2 km
wide depression. A heat supply of this magnitude causes an average melt rate
of 8.3 ± 2.1 m yr 1 at the ice base of the 79NG. By mixing of AIW and glacial
meltwater (i.e., both basal meltwater and subglacial runo↵), a shallow outflow of
glacially modified AIW is generated. The observed ocean exchange flow across
the 79NG calving front suggests that the overturning in the cavity has a strength
of 36 ± 17 mSv.
Combining historic and recent hydrographic data from the 79NG cavity and
the NEG continental shelf reveals a warming of AIW by 0.4 ± 0.1 C between
the late 1990s and recent years. Numerical experiments performed with a one-
dimensional ice-shelf plume model suggest that the observed changes go along
with a 44 ± 13% increase in average basal melt rates. The results verify the
hypothesis that a long-term warming of AW in Fram Strait has spread across the
continental shelf into the 79NG cavity and emphasize that the ocean is the main
driver of the ice thickness loss at the 79NG.
Warm AIW is also present at the Zachariæ Isstrøm (ZI) located 50 km south
of the 79NG, which was shown for the first time from temperature measurements.
The warming in AIW presumably has driven the disintegration of the floating ice
tongue of ZI in 2012/14. A further warming of waters below the 79NG may cause
a similar rapid loss of the entire floating ice tongue as observed at ZI.
Zusammenfassung
In den letzten zwei Jahrzehnten haben sich die an den Ozean angrenzenden
gro¨nla¨ndischen Gletscher zuru¨ckgezogen und ihre Fließgeschwindigkeit beschleu-
nigt. Diese Beobachtungen sind unter anderem auf eine Erwa¨rmung des Atlantik-
wassers (AW), welches durch den subpolaren Nordatlantik zirkuliert,
zuru¨ckzufu¨hren. In dieser Dissertation wird der Einfluss der Ozeanzirkulation auf
den 79 Nord Gletscher (79NG) untersucht, welcher die ma¨chtigste schwimmen-
de Eiszunge Gro¨nlands aufweist. Ob sich eine langfristige Erwa¨rmung des AW
in der Framstraße u¨ber den Kontinentalschelf vor Nordostgro¨nland (NOG) bis
hin zum 79NG ausgebreitet hat, ist eine Gesamthypothese, die in dieser Arbeit
getestet wird. Dies ko¨nnte die Ausdu¨nnung des Gletschereises, die ju¨ngst an der
schwimmenden Eiszunge beobachtet wurde, erkla¨ren.
Eine detaillierte Bathymetrie ist entscheidend um die Wege des AW u¨ber den
NOG Kontinentalschelf nachvollziehen zu ko¨nnen. Daher ist der erste Teil dieser
Arbeit einer pra¨zisen Darstellung der Bathymetrie des Kontinentalsockels und
der Kavernengeometrie des 79NG gewidmet.
Basierend auf einer Sammlung hydrographischer Daten, die zwischen 1979 und
2016 erhoben wurden, zeigt sich, dass der Norske Trog (der su¨dliche Zweig des
charakteristischen “C”-fo¨rmigen Trogsystems auf dem Kontinentalschelf) unter
200–250 m Tiefe mit warmen Atlantik-Zwischenwasser (AIW) gefu¨llt ist, dessen
Temperatur 1 C u¨bersteigt. Messungen von Stro¨mungsgeschwindigkeiten inner-
halb des Norske Trog an den Positionen der verankerten und abgesenkten ADCPs
zeigen, dass AIW durch einen Randstrom zum 79NG transportiert wird. Die Er-
gebnisse deuten darauf hin, dass der Norske Trog den Hauptdurchlass fu¨r das
warme AIW vom Kontinentalabhang zum 79NG zur Verfu¨gung stellt. Anomalien
der Atlantikwassertemperaturen in der Framstraße ko¨nnten den 79NG innerhalb
1,5 Jahren erreichen.
Ein einzigartiger Datensatz mit Messungen von Bathymetrie, Hydrographie
und Stro¨mungsgeschwindigkeiten, die wa¨hrend der FS Polarstern Fahrt PS100
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vor der Gletscherkante des 79NG aufgezeichnet wurden, hebt die Bedeutung der
komplexen Bathymetrie fu¨r den Wa¨rmetransport in die Kaverne, welche unter der
Eiszunge des 79NG liegt, hervor. Ein durch Dichte und Schwerkraft getriebener
Plume, der von der Bathymetrie außerhalb der Kaverne gesteuert wird, trans-
portiert warmes AIW in die subglaziale Ho¨hle. Diese Erkenntnis impliziert, dass
die Schichtdicke des AIW eine entscheidende Rolle spielt, da sie die Sta¨rke der
Umwa¨lzzirkulation in der Ho¨hle und daher das Schmelzen an der Unterseite der
Eiszunge bestimmt. Zum ersten Mal wurde der Hauptaustausch von Wasser u¨ber
die Kalbungsfront des Gletschers hinaus (d.h., zwischen dem Kontinentalsockel
und der Gletscherkaverne) durch synoptische hydrographische Beobachtungen
und Geschwindgkeitsmessungen erfasst. Eine am Boden intensivierte Stro¨mung
transportiert 140 ± 20 GW Wa¨rme durch eine 500 m tiefe und 2 km breite Bo-
densenke in die Gletscherkaverne. Eine solche Wa¨rmezufuhr bewirkt eine mittlere
Schmelzrate von 8.3 ± 2.1 m a 1 an der Eisunterkante des 79NG. Durch das Ver-
mischen von AIW mit Schmelzwasser (basales Schmelzwasser sowie subglazialer
Abfluss) wird ein flacher Abfluss von gletschermodifizierten AIW erzeugt. Aus
dem gemessenen ozeanischen Volumenaustausch leitet sich eine 36 ± 17 mSv
starke Umwa¨lzzirkulation in der Kaverne ab.
Der Vergleich von historischen mit ku¨rzlich aufgenommenen hydrographischen
Messungen aus der 79NG Kaverne und auf dem NOG Schelf zeigt eine Erwa¨rmung
des AIW um 0.4 ± 0.1 C zwischen den spa¨ten 1990er Jahren und den letzten Jah-
ren. Numerische Experimente, die mit einem eindimensionalen Eisschelf-Plume-
Modell durchgefu¨hrt wurden, zeigen, dass die beobachteten Vera¨nderungen des
AIW eine Erho¨hung der mittleren basalen Schmelzraten um 44 ± 13% bewir-
ken. Die Ergebnisse besta¨tigen die Gesamthypothese, dass sich eine langfristige
Erwa¨rmung des AW in der Framstraße u¨ber den Kontinentalschelf in die Glet-
scherkaverne ausbreitet und heben hervor, dass der Ozean die Hauptantriebsquelle
fu¨r den Verlust der Eisdicke am 79NG ist.
Zum ersten Mal zeigen Temperaturmessungen vor dem Gletscher Zachariæ
Isstrøm (ZI), welcher 50 km su¨dlich des 79NG gelegen ist, dass auch hier warmes
AIW anliegt. Die Erwa¨rmung des AIW hat vermutlich den Zerfall der schwimmen-
den Eiszunge des ZI in 2012/14 ausgelo¨st. Eine weitere Erwa¨rmung des Wassers
unterhalb des 79NG ko¨nnte einen a¨hnlich schnellen Zerfall der gesamten schwim-
menden Eiszunge des 79NG verursachen.
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1. Introduction
Since 1993, the global average sea level has been rising at an accelerated rate of
3.3 ± 0.4 mm yr 1 (e.g., Ablain et al., 2009; Nerem et al., 2010), which is twice
as large as the mean rate observed between 1901 and 2010 (Church et al., 2013).
Sea level is not rising uniformly across the world ocean, e.g., satellite altimetry
shows that the sea level in the western Pacific has risen up to three times faster
than the global mean sea level (e.g., Church et al., 2006; Merrifield , 2011). Such
spatial patterns in sea level trends are mainly caused by a nonuniform ocean
warming and salinity variations (e.g., Wunsch et al., 2007; Church et al., 2013),
but also, e.g., changes in the ocean circulation due to increased freshwater input
a↵ect regional sea level trends (e.g., Stammer , 2008).
The primary contributions to changes in the global average sea level are the
expansion of the ocean water as it warms (steric), and the transfer of water
currently stored on land (i.e., particularly from glaciers and ice sheets) to the
ocean (Church et al., 2011, 2013; Rietbroek et al., 2016). Satellite and in-situ
measurements show that roughly half of the observed rise in global average sea
level is due to thermal expansion and the other half is due to melting glaciers
and ice sheets in Greenland and Antarctica (Church et al., 2013; Rietbroek et al.,
2016). Climate model projections suggest that the global mean sea level will
continue to rise during the 21st century due to both increased ocean warming
and increased loss of mass from glaciers and ice sheets (Church et al., 2013).
However, since 1992 the mass loss of the Greenland and Antarctic ice sheets
(holding more than 99% of the world’s freshwater in ice) has been observed to
accelerate (Figure 1.1) suggesting that the ice sheets may dominate the sea level
rise in the 21st century (e.g., Velicogna, 2009; Rignot et al., 2011a).
Observations document that the Greenland Ice Sheet (GrIS) has lost mass
since the early 1990s (Shepherd et al., 2012; Hanna et al., 2013). The mass loss
quadrupled from 1992–2000 (-51 ± 65 Gt yr 1) to 2000–2011 (-211 ± 37 Gt yr 1),
translating into a rise in global mean sea level of 7.5 ± 1.8 mm from 1992 to 2011
1
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Figure 1.1: Temporal evolution of the total mass loss of ice from glaciers and ice sheets
in terms of mass (Gt) and sea level equivalent (mm), from the IPCC Fifth Assessment
Report (Church et al., 2013).
(Shepherd et al., 2012). Thereby mass loss from the GrIS accounts for one-quarter
of the present rate of global mean sea level rise (e.g., Rietbroek et al., 2016).
In order to gain a better understanding of the observed acceleration in Green-
land’s ice loss, it is essential to study the main drivers causing the observed
changes. Observations indicate that the recent net loss of mass from the GrIS
is due to both to increased surface melting and runo↵ (caused by rising air tem-
peratures and shifts in the regional atmospheric circulation), and to increased
ice discharge linked to a retreat and speedup of marine-terminating glaciers (e.g.,
van den Broeke et al., 2009; Sasgen et al., 2012; Enderlin et al., 2014; Kjeldsen
et al., 2015). In the past two decades evidence has been growing that the observed
increased glacial mass loss has been triggered by the ocean, i.e., by a warming
of Atlantic Water (AW) intruding into Greenland’s glacial fjords (e.g., Holland
et al., 2008; Thomas et al., 2009; Nick et al., 2009; Seale et al., 2011; Straneo
et al., 2012; Straneo and Heimbach, 2013). Thus, a better understanding of the
supply of warm AW toward the Greenland glaciers plays an important role for a
better understanding of the increased ice discharge and ultimately for the overall
assessment of the mass loss at the GrIS.
On the other hand, an increased ice loss from the GrIS causes a substantial
amount of freshwater input into the North Atlantic. Bamber et al. (2012) com-
puted a cumulative freshwater anomaly of 3200 ± 358 km3 caused by increased
freshwater fluxes from the GrIS between 1995 and 2010. As a consequence the
ocean circulation needs to adjust to the enhanced local freshwater forcing. Un-
related to Greenland’s ice loss, surface freshening events in the subpolar North
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Atlantic, referred to as Great Salinity Anomalies (Dickson et al., 1988), have
been observed over the past decades (e.g., Belkin, 2004). The freshening events
have been triggered either by changes in the freshwater transport from the Arc-
tic Ocean through the Fram Strait (Haak et al., 2003) or by local processes in
the Labrador Sea and Ba n Bay (Belkin, 2004). Observations showed that the
Great Salinity Anomalies propagated within the subpolar gyre (Houghton and
Visbeck , 2002; Belkin, 2004), which raised interest in a potential impact of these
freshwater anomalies on the deep water formation in the subpolar North Atlantic
and thereby on the strength of the Atlantic Meridional Overturning Circulation
(AMOC). However, while some model simulations suggested a large impact of
Great Salinity Anomalies on the strength of the AMOC (e.g., Ha¨kkinen, 1999;
Curry and Mauritzen, 2005), others showed only a minor impact (e.g., Haak et al.,
2003).
Recently, there has been paid more attention to a freshwater forcing into the
subpolar North Atlantic caused by Greenland’s ice loss. Several ocean modelling
studies investigated the impacts of a melting of the GrIS on the ocean circulation
(e.g., Gerdes et al., 2006; Stammer , 2008; Wang et al., 2012; Bo¨ning et al., 2016).
Bo¨ning et al. (2016) showed that the accumulation of meltwater in the subpolar
North Atlantic may become large enough to reduce the strength of the AMOC
as freshwater dampens deep winter convection in the Labrador Sea. However,
details in meltwater input, i.e., the location, timing, and amount of freshwater
released, di↵er strongly between model studies but likely have an important e↵ect
on the oceanic response. Thus, a better understanding of the glacial freshwater
discharge into the ocean is required to improve the understanding of the oceanic
response to increased ice loss at the GrIS.
1.1 Atlantic Water circulation and Greenland
glacier retreat
The circulation around the subpolar North Atlantic and the Nordic Seas mainly
determines the temperatures of warm AW circulating around the coast of Green-
land (Figure 1.2). Relatively warm AW from the subtropics is carried northward
by the North Atlantic Current (NAC) and Norwegian Atlantic Current. About
half of the AW entering the Nordic Seas recirculates in Fram Strait (Marnela
et al., 2013; de Steur et al., 2014; Hattermann et al., 2016), while the other half
continues to flow into the Arctic Ocean. The recirculated AW flows southward
3
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Figure 1.2: Schematic of the large-scale ocean circulation around Greenland with
the dynamic thinning of Greenland superimposed, from Straneo and Heimbach (2013)
(edited). Coloured arrows mark the Atlantic Water (red to yellow) and Polar Water
(blue) pathways in the subpolar North Atlantic (subpolar gyre), the Nordic Seas and in
part of the Arctic Ocean. The dynamic thinning on the margin of Greenland is based on
high resolution satellite laser altimetry by Pritchard et al. (2009). Locations of the East
Greenland Current (EGC) and six of Greenland’s glaciers are indicated, i.e., clockwise
from northeast: 79 North Glacier (79NG), Zachariæ Isstrøm (ZI), Kangerdlugssuaq
Glacier (KG), Helheim Glacier (HG), Jakobshavn Isbræ (JI), and Petermann Glacier
(PG). For more information on the revised circulation see Figure 1 in Straneo et al.
(2012).
along the Greenland continental shelf break joining the cold East Greenland Cur-
rent (EGC). Thereby, this part of the circulation sets the temperatures of AW
present along the continental shelf break northeast/east o↵ Greenland.
In the subpolar North Atlantic the circulation is a cyclonic subpolar gyre (for
review, see Schott and Brandt , 2007). The NAC is shaping the equatorward side
of the subpolar gyre (Figure 1.2). At about 26 W, the Irminger Current branches
from the NAC transporting AW through the Irminger Sea toward the coast of
4
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Greenland. South of Denmark Strait, i.e., between Greenland and Iceland, the
Irminger Current splits up into one part flowing northward into the Iceland Sea
and another limb flowing southwestward, i.e., o↵shore from the EGC along the
southern coast of Greenland. The EGC and the Irminger Current loop around the
southern tip of Greenland flowing into the Labrador Sea. Here, a large fraction
circulates around the Labrador Sea and subsequently flows southward back into
the North Atlantic with the Labrador Current (completing the subpolar gyre).
Additionally, the West Greenland Current transports AW along the continental
slope o↵ Greenland northward into Ba n Bay (e.g., Mu¨nchow et al., 2015).
In summary, the circulation in the subpolar North Atlantic is characterized by
relatively warm AW flowing around the continental slopes of Greenland and North
America (Figure 1.2). The AW temperatures range from 0.5–10 C, depending
on the location around Greenland (Straneo et al., 2012, and references therein).
In addition, cold and fresh water from the Arctic flows around the Greenland
continental shelves (Figure 1.2). Observations showed that within Greenland
fjords a cold layer of Polar Water (PW) of Arctic origin is found on top of a deep
layer of warm AW (Straneo et al., 2012). Thus, shallow sills at the fjords mouths
and/or at the end of the troughs stretching across the continental shelf (see below
in Figure 1.4a) may limit the supply of warm AW to the glaciers.
Since the mid-1990s a warming in the subpolar North Atlantic has been ob-
served (Bersch et al., 2007; Yashayaev , 2007; Williams et al., 2014). In addition,
observations indicated a warming of subsurface waters present on the western
Greenland continental shelf (Holland et al., 2008; Myers et al., 2007). Further-
more, a thickening of the AW layer in the Irminger Sea (V˚age et al., 2011), warm
anomalies observed in Fram Strait in 1999–2000 and 2005–2007 (Beszczynska-
Mo¨ller et al., 2012), and a warming of AW in the Arctic Ocean in the 2000s
(Polyakov et al., 2012) suggest that AW flowing along the eastern Greenland
continental shelf break may also be warmer compared to earlier years. This
raises the question of whether there has also been a warming in waters on the
continental shelves northeast/east o↵ Greenland.
Straneo and Heimbach (2013) showed that the warming in the subpolar North
Atlantic caused increased basal melting at the marine-terminating glaciers around
the southeastern and western coast of Greenland. The start of the glaciers’ re-
treat coincided with the onset of the ocean warming suggesting that increased
ocean (and atmospheric) temperatures in the subpolar North Atlantic caused the
enhanced ice discharge observed since the mid-1990s (for review, see Straneo and
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Heimbach, 2013). This is consistent with the finding that the mass loss of the
GrIS is concentrated along the Greenland coast (Pritchard et al., 2009; Helm
et al., 2014), i.e., at the margins of the subpolar North Atlantic (Figure 1.2).
Two main mechanisms have been proposed for glacier retreat triggered by
ocean warming; (i) increased basal melting, and (ii) a weakened ice me´lange
(consisting of sea ice and icebergs) in front of the glaciers (Straneo and Heimbach,
2013). Both mechanisms can result in a reduction of the buttressing to glacier
flow, followed by glacier acceleration and retreat (e.g., Vieli and Nick , 2011).
Thus, the ice sheet-glacier-ocean interaction is thought to represent an important
control of the GrIS mass balance.
The realization that the ocean plays a major role in the glacier retreat and
speedup, was followed by an increased interest in Greenland’s glacial fjords and
continental shelf regions linking the ice sheet with the large-scale ocean circulation
(for review, see Straneo and Cenedese, 2015). The heat supply for basal melting
at the glaciers is determined by a complex interplay between oceanic and atmo-
spheric processes specific to the fjord/glacier locations (Vieli and Nick , 2011; Stra-
neo and Heimbach, 2013). The processes relevant for the glacier-ocean exchanges
are complex. Straneo and Cenedese (2015) pointed out that the glacier-ocean
exchanges are set by sill depths at the fjord mouths, the depths of the grounded
glaciers, the presence of AW and PW outside the fjords, as well as the seasonal
changes in the amount of freshwater discharged as subglacial runo↵. Furthermore,
the intensity of tides and/or wind forcing at the fjords’ mouths may play an im-
portant role for the supply of heat into glacial fjords. The latter has been shown
to be relevant for rapid fjord-shelf exchange o↵ Helheim Glacier (Straneo et al.,
2010). Observations in southeast Greenland showed that another e cient way to
drive the fjord-shelf exchange is regionally forced episodic thermocline heaving
on the continental shelf suggesting that ocean changes are transported rapidly
toward Helheim and Kangerdlugssuaq glaciers (Jackson et al., 2014). Still, the
transport of AW and/or propagation of warm anomalies across the Greenland
continental shelf into glacial fjords is complex and barely understood yet.
In general, there exist two types of glaciers around the coast of Greenland.
The majority of glaciers are marine-terminating or “tidewater” glaciers charac-
terized by short floating ice tongues or grounded termini (Straneo and Heimbach,
2013). For this type of glaciers the mass balance is largely controlled by seasonal
calving (for review, see Straneo and Heimbach, 2013). Typically an ice me´lange
consisting of sea ice and icebergs is found in front of these glaciers (Amundson
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et al., 2010). The glaciers discharge into long, narrow, and deep fjords which
constrain the circulation of the ice me´lange and ocean waters. At present, Green-
land’s three largest tidewater glaciers are Helheim and Kangerdlugssuaq glaciers,
and Jakobshavn Isbræ (Figure 1.2). The speedup and retreat of these and other
tidewater glaciers along the western and southeastern coast of Greenland (Luck-
man et al., 2006; Howat et al., 2007; Stearns and Hamilton, 2007; Howat and
Eddy , 2011) caused about half of the increased GrIS mass loss before 2005 and
one third between 2009 and 2012 (van den Broeke et al., 2009; Enderlin et al.,
2014).
Only recently, Helm et al. (2014) reported on a general reduction in ice sheet
elevation also near the margins of North and Northeast Greenland (NEG). Along
the northern coast of Greenland a second type of glacier is found, characterized
by long floating ice tongues (i.e., ice shelf-like floating extensions at the termini
of marine-terminating glaciers). In contrast to marine-terminating glaciers, their
mass balance is largely controlled by basal melting (Rignot et al., 2001). Calving
is less important, as it is suppressed by a quasi-permanent sea ice cover (Reeh
et al., 2001). Zachariæ Isstrøm (ZI), which had one of the largest floating ice
tongues in Greenland, retreated and collapsed between 2012 and 2014 (Mouginot
et al., 2015). At present, the largest existing ice tongues are found at the termini
of Petermann Glacier and Nioghalvfjerdsfjorden Glacier (also referred to as 79
North Glacier, hereafter 79NG) (Figure 1.2). Major calving events in 2010 and
2012 caused a loss of one third of Petermann’s floating ice tongue area reducing
its length from 81 to 46 km (Mu¨nchow et al., 2014). At the 70 km long and 20 km
wide floating ice tongue of the 79NG (Mayer et al., 2000) calving is dependent on
the presence of a semi-permanent fast ice-cover (Reeh et al., 2001), which broke
up more regularly in the summers since 2000 (Sneed and Hamilton, 2016). No
major calving events have been observed at the 79NG yet, but recent studies
showed a thinning of the 79NG floating tongue over the last decade (Kjeldsen
et al., 2015; Mouginot et al., 2015; Wilson et al., 2017). An increase in basal
melting (triggered by the ocean) has been suggested to be the main driver for the
thinning and/or disappearance of Greenland’s floating ice tongues (e.g., Motyka
et al., 2011; Mouginot et al., 2015; Mu¨nchow and Nicholls , 2016).
The major calving events at Petermann Glacier and the thinning of the 79NG
raised concerns about the future evolution of Greenland’s ice tongues in a chang-
ing climate (e.g., Mu¨nchow and Nicholls , 2016). The melting of a floating ice
tongue or an ice shelf hardly a↵ects global sea level (only through small steric
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e↵ects). However, thinning or removal of the floating ice tongue can lead to an
upstream glaciological dynamic response causing a substantial speedup of the ice
streams in their catchment areas and an increased flow of formerly grounded ice
into the ocean within a time scale of a few decades (e.g., Favier et al., 2014). It
is this latter e↵ect that makes the interaction between the ocean and the floating
extensions of polar ice sheets an important topic in studies of sea level rise.
1.2 Characteristics of the 79 North Glacier
In this thesis, oceanic processes controlling the heat supply to the outlet glaciers
of the Northeast Greenland Ice Stream (NEGIS) with a primary focus on the
79NG are investigated. The NEGIS feeds not only the 79NG, but also ZI and
Storstrømmen Glacier (StG) (Figure 1.3a). The largest of the three outlet glaciers
is the 79NG, where oceanic measurements through a glacial rift (Figure 1.2b)
showed the existence of 1 C warm waters beneath the floating ice tongue (Straneo
et al., 2012). At ZI and StG (both of which are tidewater glaciers nowadays) no
oceanic measurements existed.
As mentioned above, the 79NG is quite an atypical Greenland glacier which
terminates in the largest of the few remaining floating ice tongues in Greenland.
There are several specific settings presumably playing a role for the ocean impact
on the 79NG:
• The floating ice tongue covers an entire fjord, i.e., it is connected to the
NEGIS in the west and forming two calving fronts in the east (Figure 1.3b).
At the 35 km-long eastern calving front the glacier is pinned on a series of
islands between Hovgaard Island and Lamberts Land potentially stabilizing
the floating ice tongue. Another part of the glacier calves into the 10 km-
wide Dijmphna Sund.
• Shallow sill depths at the fjord/cavity mouth, i.e., at the pinned calving
front and the seaward entrance of Dijmphna Sund, likely limit the ocean
exchange between the 79NG cavity and the continental shelf (Mayer et al.,
2000; Wilson and Straneo, 2015).
• In addition to the sills, the 300 km wide NEG continental shelf (see below in
Figure 1.4b) area determines the ocean exchange between the 79NG cavity
and the large-scale ocean.
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Figure 1.3: (a) Satellite image of the three outlet glaciers of the NEGIS. Marked are
the calving fronts (red), the grounding line at the 79NG (black), and the floating part
which is disconnected from ZI since 2012 (black dashed line; Mouginot et al. (2015)).
(b) Landsat image of the 79NG. The black line marks the position of the seismic profile
taken by Mayer et al. (2000) in 1997/98 which is shown in panel (c). The satellite
images were taken on 24 July 2016 (a) and 18 August 2016 (b), i.e., when the fast-ice
cover broke apart. (c) Ice thickness and bedrock elevation based on seismic soundings
along the 79NG from Mayer et al. (2000). Grey triangles indicate the positions of the
seismic soundings.
• A fast-ice cover protects the 79NG from calving (Reeh et al., 2001) and may
suppress wind-induced ocean circulation (near the calving front) that may
e↵ect the exchange of waters between the cavity and the continental shelf
(Figure 1.3a).
• The 79NG is grounded at 600 m below the sea level at the seaward side of an
approximately 2 km-long section where the bathymetry does not slope sub-
stantially (Figure 1.3c). Thus, under recent conditions, a small grounding
line retreat does not change the depth of the 79NG base.
All these factors may have stabilized the floating ice tongue recently, but with
a continuous increase in ocean and air temperatures conditions may change. Once
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the floating ice tongue becomes detached from the pinning points, the ice tongue
may become unstable. Furthermore, a grounding line retreat may move the 79NG
base to the point where the bed slopes downward (Figure 1.3c). Then the glacier
could get potentially unstable since there will be a continuous supply of warm
water to the grounding line, causing it to retreat further inland (e.g., Hughes ,
1973). Pine Island Glacier in Antarctica (Favier et al., 2014) and Jacobshavn
Isbræ in Greenland (Holland et al., 2008) are prominent examples for this so-
called marine ice sheet instability. A potential future collapse of the 79NG may
largely determine the stability of the NEGIS whose drainage basin contains more
than 15% of the GrIS area (Rignot and Kanagaratnam, 2006). Key to triggering
a marine ice sheet instability is a su cient supply of relatively warm water, which
is one of the main objectives studied in this thesis.
1.3 Focus and concept of this thesis: Ocean im-
pact on the 79 North Glacier
Although a number of oceanic campaigns were carried out in 1984 and the late
1990s on the NEG continental shelf (Figure 1.4), the interaction of shelf waters
with the NEG outlet glaciers has not been considered in the studies exploring the
data sets (e.g., Bourke et al., 1987; Bude´us and Schneider , 1995; Schneider and
Bude´us , 1995; Wallace et al., 1995; Bignami and Hopkins , 1997; Bude´us et al.,
1997; Top et al., 1997). However, the measurements showed that warm waters
of Atlantic origin are present inside the troughs on the NEG continental shelf
(e.g., Bourke et al., 1987). This water mass, occupying depths below 150-200 m
(Bude´us and Schneider , 1995), was referred to by Bourke et al. (1987) as Atlantic
Intermediate Water (AIW).
While hydrographic and velocity observations suggested an anticyclonic near-
surface circulation (Bourke et al., 1987; Schneider and Bude´us , 1995; Topp and
Johnson, 1997; Johnson and Niebauer , 1995), the subsurface circulation (relevant
for the transport of AIW toward the Greenland coast) remained under discussion.
Based on moored observations Topp and Johnson (1997) proposed that there ex-
ists an anticyclonic subsurface circulation following the “C”-shaped trough system
on the continental shelf (Figure 1.4b). Contrary, Bude´us et al. (1997) found two
di↵erent water types to be present at depth in the opposite parts of the trough
system and concluded that there is no continuous subsurface shelf circulation.
Not only the subsurface shelf circulation transporting AIW toward the NEG
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Figure 1.4: (a) Bathymetric map highlighting the continental shelf regions around
Greenland. The red box indicates the NEG continental shelf shown in (b). (b) Marked
are the locations of the three outlet glaciers of the NEGIS. The dashed yellow line
marks the anticyclonic surface circulation (Bourke et al., 1987) which approximately
follows the “C”-shaped trough system on the continental shelf. The maps are based on
RTopo-2 (Chapter 3; Scha↵er et al., 2016).
outlet glaciers but also the 79NG cavity-shelf exchange remained speculative. In
summer 2009, AIW was observed inside the 79NG cavity by measurements taken
through a glacial rift in the floating ice tongue (Straneo et al., 2012). Wilson
and Straneo (2015) showed that AIW present inside the 79NG cavity cannot
enter through Dijmphna Sund (Figure 1.3b) due to shallow depths blocking the
exchange of warm waters. As a consequence,Wilson and Straneo (2015) hypothe-
sized that warm shelf waters need to enter the 79NG cavity via the eastern pinned
calving front (Figure 1.3b). A few hydrographic profiles taken in 1997 showed
the presence of AIW close to the 79NG pinned calving front (Mayer et al., 2000).
However, neither the pathway of AIW from the trough system toward the pinned
calving front, nor the location and strength of the AIW inflow into the 79NG
cavity have been observed.
Recent studies report a general reduction in ice sheet elevation near the mar-
gins of NEG (Helm et al., 2014), an acceleration in ice flow of the 79NG (Khan
et al., 2014), and a thinning of the 79NG floating ice tongue (Kjeldsen et al.,
2015; Mouginot et al., 2015; Wilson et al., 2017) supposedly caused by changes in
the oceanic conditions. Furthermore, Mouginot et al. (2015) hypothesized that
the collapse of the floating ice tongue of ZI between 2012 and 2014 has been trig-
gered by the ocean. Still, neither have oceanic measurements shown the presence
11
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of AIW at the calving front of ZI, nor have there been any studies reporting on a
warming in the shelf waters o↵ the NEG coast. Thus, there is not only a lack of
knowledge in the transport of warm anomalies toward the NEG outlet glaciers,
but also in understanding their response to a potential warming.
In this thesis, I will give answers to the open questions pointed out above. By
combining historic and recent ocean observations with bathymetric data and a
simple model, the following three main objectives are addressed:
1. What are the sources of warm waters and their pathways across the conti-
nental shelf and into the 79NG cavity?
2. Is there any evidence for a pronounced inflow of waters of Atlantic origin
into the cavity? How strong is the heat transport into and water mass
transformation inside the 79NG cavity, and what is the impact of glacial
meltwaters on the shelf waters?
3. Is there any indication for a long-term ocean warming on the continental
shelf and, if so, how strong is the e↵ect on basal melting at the 79NG?
The thesis is organized as follows: The next Chapter 2 presents a short intro-
duction to the data and methods used in this thesis. A compilation of historic
and recent bathymetric, hydrographic, and velocity data represent the backbone
for all the analyses carried out in this thesis. In order to distinguish shelf waters
from glacially modified waters, the characteristics of freshwater discharged from
glaciers by basal melting and subglacial runo↵ are introduced. Following Jack-
son and Straneo (2016), the generalized equations of the oceanic budgets of a
subglacial cavity (similar to the one below the 79NG) and the related equations
to compute the freshwater fluxes from basal melting and subglacial runo↵ are
derived. Furthermore, the characteristics of hydraulically controlled flows are de-
scribed, which will be applied to study the dynamics driving the inflow of warm
waters into the subglacial cavity. Finally, the ice-shelf plume model developed by
Jenkins (1991) is introduced which will be used to explore the ocean impact on
basal melting at the 79NG base.
In Chapter 3 the updated global, high-resolution data set of ice sheet to-
pography, cavity geometry, and ocean bathymetry named RTopo-2 is described.
Most relevant, the representation of the continental shelf around Greenland is
analyzed. Chapter 3 has been published in the Journal Earth System Science
Data under the title A global, high-resolution data set of ice sheet topography,
cavity geometry, and ocean bathymetry (Scha↵er et al., 2016).
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The warm water pathways across the NEG continental shelf toward the 79NG
are discussed in Chapter 4. Historic hydrographic observations from the 1990s
are compared to more recent bathymetric, hydrographic, and velocity observa-
tions and analysed with respect to the source pathways and characteristics of the
warmest waters found inside the 79NG cavity. Chapter 4 has been published in
the Journal of Geophysical Research: Oceans under the title Warm water path-
ways toward Nioghalvfjerdsfjorden Glacier, Northeast Greenland (Scha↵er et al.,
2017).
Chapter 5 deals with the exchange of waters between the 79NG and the con-
tinental shelf based on ship-based bathymetric, hydrographic, and velocity mea-
surements carried out along the 79NG pinned calving front in summer 2016. The
role of hydraulic control for the inflow of warm waters into the cavity is discussed.
Furthermore, the mixing of glacial meltwater with shelf waters is described.
Finally, in Chapter 6, the ice-shelf plume model is applied to the 79NG settings
providing an estimate of basal melting based on water temperatures present inside
the subglacial cavity. The impact of an oceanic warming on basal melt rates and
thereby on the thinning of the floating ice tongue are discussed.
The thesis is concluded with a summary of the results and an outlook in
Chapter 7 that includes information on both additional oceanic data from moored
instruments and planned model studies.
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2. Data and Methods
2.1 Bathymetric, hydrographic and current ve-
locity data
A number of di↵erent bathymetric, hydrographic, and velocity measurements are
analysed in this thesis. In the following, I will give a brief overview of the data
sets that have been used. A more detailed description of each data set, as well
as information about the data processing and measurement errors are given in a
separate Data Section in each Chapter.
2.1.1 Ocean bathymetry
As part of this thesis, I compiled consistent maps of global ocean bathymetry, up-
per and lower ice surface topographies, and global surface height, i.e., the global
RTopo-2 data set, which will be introduced in detail in Chapter 3. Most relevant,
to achieve a good representation of the Northeast Greenland (NEG) continental
shelf, I used the regional digital bathymetric model (DBM) for the NEG con-
tinental shelf (hereafter NEG DBM) recently presented by Arndt et al. (2015).
The NEG DBM relies mainly on multibeam and single-beam echo sounder data
from more than 50 cruises carried out on the NEG continental shelf between 1985
and 2014 (Figure 2.1).
A multibeam echo sounder system sends out an array of sound pulses in a fan
shape from a transducer beneath a ship’s hull. The acoustic pulses are reflected
at the seabed and return to the receiver beneath the ship producing a swath of
depth information. The water depth is determined by the two-way travel time
and the receive angle of the acoustic pulses (given the speed of sound in water).
Single-beam echo sounders send out only one sound pulse at a time. Thus, only
the depth directly under the ship is recorded.
In summer 2016, a bathymetric survey has been carried out on the NEG con-
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Figure 2.1: Map showing the bathymetric source data available on the NEG conti-
nental shelf. Highlighted in black are the locations where bathymetric data has been
measured between 1985 and 2014 based on Arndt et al. (2015) and used for RTopo-2.0.1
(see text). The red line marks the cruise track of R/V Polarstern cruise PS100 carried
out in summer 2016. Along the cruise track multibeam data has been recorded. Red
points mark the positions of additional depth information obtained in summer 2016
close to ZI by lowering a temperature-depth logger from the sea ice. Marked are the
locations of the three outlet glaciers of the NEGIS. Land is grey shaded, grounded and
floating ice are white shaded. The map relies on RTopo-2.0.2.
tinental shelf and in front of the 79 North Glacier (Figure 2.1) as part of R/V
Polarstern cruise PS100 (Kanzow , 2017). The processed multibeam data (Kan-
zow , 2017) and single depth measurements collected via a lowered temperature-
depth logger close to ZI have been added to the NEG DBM by Jan Erik Arndt
(AWI) and incorporated into RTopo-2 by myself. Thus, since summer 2016 an
updated RTopo-2 version (hereafter RTopo-2.0.2) is available giving much more
detail of the seabed close to the 79NG calving font. In Chapters 3 and 4 the first
RTopo-2 version (hereafter RTopo-2.0.1) is used because the related manuscripts
were published before RTopo-2.0.2 has been available. In Chapters 5 and 6 maps
are based on the updated RTopo-2.0.2 data set.
2.1.2 Hydrographic measurements
Within this thesis, hydrographic measurements obtained during several research
cruises on the NEG continental shelf (Figure 2.2) are used. The hydrographic
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measurements have been conducted with ship-lowered Conductivity-Temperature-
Depth (CTD) probes. A standard CTD consists of a set of conductivity, temper-
ature, and pressure sensors attached to a CTD rosette which is lowered on a cable
down to the seafloor. Via a conducting cable data is transmitted in real time to
a computer on the ship. In addition, water bottles attached to the rosette allow
to take water samples at selected depth which are used to calibrate the sensors.
Figure 2.2: Map showing the CTD stations carried out on the NEG continental shelf.
Blue squares indicate CTD stations obtained between August 1979 and April 2016
(analysed in Chapter 4). Red squares mark the positions of CTD and temperature-
depth profiles taken in summer 2016 during R/V Polarstern cruise PS100 (analysed in
Chapter 5). The map is the same as in Figure 2.1.
In Chapter 4, a collection of all hydrographic measurements carried out on
the NEG continental shelf between August 1979 and April 2016 (Figure 2.2)
is analysed (see also Section 2.1.3). The results obtained by this study were
used in preparation of the R/V Polarstern cruise PS100 (Kanzow , 2017). The
cruise PS100 was carried out in Fram Strait and on the NEG continental shelf
(Figure 2.2) from 18 July to 6 September 2016. For the first time ship-based
measurements were conducted at the 79NG pinned calving front which will be
studied in detail in Chapter 5.
In addition, systems to collect CTD profiles not from a ship but from sea
ice/glacier ice were used (e.g., eXpendable CTD probes (XCTD)). Mayer et al.
(2000) took 14 CTD profiles through the fast-ice in front of the pinned 79NG
calving front and inside Dijmphna Sund in 1997/98. During PS100 five temper-
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ature profiles were carried out with a temperature-depth logger recording data
close to ZI (see Chapter 5). Furthermore, five XCTD/CTD profiles were taken
through a glacier rift in the 79NG floating ice tongue accessed by helicopter:
two in 2009 (Straneo et al., 2012), one in 2014 by the Norwegian Polar Institute
(NPI) Fram Strait Arctic Outflow observatory (Paul Dodd, personal communi-
cation, 2015), and two in 2016 during PS100. Another CTD profile was obtained
through a borehole drilled near 79 37’N/21 W through the 79NG floating ice
tongue in 1998 (Christoph Mayer, personal communication, 2016). Hydrographic
data from these measurements provide insights into the water characteristics in-
side the 79NG cavity which will be analysed in Chapter 6.
2.1.3 Spatial and temporal distribution of the hydrographic
data1
Figure 2.3 shows the spatial distribution of all CTD profiles that have been ob-
tained in the area of the NEG continental shelf between August 1979 and April
2016. In order to distinguish between di↵erent data sources, the data set has
been split as follows:
• Profiles taken in the period 1979–1999 are separated from profiles taken in
the period 2000–2016.
• I distinguish between the di↵erent data centres/institutes from which I ex-
tracted/that provided data: (i) the National Oceanic Data Center (NODC)
providing the World Ocean Database 2013 (WOD13; Boyer et al. (2013)),
(ii) the PANGAEA data centre providing CTD data of a number of R/V
Polarstern cruises, and (iii) the NPI Fram Strait Arctic Outflow observatory
providing CTD data from a number of R/V Lance cruises.
• Large campaigns covering the entire continental shelf are highlighted: (i) the
USCGC Westwind cruise carried out in August/September 1979 (WOD13,
first published by Newton and Piper (1981)), (ii) the USCGC Northwind
cruise carried out in August/September 1984 (WOD13, first published by
Bourke et al. (1987)), (iii) the R/V Polarstern cruise ARK IX (legs 2 and 3)
carried out from May to July 1993 (PANGAEA, published by, e.g., Bude´us
1The content of this section has been part of the Appendix in the published version of
Chapter 4 (Scha↵er et al., 2017). The text is almost identical with the version published in the
Journal of Geophysical Research: Oceans, but has been adapted to the style of this thesis (for
referencing to figures and citations, and personal pronouns).
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Figure 2.3: Map showing the positions and sources of all CTD stations obtained in
the area of the NEG continental shelf between August 1979 and April 2016. Coloured
markers indicate the data sources as marked in the legend. Shaded in grey are land
areas; thin grey lines indicate isobaths in 100 m levels for visual guidance.
and Schneider (1995)), and (iv) the R/V Lance cruise carried out in Au-
gust/September 2015 (NPI).
• Campaigns providing data in the vicinity of the 79NG main calving front
are indicated: (i) CTD and expandable CTD (XCTD) data obtained during
the M/V Arctic Sunrise cruise carried out in September 2009 by the Woods
Hole Oceanographic Institution (WHOI, published by Wilson and Straneo
(2015)), (ii) an ice-based campaign carried out July to August 1997 by the
Alfred Wegener Institute, Helmholtz Centre for Polar and Marine Research
(AWI, published by Mayer et al. (2000)), and (iii) an ice-based campaign
carried out by AWI in April 2016.
In general, the northern part of the trough system, namely Westwind Trough,
is covered more densely by CTD stations compared to the southern part of the
trough system, namely Norske Trough. No CTD profiles are available in the
intersecting region between the trough system and the main calving front of the
79NG at about 79 30’N.
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Figure 2.4: Histogram showing the number of CTD stations taken in each year be-
tween 1979 and April 2016 inside the trough system on the NEG continental shelf.
Colours indicate the respective months in which the CTD profiles were taken; note
that no data was collected between December and March. The pie chart in the inset
indicates the percentages of CTD profiles taken in each month over the whole measure-
ment period between 1979 and April 2016, respectively.
For the analyses of hydrographic data from the NEG continental shelf, I focus
on CTD profiles taken within the trough system and reaching deeper than 200 m.
Figure 2.4 gives an overview of the number of CTD profiles (fulfilling both criteria)
taken in every year between August 1979 and April 2016. There is a lack of data
from the mid-1980s to the late 1990s. With respect to the seasons, I find that
96% of all data has been taken in summer and autumn (i.e., between June and
November) (Figure 2.4, inset). While during most of the years data have been
mainly obtained between August and September, hydrographic data from 1993
were taken between May and July (Figure 2.4). During winter and spring almost
no data are available due to an extensive sea ice cover.
2.1.4 Velocity observations
In addition to hydrographic observations, current velocity data conducted from
ship-based and mooring-based measurements on the NEG continental shelf be-
tween 2014 and 2016 are analysed in this thesis (Figure 2.5). Velocity data were
acquired with one moored Acoustic Doppler Current Profiler (ADCP), and with
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Figure 2.5: Map of the NEG continental shelf with the locations of LADCP profiles
and one mooring position used in this thesis. Highlighted by blue squares are the
positions of LADCP profiles taken in September 2014 (analysed in Chapter 4). The
blue circle marks the position of a mooring deployed from 13 June 2014 to 30 August
2015 in Norske Trough (also analysed in Chapter 4). Red squares indicate the LADCP
stations obtained in summer 2016 during R/V Polarstern cruise PS100 (analysed in
Chapter 5). The map is the same as in Figure 2.1.
vessel-mounted and lowered ADCPs (VMADCP/LADCP).
In principle, current velocities are determined by an ADCP through the
Doppler e↵ect. The ADCP transmits acoustic signals at a constant frequency
into the water. The sound waves are reflected back to the instrument when hit-
ting particles (e.g., plankton) suspended in the moving water (sound scatterers).
Due to the Doppler e↵ect, particles moving away from the ADCP send back a
wave with slightly lowered frequency, while particles moving toward the ADCP
send back higher frequency waves. The Doppler shift (i.e., the di↵erence in fre-
quency between the sound waves sent out and received by the ADCP) is detected
by the ADCP hence used to calculate how fast the particle and the current that
carries the particle is moving. Because some sound waves hit particles close to
the ADCP and others further away from the ADCP, the travel time of the sound
waves is di↵erent. Therefore the ADCP can measure current speeds at many dif-
ferent depths (with equal depth intervals) over a certain depth range depending
on its operating frequency.
In Chapter 4 one LADCP section carried out across Norkse Trough in sum-
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mer 2014 and current velocities from a moored ADCP deployed at the north-
eastern end of the LADCP section between summer 2014 and 2015 are analysed
(Figure 2.5). Furthermore, LADCP measurements were conducted on the NEG
continental shelf during PS100 (Kanzow , 2017). Current velocities obtained from
LADCP profiles taken close to the 79NG (Figure 2.5) are analysed in Chapter 5.
VMADCP data obtained during PS100 were used to constrain the LADCP data.
After having briefly described all data sets, I will continue to introduce dif-
ferent methods used in this thesis.
2.2 Characteristic signature of glacial meltwa-
ters in ✓-S space
In contrast to typical river estuaries of lower latitudes, liquid freshwater enters
Greenland’s glacial fjords not at the surface but primarily at depth. The glacial
freshwater is discharged mainly by subglacial runo↵ and basal melting well below
the ocean surface. However, a glacier discharges freshwater not only in liquid but
also in solid form by calving of icebergs at the glacier calving front. Recently
it has been pointed out by Jackson and Straneo (2016) that basal melting of
icebergs may be a large contribution to the freshwater budget of some fjords.
Minor freshwater contributions discharged at the ocean surface of glacial fjords
are terrestrial runo↵ (including river runo↵ from land terminating glaciers), pre-
cipitation, and sea ice melt. In the following, the two major (liquid) freshwater
contributions for a subglacial cavity (i.e., basal meltwater and subglacial runo↵),
hereafter referred to as glacial meltwater, and their signature in ✓-S space will be
briefly introduced.
Basal Melting
At the glacier-ocean interface (i.e., along the ice base of a floating ice tongue)
freshwater is discharged into the ocean by basal melting. If ice gets in contact with
ocean waters having temperatures above the in-situ freezing point, the ice melts.
The released freshwater will mix with the ambient seawater thereby cooling and
diluting ocean waters.
In ✓-S space, water modified by basal melting can be distinguished from water
that was not in contact with the glacier based on the following approach (Jenkins ,
1999): It is assumed that the ice-seawater system is closed and that there is no
atmospheric influence on either the ice or the ocean. In addition, it is considered
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that the total mass Q is a mixture of the mass of ice (Qi) and of water (Qw), i.e.,
Q = Qi +Qw. The conservative properties of the meltwater-seawater mixture is
then simply defined by Qi and Qw and their respective properties. The cooling of
the ocean due to the contact with ice can be described by three distinct processes:
(1) the ocean conducts heat to the ice to increase the ice temperature (✓i) to the
in-situ freezing point temperature (✓f ), (2) heat is absorbed during the change
from the solid to the liquid phase, and (3) the meltwater (at ✓f ) mixes with
ambient water. Following Jenkins (1999), this leads to an e↵ective potential (ice)
temperature defined by
✓eff = ✓f|{z}
(3)
 L
cp|{z}
(2)
  ci
cp
(✓f   ✓i)| {z }
(1)
. (2.1)
where L is the latent heat of fusion for ice (334.5 kJ kg 1), and cp and ci are the
specific heat capacities of water and ice at constant pressure, respectively (3.98
and 2.1 kJ kg 1 K 1).
In case of an ice shelf-ocean system the ice-seawater temperature contrast is
large. Assuming both the floating ice and the seawater to be uniform with known
properties, the meltwater content can be derived. The conservative properties of
the meltwater-seawater mixture plot as a straight line in a ✓-S diagram, referred
to as “melting line” or “Gade line” after Gade (1979). In practice, the starting
point of the melting line is derived by the densest (typically warmest) water of
the ambient ocean and the endpoint is set by ✓eff at S = 0.
Subglacial runo↵
Subglacial runo↵ originates from freshwater formed by surface melting of the
ice sheet/glaciers that drains through a system of channels and moulins to the
ice base. Surface meltwater was found to drain to the bed of the GrIS in vari-
ous locations during summer melting (e.g., Zwally et al., 2002; Das et al., 2008;
Joughin et al., 2008). Some of the water draining through the ice sheet reaches
the grounding line of the outlet glaciers where it upwells (Chu et al., 2009). This
freshwater discharge at the grounding line is commonly referred to as subglacial
discharge or runo↵. The freshwater input by subglacial runo↵ is highly variable
in space and time (e.g., Straneo et al., 2011) and does not require latent heat
from the ocean to melt.
In addition, surface melt at a floating ice tongue glacier downstream of the
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grounding line may transit through crevasses to the ice base (e.g., Weertman,
1973; Scambos et al., 2000) and will additionally contribute to the subglacial
runo↵ flux of an ice shelf.
In this thesis, I do not distinguish between di↵erent runo↵ sources. In general,
Atlantic water modified by subglacial runo↵ is fresher than Atlantic water that
has not been in contact with subglacial runo↵. In ✓-S space the runo↵ mixing line
marks a line on which a mixture of runo↵ with ambient water (e.g., water present
in a subglacial cavity) would fall in ✓-S space. Somewhat arbitrarily, the starting
point of the runo↵ mixing line is typically chosen to be the warmest point in
✓-S space where the profiles significantly deviate from the melting line. The end
point is defined as water with zero salinity and the pressure dependent freezing
point temperature.
Subsequent mixing of the products of subglacial runo↵ and basal meltwater
will initiate a buoyant ice-shelf plume in a subglacial cavity. This will be de-
scribed in detail in Section 2.5. Furthermore, glacial meltwater contributes, e.g.,
to turbulent mixing and water mass transformation thereby modifying Atlantic
Water present in Greenland’s fjords, which will be studied in Chapter 5.
2.3 Heat, salt, and freshwater budgets for a sub-
glacial cavity
When studying glacier-ocean interaction, it is especially of interest to understand
(i) the ocean impact on the glacier through basal melting and (ii) the glacier
impact on the ocean through freshwater discharge. Important insights in these
interactions can be revealed from analysing heat, salt, and freshwater fluxes into
the subglacial cavity. Recently, Jackson and Straneo (2016) carefully established
mass, heat, and salt budgets for glacial fjord systems and presented new equations
for calculating freshwater inputs. They pointed out that basal melting cannot be
calculated (based on ocean measurements) accurately from a heat budget alone.
Instead, the salt budget is used as an additional constraint required to ensure
volume conservation. In the following, the equations introduced by Jackson and
Straneo (2016) are used and will be applied to a glacial fjord system entirely
covered by a floating ice tongue, a situation applicable to the 79NG.
To infer freshwater fluxes based on heat and salt measurements in a glacial
fjord, the heat, salt, and mass budgets for an appropriate control volume need to
be analyzed. For the case of a floating ice tongue, the control volume is considered
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to cover the ocean water inside the subglacial cavity (Figure 2.6). The control
volume is bounded by (i) the ice base of the floating ice tongue on top, (ii) the
sidewalls and bottom of the fjord, and (iii) the cross-section at the seaward end
(i.e., below the calving front) as illustrated in Figure 2.6. It is assumed that ocean
measurements are carried out in the direct vicinity of the calving front and thus
that there is no transfer of heat, salt, and mass through the ocean surface. In
addition, any transfer through the glacier tongue, the sidewalls, and the bottom
of the fjord is neglected.
Figure 2.6: Schematic of terms in the mass, heat, and salt budgets for a control
volume VC (marked by the grey dashed box) containing all liquid water in a subglacial
cavity. Black terms are the mass budget, red terms are the heat budget, and blue terms
are the salt budget.
Mass budget
There are two primary components of freshwater that are discharged into the
subglacial cavity: subglacial runo↵ (QR) entering at the (pressure dependent)
freezing temperature of freshwater (✓R), and basal meltwater (QMW ) entering
at the in-situ freezing temperature which is in contact with ice (✓MW ). These
freshwater volume fluxes will be balanced by a volume flux through the cross-
section (Ax) (Figure 2.6). The mass budget for the liquid water in the control
volume (Vc) of the subglacial cavity is then given by:Z
Ax
udA+QR +QMW =
@VC
@t
(2.2)
where u is the (along-fjord) velocity perpendicular to the cross-section Ax and
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@VC/@t reflects changes in the size of VC from variations in the grounding line
and/or calving front position and from a thickening/thinning of the ice tongue.
Variations in density are neglected in the mass budget by using the Boussinesq
approximation. By convention, positive velocity and volume fluxes are directed
into the control volume. If furthermore changes in the size of the control volume
are neglected (i.e., @VC/@t=0), the mass budget for a generic subglacial cavity isZ
Ax
udA+QR +QMW = 0. (2.3)
Heat budget
The general form for an ocean heat budget includes the advective heat flux
through all boundaries (Ha) which is balanced by a change in the heat con-
tent of the control volume (HStorage), and turbulent, conductive, and/or radiative
heat fluxes through the boundaries of the control volume (Hf ). Accordingly, for
an incompressible fluid the heat conservation equation is given by
⇢0cp
I
✓u · dA| {z }
Ha
= ⇢0cp
@
@t
Z
VC
✓dV| {z }
HStorage
+Hf , (2.4)
where ⇢0 is the density of seawater, cp is the heat capacity of seawater, ✓ is the
potential temperature, and u · dA is the transport through the cross-section Ax.
Both heat capacity and density are treated as constants.
Considering a subglacial cavity, Hf includes the total heat extracted from the
ocean to warm/melt ice (HMelting) only, which is positive if VC loses heat. It is
given in terms of the basal meltwater flux QMW by
HMelting = ⇢0QMW [ci(✓MW   ✓i) + L] = ⇢0QMWLadj, (2.5)
where L is the latent heat to melt ice, ci is the heat capacity of ice, and ✓i is
the ice temperature. Accordingly, the adjusted latent heat Ladj includes both the
heat required to raise the ice to the melting temperature and the latent heat to
melt ice.
In a subglacial cavity, the advective heat fluxes through all boundaries (Ha)
include heat transports from runo↵ (HaR), basal melting (H
a
MW ), and transports
through the cross-section at the cavity mouth (Hax) (Figure 2.6). Horizontal
turbulent fluxes across Ax are assumed to be resolved by the advective component.
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Since the control volume is vertically bounded by the floating ice tongue and the
seafloor, vertical turbulent fluxes are not included in the budget. In total, the
heat budget for a subglacial cavity becomes
⇢0cp
Z
Ax
u✓dA| {z }
Hax
+ ⇢0cpQR✓R| {z }
HaR
+ ⇢0cpQMW ✓MW| {z }
HaMW
= ⇢0cp
Z
VC
@✓
@t
dV| {z }
HStorage
+ ⇢0QMWLadj| {z }
HMelting
,(2.6)
where again @VC/@t = 0 was assumed.
Salt budget
Subglacial runo↵ and basal melting are mass fluxes of zero salinity. Thus, the
salt budget (assuming @VC/@t = 0) is simply given by the balance between the
advective salinity transport through the cross-section at the cavity mouth and
the changes in salt storage:Z
Ax
uSdA| {z }
Fax
=
Z
VC
@S
@t
dV| {z }
FStorage
. (2.7)
Estimating freshwater fluxes from ocean observations
To calculate the budget terms given in Equations (2.3), (2.6), and (2.7) based
on ocean observations, Jackson and Straneo (2016) further applied two common
methods: First, time averaging over a timescale ⌧ is used to separate high fre-
quency motion from the residual exchange, but also to reduce the impact of tran-
sient changes in heat/salt storage. Second, the barotropic component is separated
from the baroclinic component of the flow. To address these issues, the velocity
at Ax is decomposed into a time and spatially averaged field u0, a time averaged
and spatially varying field u1, and the time and spatially varying residual u2 such
that u = u0 + u1 + u2 with
0. MEAN BAROTROPIC: u0(t) =
1
Ax
Z
Ax
udA,
1. MEAN EXCHANGE: u1(y, z, t) = u(y, z, t)  u0(t),
2. FLUCTUATING: u2(y, z, t) = uy,z,t   u1(y, z, t)  u0(t),
where the overbar indicates a temporal running mean over ⌧ . Same decomposi-
tions can be applied to temperature and salinity fields (see Jackson and Straneo
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(2016) for more details). Based on this Jackson and Straneo (2016) introduced
time-averaged budgets using the decomposed transports for a glacial fjord system:
MASS: u0Ax| {z }
 QFW
+QR +QMW| {z }
QFW
= 0, (2.8)
HEAT: ⇢0cpu0✓0Ax| {z }
H0
+ ⇢0cp
Z
Ax
u1✓1dA| {z }
H1
+ ⇢0cp
Z
Ax
u2✓2dA| {z }
H2
+ ⇢0cpQR✓R| {z }
HR
+ ⇢0cpQMW ✓MW| {z }
HMW
= ⇢0cp
Z
VC
@✓
@t
dV| {z }
HStorage
+ ⇢0LadjQMW| {z }
HMelting
, (2.9)
SALT: u0S0Ax| {z }
F0
+
Z
Ax
u1S1dA| {z }
F1
+
Z
Ax
u2S2dA| {z }
F2
=
Z
VC
@S
@t
dV| {z }
FStorage
, (2.10)
where QFW = QR + QMW is the total freshwater input. The superscripts “a”
(denoting “advective”) have been dropped.
Following Jackson and Straneo (2016), a reference temperature ✓ref is sub-
stracted from the heat budget in Equation 2.9. The integrated transport over all
boundaries (i.e., H1 and H2) is independent of ✓ref (Montgomery , 1961). How-
ever, all terms associated with nonzero mass fluxes, i.e., H0, HR, and HMW , will
change as a function of ✓ref . The three terms that depend on ✓ref can be consid-
ered as the barotropic heat fluxes across Ax, the ocean-ice boundary, and across
the openings of runo↵ channels, respectively, and sum to H
tot
0 :
H
tot
0 = H0 +HR +HMW
= ⇢0cpu0(✓0   ✓r)Ax + ⇢0cpu0QR(✓R   ✓r) + ⇢0cpu0QMW (✓MW   ✓r)
= ⇢0cpu0QR(✓R   ✓0) + ⇢0cpu0QMW (✓MW   ✓0), (2.11)
using mass conservation (Equation 2.8).
Typically in the field, the aim is to infer fluxes of basal meltwater and sub-
glacial runo↵ from ocean observations (i.e., velocity, temperature and salinity)
taken at the cross-section along the cavity mouth. If one assumes that ocean
observations exist here but none of the glacial inputs is known, the three budget
equations (Equations 2.8-2.10) include at least three unknowns, i.e., QR, QMW ,
and u0 (Jackson and Straneo, 2016).
Jackson and Straneo (2016) combined the time-averaged mass, heat, and salt
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budget Equations (2.8)-(2.10) and solved these for QR, QMW , and u0. Applied to
a subglacial cavity system (instead of a glacial fjord system), the time-averaged
salt budget can be solved for u0 or QFW by
QFW =  u0Ax =
1
S0
( F1|{z}
exchange
transport
+F2|{z}
fluctuating
transport
 F Storage| {z }
salt
storage
). (2.12)
In steady state the last two terms will drop out. Rewriting u0 in terms of QFW
and using the relation QR + QMW = QFW , and Equation 2.11, the heat budget
Equation 2.9 can be solved for the meltwater flux (in terms of QFW ) by:
QMW =
1
 
[⇢0cpQFW (✓R   ✓0) + H1|{z}
exchange
transport
+ H2|{z}
fluctuating
transport
 HStorage| {z }
heat
storage
], (2.13)
where   = ⇢0Ladj   ⇢0cp(✓MW   ✓R). The runo↵ flux is simply given by the
di↵erence of the total freshwater und the basal meltwater:
QR = QFW  QMW . (2.14)
The equations above will be used to determine freshwater fluxes and make an
estimate on average melt rates along the ice base of the 79NG in Chapter 5.
2.4 Transport estimates of hydraulically controlled
flows
Hydraulic control means that the volume transport though a strait is constrained
by the geometry of the strait itself. In case of hydraulic control, the flow in the
strait is su ciently large, that no information (waves) can be transferred from
a downstream to an upstream basin (e.g., Pratt , 2004, and references therein).
Consequently the flow through the strait is controlled by the upstream basin only.
A simple model of a hydraulically driven flow in a rotating strait relies on a
1 1/2–layer approximation assuming that the lower active layer is located beneath
a quiescent layer (Figure 2.7b). The two layers are separated by an interface
z = h(x, y). The density of the motionless top layer is ⇢, that of the dense bottom
layer is ⇢+ ⇢. It is assumed that the mean flow through the strait in the lower
layer is free of horizontal shear, and has a mean velocity u. Furthermore, friction
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is small (i.e., the current is independent of depth in the lower layer), the flow is
unforced (except for the resupply of ⇢+ ⇢ water in the upstream basin), and the
channel is rectangular, of constant width and aligned in the x-direction. Assuming
the along-channel velocity u to be much greater than the cross-channel velocity
v (because the sill width is small in proportion to its length), v is neglected.
The speed of long baroclinic gravity waves propagating against the mean flow
would be u  (g0h)1/2. Here u, g0, and h are the flow velocity, the reduced gravity
(g0 = g ⇢⇢0 ), and the height of the water column, respectively (Figure 2.7b). The
ratio of the mean flow velocity (u) to the speed of long gravity waves (
p
g0h) is
described by the Froude number (F). For F = u/(g0h)1/2 > 1, the flow would
be supercritical (Figure 2.7b), if F < 1 the flow is subcritical. At a ’control’
point at the sill, the flow passes through a subcritical-to-supercritical transition
(Figure 2.7b). Long-wave propagation in the upstream direction is only possible
when the flow is subcritical, i.e., upstream the control point. Downstream of the
sill the flow gets in a supercritical state in which long-wave propagation is only
possible in the downstream direction. Thus, any information generated in the
downstream basin is blocked and cannot influence conditions in the upstream
basin. This upstream/downstream asymmetry is manifested by the spillage of
water across the sill (Figure 2.7b). Typically, abyssal overflows (e.g., in Denmark
Strait (Nikolopoulos et al., 2003), in the Faroe Bank Channel (Girton et al., 2006),
and in the Vema Channel (Hogg , 1983)) have been shown to exhibit hydraulic
control. However, the dynamics may not always be as simple as in the above
described model.
In the following, the concept of predicting volume fluxes of topographically
controlled ocean flows will briefly be introduced. The described method is based
on the review by Whitehead (1998). The simplest problems of rotating hydraulic
control include the balance of three forces, i.e., Coriolis force, inertia, and pressure
gradient force. Based on these three forces, the flow in a sill region (involving
rotation) is usually calculated by using two of the following three equations: the
geostrophic equation (describing the balance of the Coriolis force with a pressure
gradient force), the conservation of potential vorticity (representing the total
vorticity of a fluid column divided by its depth), and the Bernoulli equation (the
balance between the change of momentum and pressure). In order to solve the
set of equations, a critical condition needs to be used. Whitehead et al. (1974)
proposed the simplest critical condition that the volume flux through the straight
is maximized. In the limit of an upstream basin that is infinitely deep (z = h1),
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Figure 2.7: (a) Map view sketch of a typical strait that separates two basins via a
sill region. The darkest regions are deepest, progressively lighter regions are shallower.
The basin filled with denser water is denoted by “upstream” (U) and the other “down-
stream” (D). The width of the strait is denoted by ws. Accordingly, panel (b) shows
a vertical section from the upstream into the downstream basin with a hydraulically
controlled flow transiting from subcritical to supercritical regime (F denotes Froude
numbers). The active bottom layer spilling over the sill with water of density ⇢ + ⇢
is overlain by a motionless layer with density ⇢. Both layers are separated by the in-
terface z = h(x, y). (c) The vertical section is similar to what is shown in panel (b)
but highlights the asymmetry of density contours below the bifurcation depth between
U and D, which can be defined by the respective density profiles shown in (d). The
definition of the bifurcation depth and sill depth, as well as the consequent values of
the thickness of the reservoir (hreservoir), the thickness at the sill (hsill), and  ⇢ are
marked.
the flow in the upstream basin becomes infinitely small and the potential vorticity
q = f/h1 = 0. Vorticity conservation at the sill implies
q =
f
h1|{z}
upstream basin
=
f   @u/@y
hsill| {z }
sill
= 0, (2.15)
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where hsill is the elevation of the reservoir interface above the sill. Consequently,
in the given limit, the absolute vorticity (f   @u/@y) at the sill must become
small and hsill/h1 ⌧1 (Equation 2.15; Figure 2.7b). This is referred to as the
’zero-potential vorticity’ limit (q = 0 for h = 1). In this limit, Whitehead
(1998) shows that the transport Q across a sill is given by
Q =
8<:(g0/2f)(hsill)2 ws > (2g
0hsill
f2 )
1/2,
(23)
3/2ws(g0)1/2[hsill   (w2sf 2/8g0)]3/2 otherwise,
(2.16)
where ws is the width of the strait. For non-rotating cases, i.e., when the width of
the strait is much smaller than the Rossby radius of deformation, Equation 2.16
reduces to
Q = (2/3)3/2ws(g
0)1/2(hsill)3/2. (2.17)
The Rossby radius of deformation (Ld) is given by
Ld =
p
g0hsill
f
. (2.18)
It should be noted that in practice the zero-potential vorticity may not gen-
erally apply because the approximation hsill/h1 ⌧1 fails (e.g., Pratt , 2004).
However, Borena¨s and Pratt (1994) showed that the hypothetical upstream state
of quiescent fluid in an infinitely deep basin can exist for finite, uniform poten-
tial vorticity. Alternative solutions proposed, e.g., by Gill (1977) and Killworth
(1992) assuming a uniform/non-uniform potential vorticity, respectively, predict
generally smaller transports than those computed by Equation 2.16.
Whitehead (1998) used the method described above (Equation 2.16) to pre-
dict volume fluxes at eight oceanic straits. In order to apply the theory (Equa-
tion 2.16) to observations, Whitehead (1998) showed how to determine hsill, g0,
and ws from oceanic measurements carried out upstream and downstream of a
sill region (Figures 2.7c 2.7d): By comparing at least one density profile taken in
the upstream basin with another from the downstream basin, one finds that the
density versus depth curves split apart from another at a certain depth, referred
to as “bifurcation depth” (Figure 2.7d). To determine the elevation of the reser-
voir interface above the sill (hsill), the bifurcation depth is substracted from the
sill depth (Figures 2.7c and 2.7d). Accordingly, the width of the straight (ws)
is determined at the bifurcation depth from a bathymetric chart (Figure 2.7a).
The value of  ⇢ used to compute g0 is estimated by the greatest density di↵er-
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ence between the upstream and downstream profile at or above the sill depth
(Figure 2.7d).
In comparison to flow estimates from current meter data, the topographic con-
trol predictions for eight oceanic straits from Whitehead (1998) were all greater
(with ratios ranging between 1.0 and 2.7) than the direct measurements. White-
head (1998) pointed out that both model predictions and measurements contain
a number of errors. The model is likely to overestimate the volume flux due
to various reasons: (i) zero potential vorticity calculations are known to predict
largest fluxes in comparison to other possible solutions, (ii) friction and turbu-
lent mixing are neglected in the model but would reduce a true flux, and (iii) a
rectangular bottom geometry predicts a larger flux than any other geometry. For
example, from observations in Denmark Strait Girton et al. (2001) computed an
overflow transport of 2.1–3.7 Sv. Based on a model using the actual sill geometry
and finite but constant potential vorticity Nikolopoulos et al. (2003) computed an
overflow transport for Denmark Strait of 1.3–2.5 Sv, whereas using the simplest
model (Equation 2.16) with a rectangular sill and zero potential vorticity results
in 3.8 Sv (Whitehead , 1998). While the model used by Nikolopoulos et al. (2003)
predicts overflow transports at the lower end of the observations, the model based
on Equation 2.16 predicts transports on the upper end of the observed values.
In general, following the method from Whitehead (1998) represents a simple way
to estimate an upper limit of the hydraulically controlled volume flux through
a strait. This method will be used in Section 5.5 to predict the volume flux of
warm waters into the 79NG subglacial cavity.
2.5 A one-dimensional model of an ice-shelf plume
Jenkins (1991) developed a simple one-dimensional ice-shelf plume model in or-
der to study the basal melting and freezing below the Ronne Ice Shelf in Antarc-
tica. Later, the model has been applied not only to other ice shelves but also to
marine-terminating tidewater glaciers and floating ice tongue glaciers (Jenkins ,
2011). In theory, the dynamics of a positively buoyant plume rising along the base
of an upward sloping ice shelf is similar to the dynamics of a negatively buoyant,
turbulent, descending gravity plume, i.e., to the flow of dense bottom currents
entraining ambient water from above (e.g., Smith, 1975). Based on these princi-
ples Jenkins (1991) successfully modelled the buoyant plume dynamics below an
ice shelf.
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In the ice-shelf plume model, the ocean below the ice shelf is treated as a
two-layer system (Figure 6.2). The upper layer represents a well-mixed, buoyant
plume. It is characterized by a thickness D, and depth-averaged values of ve-
locity (U), temperature (T), and salinity (S). The corresponding gravity-driven
flow along the ice base is turbulent. At its lower boundary, the turbulent plume
entrains ambient water, i.e., mass, heat, and salt are added to the plume. Am-
bient water filling up the ice shelf cavity with temperature Ta and salinity Sa
is represented by the second layer. At the upper boundary the plume interacts
with the ice shelf through a turbulent boundary layer for heat and salt. At the
interface between the ice and the ocean the water properties are defined by S0
and T0, where T0 corresponds to the in-situ freezing point temperature for salinity
S0. The rising plume is assumed to follow the ice base along a path x.
Figure 2.8: Figure adapted
from (Jenkins, 1991):
Configuration of the one-
dimensional ice-shelf plume
model showing temperature
(T) and salinity (S) profiles
through the two-layer system.
It is assumed that the flow is constrained by topography (the Earth rotation
is not considered) and the water is incompressible. Following Jenkins (1991) the
plume dynamics can be described by four ordinary di↵erential equations describ-
ing the conservation of mass, momentum, heat, and salt:
d(UD)
dx
= e˙+ m˙ (2.19)
d(U2D)
dx
=  D  ⇢ g sin⇥ KU2 (2.20)
d(TUD)
dx
= Tae˙+ Tm˙+ (T0   T ) T (2.21)
d(SUD)
dx
= Sae˙+ Sm˙+ (S0   S) S. (2.22)
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Here, e˙ and m˙ are the entrainment and melt rates respectively (describing the
volume flux across the upper and lower boundary of the plume);  ⇢ is the density
contrast between the plume and the ambient water (derived from the linearized
equation of state), g is the acceleration due to gravity; ⇥ is the slope of the
ice base; K is the drag coe cient; and  T and  S are the turbulent transfer
coe cients for heat and salt. The Boussinesq approximation is applied for the
conservation of mass (Equation 2.19), where the total transport through a cross-
section of the plume (UD) is balanced by the volume fluxes across the upper and
lower boundaries of the plume (m˙, e˙). In the momentum equation (Equation 2.20)
the first term on the right-hand-side decribes the buoyancy force, and the second
term represents the frictional drag at the ice-ocean interface being parameterized
by a simple quadratic law.
The entrainment rate is expressed as a function of plume velocity and of the
slope of the ice base by
e˙ = E0U sin⇥, (2.23)
where E0 is a dimensionless constant. The temperature and salinity at the upper
boundary (T0, S0) as well as the melt rate (m˙) are derived from the balance of
heat and salt fluxes in a thin layer along the ice-ocean interface, and a linearized
equation for freezing point temperature as a function of pressure and salinity fol-
lowing Hellmer and Olbers (1989). Herein, the heat and salt transfer coe cients
are highly dependent on the plume speed.
In the model, the plume is assumed to be initiated by a flow of meltwater
(T = Tf , S = 0) from beneath the grounded ice. Additionally, following
Hattermann (2012), it has been taken into account that the ice area widens
towards the calving front resulting in an uneven distribution of the ice shelf area
at di↵erent depths. This is described by a non-dimensional parameter of the
change in ice shelf area as function of depth (Hattermann, 2012).
Given an ice shelf geometry and ambient ocean hydrography the set of four
ordinary di↵erential equations can be solved numerically with little computational
e↵ort. In Chapter 6 the ice-shelf plume model will be applied to the 79NG to
evaluate the e↵ects of past and future changes in the hydrographic properties
observed inside the 79NG cavity on basal melting at the floating ice tongue.
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3. A global, high-resolution data
set of ice sheet topography, cav-
ity geometry, and ocean bathymetry
The continental shelves around Greenland and Antarctica form the link for the
ocean exchange between the large-scale ocean and glacial fjords/sub-ice cavities.
In order to study, e.g., an ice shelf response to oceanic changes, an accurate
geometry of the sub-ice cavity and a detailed bathymetry of the adjacent conti-
nental shelf, which steer the flux of warm waters, is required. In this Chapter,
the Refined Topography data set RTopo-2 is introduced, which aims to provide
an accurate continental shelf bathymetry around Greenland and a consistent rep-
resentation of the Greenland and Antarctic ice sheets, ice shelves and sub-ice
cavities. The data set will be used in all following Chapters as a backbone for
the continental shelf bathymetry and 79NG cavity geometry. The content of
this Chapter has been published in the journal Earth System Science Data by
Scha↵er et al. (2016) under the title A global, high-resolution data set of ice sheet
topography, cavity geometry, and ocean bathymetry 1.
1R. Timmermann and myself were lead authors on this work. R. Timmermann (South-
ern hemisphere) and myself (Northern hemisphere) designed the merging strategies and pro-
cessed the RTopo-2 data sets. J. E. Arndt and M. Morlighem provided the latest versions of
bathymetry and ice thickness maps for Greenland and the continental shelf in its vicinity. S. S.
Kristensen, C. Mayer and D. Steinhage provided pre-processed ice thickness data for the 79NG.
I wrote substantial parts of the paper and prepared the manuscript with contributions from
all co-authors. I generated all plots except for Figure 3.6, which is the work of R. Timmer-
mann. The text of this Chapter is identical with the published version, except for referencing
to figures, equations, tables, and citations. The abstract has been retained. Please excuse any
inconsistencies with the other chapters of this thesis originating from the layout of the original
publication, including di↵erences in spelling and acronyms.
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Abstract The ocean plays an important role in modulating the mass balance of the
polar ice sheets by interacting with the ice shelves in Antarctica and with the marine-
terminating outlet glaciers in Greenland. Given that the flux of warm water onto the
continental shelf and into the sub-ice cavities is steered by complex bathymetry, a de-
tailed topography data set is an essential ingredient for models that address ice-ocean
interaction. We followed the spirit of the global RTopo-1 data set and compiled con-
sistent maps of global ocean bathymetry, upper and lower ice surface topographies and
global surface height on a spherical grid with now 30-arc-seconds grid spacing. For this
new data set, called RTopo-2, we used the General Bathymetric Chart of the Oceans
(GEBCO 2014) as the backbone and added the International Bathymetric Chart of
the Arctic Ocean version 3 (IBCAOv3) and the International Bathymetric Chart of the
Southern Ocean (IBCSO) version 1. While RTopo-1 primarily aimed at a good and con-
sistent representation of the Antarctic ice sheet, ice shelves and sub-ice cavities, RTopo-
2 now also contains ice topographies of the Greenland ice sheet and outlet glaciers. In
particular, we aimed at a good representation of the fjord and shelf bathymetry sur-
rounding the Greenland continent. We modified data from earlier gridded products in
the areas of Petermann Glacier, Hagen Bræ and Sermilik Fjord assuming that sub-ice
and fjord bathymetries roughly follow plausible Last Glacial Maximum ice flow pat-
terns. For the continental shelf o↵ Northeast Greenland and the floating ice tongue of
Nioghalvfjerdsfjorden Glacier at about 79 N, we incorporated a high-resolution digital
bathymetry model considering original multibeam survey data for the region. Radar
data for surface topographies of the floating ice tongues of Nioghalvfjerdsfjorden Glacier
and Zachariæ Isstrøm have been obtained from the data centres of Technical University
of Denmark (DTU), Operation Icebridge (NASA/NSF) and Alfred Wegener Institute
(AWI). For the Antarctic ice sheet/ice shelves, RTopo-2 largely relies on the Bedmap-2
product but applies corrections for the geometry of Getz, Abbot and Fimbul ice shelf
cavities. The data set is available in full and in regional subsets in NetCDF format
from the PANGAEA database at doi:10.1594/PANGAEA.856844.
3.1 Introduction
Mass loss from the Greenland ice sheet presently accounts for about 10% of the
observed global mean sea-level rise (Church et al., 2013). The ocean plays an
important role in modulating the flow of ice by delivering heat to the marine-
terminating outlet glaciers around Greenland (e.g., Seale et al., 2011; Straneo
et al., 2012). The warming and accumulation of Atlantic Water in the subpo-
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lar North Atlantic has been suggested to be the driver of the glaciers’ retreat
around the coast of Greenland (e.g., Straneo and Heimbach, 2013). The complex
bathymetry in this region is thought to steer the flux of warm water of Atlantic
origin from the open ocean onto the continental shelf towards the calving fronts
of outlet glaciers and into the cavities below floating ice tongues. One of the
key regions here is the Northeast Greenland continental shelf, where a system
of troughs supports the flux of warm water towards the floating ice tongues of
Nioghalvfjerdsfjorden Glacier (also referred to as 79 North Glacier) and Zachariæ
Isstrøm (Arndt et al. (2015),Wilson and Straneo (2015)). Recently, these glaciers
were observed to retreat and melt rapidly (Mouginot et al., 2015). In such regions
detailed bathymetry data and consistent data sets of ice topographies are essential
ingredients for studying the interaction between the ocean and the cryosphere.
Around Antarctica, research into ocean-cryosphere interaction has been an
established field of science for several decades. Many aspects of water mass
modification in the Southern Ocean’s marginal seas can only be understood if
the fluxes of heat and freshwater at the base of the ice shelves surrounding the
Antarctic continent are considered (e.g., Foldvik et al., 1985). Scientific interest
has increased further with growing evidence that mass loss from the Antarctic
Ice Sheet is accelerating (e.g., McMillan et al., 2014) and driven by enhanced
ice shelf basal melting (Pritchard et al., 2012). There again, a well-constrained
rendition of ocean bathymetry and cavity geometry is key to a successful analysis
of field data and to a realistic representation of the relevant processes in numerical
models.
The Refined Topography data set (RTopo-1; Timmermann et al., 2010) pro-
vides consistent maps of the global ocean bathymetry and the upper and lower ice
surface topographies of the Antarctic ice sheet and shelves. Horizontal grid spac-
ing of these maps is 1-arc-minute. Based on RTopo-1, ocean general circulation
models have successfully been used to simulate, e.g., Southern Ocean warming and
increased ice shelf basal melting around Antarctica (Timmermann and Hellmer ,
2013; Kusahara and Hasumi , 2013), the flow of Circumpolar Deep Water onto
the Amundsen Sea continental shelf (Assmann et al., 2013; Nakayama et al.,
2014a), and pathways of basal meltwater from Antarctic ice shelves (Kusahara
and Hasumi , 2014; Nakayama et al., 2014b). Parts of RTopo-1 were used to com-
pile improved maps of bedrock and ice topographies for Antarctica in Bedmap2
(Fretwell et al., 2013). The Greenland ice sheet, however, has remained a blank
area in RTopo-1.
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Figure 3.1: Sketch of a 2D vertical section along a floating glacier tongue/ice shelf
with grounded and floating ice (white), sub-ice bedrock/ocean seafloor (brown), and
water in a subglacial cavity and the open ocean (blue). Lines indicate the bedrock
topography (brown), the surface elevation (dark blue), and the ice base topography
(black).
The aim of this paper is to present the newly compiled global topography
data set RTopo-2, which provides a detailed bathymetry for the continental shelf
around Greenland and contains ice and bedrock surface topographies for Green-
land and Antarctica as part of a global, self-consistent data set with a horizontal
grid spacing of 30-arc-seconds. In the following sections, we introduce the data
used, the processing applied to each data set and the strategies followed for
merging the data sets in a self-consistent way. We demonstrate the improve-
ments achieved in RTopo-2 compared to previous products and discuss the most
relevant caveats.
3.2 Data sets and processing
3.2.1 Overview of RTopo-2 maps
We followed the spirit of RTopo-1 and compiled global fields for
1. bedrock topography (ocean bathymetry, surface topography of continents,
bedrock topography under grounded or floating ice);
2. surface elevation (upper ice surface height for Antarctic and Greenland ice
sheets/ice shelves, bedrock elevation for ice-free continent, zero for ocean);
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3. ice base topography for the Antarctic and Greenland ice sheets/ice shelves
(ice draft for ice shelves and floating glaciers, zero in absence of ice);
4. a surface type mask that indicates open ocean, grounded ice (ice sheets),
floating ice (ice shelves/floating glaciers), and bare land surface;
5. positions of coastlines and ice shelf/floating glacier front lines.
The bedrock topography is identical to the surface elevation for ice-free land
surface, and identical to the ice base topography for grounded ice (Figure 3.1).
Ice not connected to the Greenland or Antarctic ice sheet is not covered in our
data set. Glaciers on subantarctic and Greenland islands are thus labelled as
bare land surface with the surface elevation preserved. In contrast to RTopo-1,
we now provide all maps with a horizontal grid spacing of 30-arc-seconds.
3.2.2 Data sources and merging procedure
RTopo-2 has been compiled by combining various gridded data sets (Table 3.1)
with di↵erent grid spacings, projections, and coverages (Figure 3.2) into global
maps. For data handling, interpolation, and blending we developed a command
script written in Interactive Data Language (IDL). Using a global bathymetry
data set (see below for details) as a backbone, regional grids have been created
from various source data sets and subsequently merged into the existing fields.
Interpolation from di↵erent projections to our geographic grid was based on De-
launay triangulation and subsequent linear interpolation. The regional “patches”
have been blended into the existing fields using weight functions that - depending
on the distance from the boundaries of the regional grids - vary between 0 and
1 and ensure a smooth transition between the two data sets without smoothing
the topographies. As weight functions we used hyperbolic tangent functions with
empirically derived length scales that have been cut o↵ below values of 0.05 and
above 0.95 to avoid overly long tails. This approach yields good results only when
the two grids to be merged do not di↵er too strongly in the area of overlap, but
with the data sets used here it was always possible to choose the location and
width of the transition zone in a way that ensured a smooth blending.
For each of the newly incorporated regional grids, we had to ensure or enforce
consistency with the existing topographies. The necessity for this step is quite
obvious when independent data sets are combined; interpolation of discontinuous
fields (an obvious example here is the discontinuity at ice shelf fronts) is another
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Figure 3.2: Data sources for the ocean bathymetry in RTopo-2. Black areas denote
transition zones between the data sets (source flag 20). Further explanations are given
in Table 3.1.
source for the creation of local inconsistencies that need to be cured. For RTopo-2,
the term consistency implies that
• ice thickness > 0 in the ice-covered region (with ice thickness = surface
height minus lower ice topography);
• water column thickness > 0 in the open ocean and sub-ice cavities (with
water column thickness = lower ice topography minus bedrock topography);
• water column thickness is zero, i.e., lower ice and bedrock topographies are
identical, for grounded ice;
• lower ice topography is negative (below sea level) and surface height is
positive (above sea level) for ice shelves;
• ice draft and thickness are zero outside ice-covered regions;
• bedrock topography is below sea level in the ocean;
• there are no enclosed gaps (‘holes’) in the ice sheet / ice shelves other than
those associated with rock outcrops;
• there are no water areas south of the coastline of Antarctica.
These points may all seem trivial, but they are in fact not universally ensured in
the gridded data sets available to date. Note that the surface type mask plays a
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Table 3.1: Data sources for individual regions merged in RTopo-2. The index
numbers correspond to the source flags in Figure 3.2.
Region Data obtained from
1. World Ocean bathymetry GEBCO 2014
(Weatherall et al., 2015)
2. Southern Ocean bathymetry IBCSO (Arndt et al., 2013)
3. Arctic Ocean bathymetry IBCAOv3 (Jakobsson et al., 2012)
4. Antarctic ice sheet/shelf Bedmap2 (Fretwell et al., 2013)
surface height and thickness
and bedrock topography
5. Greenland ice sheet/glacier Morlighem et al. (2014) (M-2014)
surface height and thickness
and bedrock topography
6. Fjord and shelf bathymetry Bamber et al. (2013) (B-2013)
close to the Greenland coast
7. Bathymetry on Northeast Arndt et al. (2015) (NEG DBM)
Greenland continental shelf
8. Bathymetry in several narrow artificial, see Merging strategy and
Greenland fjords and on parts Data corrections in Section 3.2.3
of the Greenland continental shelf for details
9. Bathymetry for Getz and ALBMAP (Le Brocq et al., 2010)
western Abbot Ice Shelf cavities
10. Bathymetry for Fimbulisen cavity Nøst (2004), Smedsrud et al. (2006)
11. Ice thickness for DTU (Seroussi et al., 2011),
Nioghalvfjerdsfjorden Glacier Operation Icebridge
and Zachariæ Isstrøm (Allen et al., 2010, updated 2015),
Alfred Wegener Institute (AWI),
and Mayer et al. (2000)
12. Contour of iceberg A-23A in Paul et al. (2015)
Weddell Sea
key role in our algorithm; instead of being a merely diagnostic property, the sur-
face type determines the conditions to which consistency is enforced. Choices that
needed to be made include deciding which of the topographies should be trusted
more, e.g., whether bedrock from one source or lower ice topography from another
source is more reliable. These decisions were not always straightforward and are
somewhat subjective; we give some of the reasoning in the sections discussing
specific regional data sets below. In general, consistency and continuity have
been valued higher than an exact rendition of the source data sets in RTopo-2.
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3.2.3 Bedrock and bathymetry data sets
World Ocean bathymetry
As the nucleus of RTopo-2 we used an updated version of the General Bathy-
metric Chart of the Oceans (GEBCO) 30-arc-second data set (Becker et al.,
2009), namely the GEBCO 2014 (20150318) grid that was released in March
2015 (Weatherall et al., 2015). The global grid of seafloor elevations is based
on quality-controlled ship depth soundings. In between soundings the interpola-
tion was guided by satellite-derived gravity data (Sandwell and Smith, 2009). In
some areas, GEBCO 2014 furthermore uses information from regional undersea
mapping projects (see next section).
Southern and Arctic Ocean bathymetries
GEBCO 2014 includes the International Bathymetric Chart of the Southern Ocean
(IBCSO) Version 1.0 (Arndt et al., 2013) south of 60 S and the latest version of
the International Bathymetric Chart of the Arctic Ocean (IBCAOv3) (Jakobs-
son et al., 2012) north of 64 N. Ice sheets, floating ice shelves and glaciers in
GEBCO 2014 are represented by their surface elevation, which in the case of the
Antarctic ice sheet has been adopted from the IBCSO ’ice surface’ grid. Given
that we aim at a continuous representation of the sub-ice cavities as part of the
global ocean, we replaced the GEBCO 2014 data by the IBCSO ’bedrock topog-
raphy’ grid south of 61.5 (Figure 3.2). Towards the Arctic Ocean, we re-combined
GEBCO 2014 with IBCAOv3 (Figure 3.2) in order to keep the high-resolution
information from multibeam surveys o↵ the southern tip of Greenland (south of
64 N) that are included in IBCAOv3 (Jakobsson et al., 2012) but have not been
adopted in GEBCO 2014. Both digital bathymetry products, IBCAOv3 and
IBCSO, have a horizontal grid spacing of 500 m x 500 m and were constructed
from a combination of all multibeam, dense single beam and land surface height
data available for these regions. We achieved a smooth blending by hyperbolic
tangent functions with 50 km/20 km length scale along the transition lines be-
tween GEBCO 2014 and IBCSO/IBCAOv3, respectively.
Ocean bathymetry in Greenland fjords and continental shelf regions
The bathymetry of the continental shelf along the Greenland coast is crucial to
ice-ocean studies in this region and thus there is a rising interest in a good repre-
sentation of these areas. Nevertheless, away from the commonly used ship routes
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and especially in ice-covered areas, the depth of the sea floor is only weakly con-
strained. Data coverage maps of IBCAOv3 show that many shelf and fjord areas
around the coast of Greenland are not covered by soundings (Jakobsson et al.,
2012). To achieve a more detailed representation of Greenland continental shelf
bathymetry, we included additional data sources (Table 3.1).
B-2013: Bedrock topography from Bamber et al. (2013)
Based on surface elevation maps from the Greenland Iceland Mapping Project
(GIMP, Howat et al. (2014)) and ice thickness data from multiple airborne sur-
veys between 1970 to 2012, Bamber et al. (2013) compiled a data set of ice thick-
ness and bedrock elevation on and around Greenland (B-2013). Using the ocean
bathymetry from IBCAOv3 and with plausible assumptions for historic glacier ice
flow pathways, the bottom topography was modified in several places to achieve
a better representation of the fjord structures and of the troughs that connect the
fjords to the continental shelf break. While this was clearly an important step
towards a better representation of the relevant processes in models, the B-2013
data set has three major weaknesses. First, lines of very steep gradients still
indicate an unrealistic bedrock topography where the fjord’s bathymetry was in-
terpolated/extrapolated across the continental shelf (e.g., Figure 3.3b). Second,
many of the smaller fjords are not resolved due to the 1 km grid spacing of the
data set. Lastly, the di↵erent maps in this data set are not fully consistent with
each other: combining surface elevation and ice thickness maps yields an ice bot-
tom topography that is not identical to the bedrock topography grid provided for
grounded ice areas.
M-2014: Bedrock topography from Morlighem et al. (2014)
In addition to the airborne ice thickness survey data and the surface elevation
obtained from GIMP (Howat et al., 2014), the Morlighem et al. (2014) (M-2014)
data set also considers satellite-derived ice motion data and applies a mass con-
servation scheme to derive an ice thickness distribution of the Greenland ice sheet
that is consistent with the observed flow lines. Like in B-2013, the bedrock ele-
vation was calculated by subtracting the ice thickness from the surface elevation.
While the resulting topography data set in M-2014 does not contain any informa-
tion for ocean areas, it still provides very useful guidance for fjord structure and
topography. The distribution of grounded/floating ice and bare land in M-2014
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Figure 3.3: Coastal and shelf region in the west of Greenland, including Jakobshavn
Isbræ. Maps show the ocean bathymetry/surface elevation in IBCAOv3 (a), ocean
bathymetry/bedrock elevation in B-2013 (b), ocean bathymetry/bedrock elevation in
RTopo-2 (c), and the data sources for RTopo-2 (d). The colour scale is identical for all
bathymetry maps. White shading indicates grounded ice and floating ice tongues; black
lines mark the coastline. The colour flags of the di↵erent data sources are identical to
Figure 3.2.
follows the GIMP coastline and thus represents even the smaller fjords with a
lot of detail. Morlighem et al. (2014, suppl.) showed that many ice-covered and
open-ocean fjords are not resolved in the Bamber et al. (2013) data set. We used
the land/sea/ice mask from M-2014 as the most important criterion for merging
the di↵erent bathymetry data sets and applying modifications to the data around
Greenland.
Merging strategy
To benefit from the best parts of each data set, we used
• the bedrock elevation from M-2014 for all locations with grounded ice (see
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below),
• the bedrock elevation from B-2013 within the fjords and in a narrow band
of about 25 km width along the Greenland coast, and
• the bathymetry from IBCAOv3 further away from the coast, with transition
zones of 10 km width.
Consequently, the large areas of continental shelf around Greenland are mainly
determined by IBCAOv3 data while the fjord topographies are given by the B-
2013 bedrock (e.g., Figure 3.3d).
Before merging the B-2013 bathymetry with the M-2014 bedrock elevation,
we smoothed the B-2013 data set by using an unweighted moving average with a
1 km footprint. Smoothing was necessary to avoid artefacts arising from di↵ering
grid spacings and/or from steep unrealistic gradients in the B-2013 bedrock (see
above). In regions where the GIMP coastline demands ocean but B-2013 gives
land values, we prescribed small patches with negative topography values (source
flag 8, e.g., Figure 3.3d). The depth of these artificial points was chosen to be
10 m for grid points right next to land and 100 m for grid points along the centre
of the fjords. These small patches of artificial values were smoothed with their
surroundings (using a moving average with 1 km smoothing radius) to obtain
plausible shapes of bedrock topography (e.g., Figure 3.3c).
Data modifications
Three sectors turned out to be particularly di cult to handle:
1. the region around Petermann and Ryder glaciers (North Greenland),
2. the North Greenland fjords system o↵ Hagen Bræ and Marie Sophie and
Academy glaciers, and
3. the Sermilik Fjord in front of Helheim, Fenris and Midgaard glaciers, and
Køge Bugt (Southeast Greenland).
Observations at the front of Petermann Glacier’s floating ice tongue imply that
the subglacial fjord is about 900 m deep (Johnson et al., 2011) as opposed to
about 400 m in B-2013. The observations cover only a small area at the glacier
front; no information for the subglacial bathymetry towards the grounding line
of the floating ice tongue is available. We deepened the centre of the trough by
prescribing a depth of 500 m, which is more likely to under- than to overestimate
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Figure 3.4: Maps of the ocean bathymetry/bedrock elevation in B-2013 (a, c) and
RTopo-2 (b, d). The upper panel (a, b) shows the coastal and shelf region in the
northern sector of Greenland including the fjord system in front of Petermann Glacier
and Ryder Glacier. The lower panel (c, d) gives the coastal and shelf region in the
southeastern sector of Greenland including the Sermilik Fjord and Køge Bugt. White
shading indicates grounded ice and floating ice tongues; black lines mark the coastline.
the true depth. Subsequently we smoothed over the artificial depth values by
applying a moving average with a smoothing radius of 4 km, taking into account
the surrounding data points and the surface type mask.
Further to the east, the B-2013 representation of the continental shelf area in
front of Ryder Glacier features a very steep gradient and a deep trough close to the
coast, which appears unrealistic. We replaced some of the interpolated deep and
adjacent shallow parts with a smooth deep fjord/shelf bathymetry (Figures 3.4a
and 3.4b). In practice, we prescribed small patches with depths values of 750 m,
800 m, and 900 m. Afterwards we smoothed the bedrock elevation within these
areas by applying a moving average with a smoothing radius of 4 km. We think
that this gives a more plausible representation compared to B-2013, although it
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needs to be kept in mind that there is no observational evidence for either case.
For the fjord system in front of the Hagen Bræ, Marie Sophie, and Academy
glaciers, we defined small patches of artificial topography (with depth values
ranging between 50 and 250 m) to achieve a smooth transition between the sub-
glacial bedrock and the fjord bathymetry at the glacier fronts. We connected
the under-ice bathymetry with the ocean bathymetry following plausible Last
Glacial Maximum (LGM) ice flow patterns. The LGM ice sheet margin was ap-
proximately located at the continental shelf break in this region (Funder et al.,
2011). In addition, we smoothed the ocean bathymetry by using a moving av-
erage with a smoothing radius of 2.5 km for the fjord system to remove steep
artificial gradients arising from B-2013.
For the Sermilik Fjord o↵ Helheim Glacier and for Køge Bugt, the bathymetry
data from B-2013 show very deep troughs and steep gradients on the continen-
tal shelf (Figure 3.4c). We inserted artificial (mainly shallower) depth values in
several locations in the fjords and smoothed over the relevant part of the grid
applying a moving average with a smoothing radius of 1.5 km. The result (Fig-
ure 3.4d) is to a large extent consistent with the observations of Andresen et al.
(2012) in Sermilik Fjord.
All regions with inserted artificial values were marked with the data source
flag 8.
Bathymetry of the Northeast Greenland continental shelf
Bottom topography on the continental shelf northeast of Greenland is poorly
resolved and contains a number of artefacts in IBCAOv3. Reprocessing and com-
bining multi- and single-beam echo sounding data from more than two decades re-
sulted in a significantly improved digital bathymetry model (NEG DBM) (Arndt
et al., 2015). In addition to the echo sounding data, maximum depths from CTD
profiles were included in areas with no other available information.
We included the NEG DBM bedrock elevation in the continental shelf area
between the Greenland coast in the west and the continental shelf break (600 m
depth contour) in the east, from 75 N to about 80.5 N (Figure 3.2). The coast-
line of the mainland remains based on M-2014/GIMP, while the topography and
coastline of the islands in this area were adopted from the NEG DBM.
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3.2.4 Ice sheet topography and cavity geometry
Greenland ice and bedrock topographies
As discussed in Section 3.2.3, Morlighem et al. (2014) combined (1) the surface
elevation obtained within GIMP, (2) data from airborne ice thickness surveys,
and (3) satellite-derived ice motion data to provide high-resolution maps of ice
thickness and bedrock topography for the Greenland ice sheet. Using mass con-
servation as a constraint in the optimization, an ice thickness distribution that
is consistent with the observed flow lines was proposed. Given that ice bottom
topography was calculated by subtracting the ice thickness from the surface ele-
vation, this also a↵ects the representation of bedrock for grounded ice areas. The
M-2014 maps extend to the ice front in case of grounded ice and to the coastline
for bare land. For floating ice, the bedrock elevation extends only to the ground-
ing lines while ice thickness and surface elevation data cover the full area to the
ice front. With a horizontal grid spacing of 150 m, the data set resolves many
more fine-scale structures than the 1-km B-2013 product (Morlighem et al., 2014,
suppl.). All maps provided by the M-2014 data set are fully consistent with each
other.
We use M-2014 as the backbone representation of the Greenland ice sheet
geometry and as the basis for the ice/land/sea mask within the perimeter of the
Greenland continent. These are based on ocean and ice masks from GIMP, while
the ice shelves were added by using InSAR mapping (di↵erential satellite radar
interferometry) following Rignot et al. (2011b).
Northeast Greenland glacier topographies
Given that the floating ice tongue of Nioghalvfjerdsfjorden Glacier is one of the
very few places in the Arctic where ice and ocean interact at an ice shelf base
that covers more than just a very small area, this is a region of particular sci-
entific interest. We therefore decided to enhance the ice thickness data in this
area by using recently obtained airborne radar data as well as seismic soundings
(Mayer et al., 2000) and airborne data from 1998, (Figure 3.5). We used spheri-
cal triangulation to interpolate the ice thickness data in the area of the floating
ice tongues of Nioghalvfjerdsfjorden Glacier and Zachariæ Isstrøm to our regular
grid. The resulting ice thickness map was smoothed along the flow lines to avoid
interpolation artefacts. Compared to M-2014, the main benefit of our grid is that
it also covers the thickness of floating ice in Dijmphna Sund (Figures 3.5c and
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Figure 3.5: Ice thickness maps of the floating ice tongue of Nioghalvfjerdsfjorden
Glacier. The maps show the coverage of ice thickness measurements from radar and
seismic soundings (a), data sources used in RTopo-2 (b), and ice thicknesses in M-2014
(c), and RTopo-2 (d). Shaded in grey is land, blue shaded is the open ocean. The dark
green line in panels (a), (c) and (d) indicates the grounding line.
3.5d).
Assuming hydrostatic equilibrium we calculated the surface height (⇣) of float-
ing ice from the gridded ice thickness (H) using
⇣ = H
⇢water   ⇢ice
⇢water
(3.1)
with densities (⇢) of ⇢water = 1023 kg m 3 and ⇢ice = 917 kg m 3. The ice draft
results from ⇣  H.
We combined the newly gridded glacier topographies with the surrounding
surface height and ice draft maps with a transition zone of 2 km width. Correc-
tions needed to be applied in areas where the newly gridded ice thickness exceeded
the water depth. In regions where the surface type mask derived from M-2014
proposes the existence of floating ice, bedrock topography was corrected by ap-
plying a minimum water column thickness of 1 m. This procedure is justified by
the fact that ice thickness observations for the floating ice tongues are much more
densely spaced than the very sparse sub-ice bathymetry measurements obtained
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from seismics.
In comparison, the RTopo-2 ice thickness map derived from measurements
deviates from M-2014 mostly towards the glacier front (Figures 3.5c and 3.5d).
East of 20.5 W, the ice is up to 80 m thicker in RTopo-2. For the part of the
glacier front which extends northward into Dijmphna Sund the ice thickness in
M-2014 is only 1 m with a classification as grounded ice. In contrast, based on
the observations from, e.g., Mayer et al. (2000), RTopo-2 shows floating ice with
thicknesses up to 150 m in this area.
For the sub-ice cavity of Nioghalvfjerdsfjorden Glacier, the NEG DBM pro-
vides a bathymetry grid that has been interpolated from seismic observations of
Mayer et al. (2000). We expect the sub-ice bathymetry to roughly follow plausible
LGM ice flow stream lines (Evans et al., 2009) which we inferred from the seismic
data points. We adjusted the interpolated bathymetry accordingly to achieve a
more realistic representation of the sub-ice cavity geometry.
Antarctic ice and bedrock topographies
As discussed in Section 3.2.3, we used the bedrock topography from IBCSO Ver-
sion 1.0 (Arndt et al., 2013) (polar stereographic grid with true scale at 65  S)
for the bathymetry of the Southern Ocean, including the sub-ice shelf cavities.
In the north, a 50 km wide transition zone along 61.5  S connects the IBCSO
data to the GEBCO 2014 grid. On the Antarctic continent, bedrock topography
is derived from the Bedmap2 (Fretwell et al., 2013) data set, as are the surface
and ice bottom topographies.
Where the coastline of the Antarctic continent is formed by a transition from
grounded ice or bare land to open ocean, we join the Bedmap2 and IBCSO
topographies in a narrow band directly at the coast. Along the grounding lines of
sub-ice cavities, the transition between the IBCSO and Bedmap2 topographies is
in a roughly 8 km wide band 10 km o↵ the grounding line (i.e., within the sub-ice
cavity). In any case, a smooth transition between the IBCSO and Bedmap2 grids
is easy to ensure due to the fact that Bedmap2 bedrock topography data have
been incorporated in the generation of IBCSO. Small inconsistencies that still
arise from the interpolation (mainly due to the discontinuity of ice draft along
the ice front) were cured by enforcing grounded ice bottom topography to be
identical to bedrock topography.
Given that the IBCSO data set incorporates not only bedrock relief but also
ice surface topography from Bedmap2, it may seem better to use the IBCSO prod-
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ucts throughout Antarctica and thus avoid the stitching between the two grids
along the Antarctic continent. We decided not to follow this approach because
IBCSO does not provide information about the thickness of floating ice shelves.
Given that the compilation of RTopo-2 has been targeted towards studies of ice
dynamics and ice-ocean interaction at the interfaces between ice sheets and ocean,
we decided that discontinuities of ice thickness across the grounding lines are to
be avoided as far as possible. Therefore, ice surface and bottom topographies
for grounded and floating ice are to be adopted from one self-consistent data set,
which is possible only with Bedmap2. Similar consistency arguments apply to the
bedrock relief under grounded ice; again we decided to use the original Bedmap2
product here to avoid introducing inconsistencies.
Local corrections for Antarctic sub-ice shelf bathymetry
For Filchner-Ronne Ice Shelf and the ice streams in its catchment basin, as well as
for the ice topographies in many other regions, the benefit of a largely improved
data coverage and grid spacing in Bedmap2 is very obvious and quite substan-
tial. However, with regard to the representation of sub-ice cavity bathymetry, the
transition from RTopo-1 to Bedmap2 does not universally yield an improvement.
Although Figure 6 in Fretwell et al. (2013) indicates that sub-ice shelf bathymetry
for most of the ice shelves in Bedmap2 goes back to RTopo-1, many details of
cavity bathymetry that appear plausible and are in some cases well covered by
original data have vanished in the transition. This section reports on the local
data corrections or reconstruction procedures we applied.
Getz and Abbot ice shelves
According to Fretwell et al. (2013), sub-ice bathymetry for Getz Ice Shelf cavity
in Bedmap2 (Figure 3.6a) has been derived from the topography grid of Nitsche
et al. (2007). While this data set provides an excellent bathymetry map for the
open Amundsen Sea, it su↵ers from missing data for the sub-ice shelf cavities.
As a result, Bedmap-2 suggests a very shallow water column in large parts of the
cavity. For RTopo-2 (Figure 3.6b), we decided to go back to the submarine trough
structure that RTopo-1 inherited from ALBMAP (Le Brocq et al., 2010). Upper
and lower ice surface topographies and the surface type mask (locations of coast
and grounding line) continue to be derived from Bedmap2. A smooth transition
of sub-ice shelf bathymetry to the bedrock topography under grounded ice (from
Bedmap2) and to open-ocean bathymetry (from IBCSO) is achieved using tanh
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Figure 3.6: Bathymetry for Getz Ice Shelf cavity and its surrounding in Bedmap2
(a) and the merged bathymetry in RTopo-2 (b). (c) Indication of data sources for
the RTopo-2 bathymetry grid, with colours corresponding to the global source map
in Figure 3.2. (d) Water column thickness obtained from RTopo-2 ice shelf draft and
bathymetry.
functions in blending zones of ⇡ 15 km width (Figure 3.6c). As a result, water
column thickness in the sub-ice cavity (Figure 3.6d) features continuous troughs
extending from the open-ocean continental shelf across the ice front towards the
grounding line. The high basal melt rates suggested for Getz Ice Shelf (e.g., De-
poorter et al. (2013)) makes the existence of such transport pathways for warm
water seem plausible. A strict evaluation, however, is made very di cult by the
lack of sub-ice bathymetry data, and there is no proof that the structures we
suggest are correct.
A similar case can be made for Abbot Ice Shelf. For the eastern part of Ab-
bot Ice Shelf, sub-ice bathymetry in Bedmap2 is derived from the Graham et al.
(2011) data set, which incorporates ALBMAP bedrock topography in the sub-ice
cavity. For the western part of the Abbot Ice Shelf, however, Bedmap2 utilizes
the bathymetry map of Nitsche et al. (2007), which again leads to a very small
water column thickness with virtually no connection to the open ocean in this
sector of the ice shelf. We decided to restore the structure of a sub-ice trough
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connected to the eastern Amundsen Sea from ALBMAP for the Abbot Ice Shelf
cavity west of 98  W. Also here, it should be kept in mind that bathymetry under
this ice shelf is only weakly constrained.
Larsen C Ice Shelf
For Larsen C Ice Shelf cavity, Figure 6 in Fretwell et al. (2013) indicates that
bedrock topography was derived from RTopo-1. On a closer look, however, sub-
stantial di↵erences between Bedmap2 and RTopo-1 can be seen in this area.
Specifically, many of the deep troughs that had been inferred from ice draft at
the grounding line in RTopo-1 have been removed (or are far less pronounced)
in Bedmap2. Revisiting all the data sets in question here, we found that the
RTopo-1 ice and bedrock topographies along the southern part of Larsen C
grounding line imply an ice thickness maximum to be found not within the ice
streams feeding the ice shelf but shortly downstream from where the ice comes
afloat. This pattern is most obvious for the ice stream between the Joerg and
Kenyon peninsulas in the southwestern corner of Larsen C Ice Shelf and not
likely to be a good approximation to reality. Given that it can be safely assumed
that the ice topographies in Bedmap2 are more reliable than the combination of
data sets used in RTopo-1, we conclude that there is no su cient evidence for
the existence of the deep throughs suggested near the Larsen C grounding line
in RTopo-1. RTopo-2 thus simply adopts the Larsen C cavity geometry from
Bedmap2.
Fimbulisen
Bedmap2 bathymetry under the floating Fimbulisen is claimed to be derived from
RTopo-1 but in fact deviates from the latter substantially. Specifically, the deep
troughs between the islands (ice rises) in the eastern part of the cavity (i.e., be-
tween 1  E and 5  E) that Nøst (2004) inferred from original seismic data are no
longer there. We decided to go back to the Nøst (2004)/Smedsrud et al. (2006)
data set that was already incorporated in RTopo-1 for the Fimbulisen cavity
between 1  E and 5  E.
3.2.5 Tabular iceberg in Weddell Sea
In August 1986, three giant icebergs (A-22, A-23, and A-24), each one between
3000 and 4000 km2 in area, calved from the Filchner Ice Shelf front (Ferrigno
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and Gould , 1987) and grounded at the eastern Berkner Bank. Iceberg A-24 came
ungrounded in March 1990 and drifted northward through the Weddell and Scotia
seas; icebergs A-22 and A-23 broke in two in 1994 and 1991, respectively. One
of their remnants, A-23A, is still grounded on the eastern slope of Berkner Bank
and continues to form a barrier to the sea ice drifting in this region, frequently
creating a polynya in its lee (Markus , 1996). When modelling sea ice in this
area, a comparison between modelled and observed (mostly remote sensing) data
is strongly complicated if this e↵ect is omitted in the model (see, e.g., Haid and
Timmermann, 2013). A similar case can be made for the iceberg’s e↵ect on the
ocean currents on the continental shelf. Despite the fact that Grosfeld et al.
(2001) showed that iceberg calving and grounding does change the circulation
and hydrography in the Filchner Ice Shelf-ocean system, it is not common for
today’s ocean models to take this into account.
To enable high-resolution modelers to do the model-to-data comparison in a
more consistent way - especially given that data coverage is about to improve
considerably in the framework of ongoing and planned field activities in the area
- and to achieve a more realistic representation of the local ocean currents in
hindcast simulations, we decided to include the signature of A-23A in RTopo-2.
The area covered by the iceberg was picked from a composite of 2013 MODIS
images (Paul et al., 2015) and defined to be covered with grounded ice, i.e., ice
with a lower surface topography identical to the ocean bathymetry (which clearly
is only a schematic representation of the real situation). Freeboard of the iceberg
is represented as a constant value in RTopo’s surface height field; it is computed
from Archimedes’ principle assuming densities of ocean and ice to be 1028 and
910 kg/m3, respectively. Thickness of the iceberg in this equation is assumed
to be such that its draft is equal to the minimum water depth in the area that
is covered by the iceberg. Eventually, this procedure yields a freeboard (surface
height) value of about 42 m over the iceberg area, which is consistent with the
freeboard derived from SAR interferometry applied to TanDEM-X image pairs of
June 2013 (M. Rankl, personal communication, 2016).
Note that the original bathymetry grid under the iceberg is fully preserved so
that the whole feature can be removed without any loss of information in case
this seems desirable in any particular application of the data set.
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Figure 3.7: Global surface type mask (compare with Figure 7 in Timmermann et al.
(2010), but Greenland ice sheet included).
3.2.6 Surface type mask
In addition to the maps of the bedrock and ice topographies we provide a global
mask which distinguishes between open ocean, bare land, grounded ice and float-
ing ice (Figure 3.7). On the polar continents, the mask largely follows M-2014 for
Greenland and Bedmap2 for Antarctica. Ice caps not connected to the Antarctic
ice sheet or Greenland mainland have been removed from the mask and classified
as bare land. Ice surface height in these cases has been adopted as bedrock sur-
face height. In contrast to RTopo-1, the surface type mask in RTopo-2 contains
information about rock outcrops (surface type ’bare land’) in Antarctica.
Lakes and enclosed seas outside Antarctica and Greenland are marked as
bare land in the mask, but are still present in the bathymetry data set adopted
from GEBCO 2014. This was done to avoid the tedious procedure of manually
removing features with a topography below sea level and no connection to the
world ocean when setting up an ocean general circulation model.
For the Northeast Greenland continental shelf, the NEG DBM bathymetry
map provides bedrock elevation with a very high data coverage. We used this
data set to adjust the surface type mask: grid points with an elevation > 0
were classified as bare land surface, and negative elevation obviously enforced
a classification as ocean. Within the perimeter of the Greenland continent, the
surface type mask remained being defined by M-2014.
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3.3 Error estimates
In the transition corridors between di↵erent data sets and in regions where values
have been inferred from consistency arguments, errors are hard to quantify. Here
we can only give an overview on error estimates provided by the authors of some
of our source data sets.
3.3.1 Bathymetry
In GEBCO 2014 approximately 18% of the non-land grid cells are constrained
by bathymetric control data, which consist of echo sounding data as well as
pre-prepared bathymetric grids that may contain interpolated areas (Weatherall
et al., 2015). In the current IBCAO version, the Arctic Ocean is mapped by
multibeam surveys covering 11% of the area and an additional vast amount of
single beam data (Jakobsson et al., 2012). In IBCSO around 17% of grid cells
in the Southern Ocean are directly constrained with data; 15.4% of data points
are from multibeam bathymetry (Arndt et al., 2013). In areas with no direct
measurements, the ocean bathymetry was interpolated between measurements
and/or plausible bathymetry.
In general, the accuracy of echo sounding systems can be expected to be about
one percent of the water depth. However, in the areas between the sounding tracks
uncertainties can be much higher.
3.3.2 Ice and bedrock topographies
For ice surface heights of Greenland the overall root-mean-square deviation be-
tween the GIMP digital elevation model and ICESat elevation is ± 9.1 m (Howat
et al., 2014). The deviation varies strongly with region (Figure 6 in Howat et al.
(2014)).
The technical error of ice thicknesses derived from radio echo sounding de-
pends mainly on the sampling interval and transmitted signal length, both of
which vary from system to system. The vertical resolution in ice thickness of
the various employed RES systems varies between 5.05 and 8.45 m; the sampling
precision is higher, usually in the order of 1 m. Thus an uncertainty of about
15 to 35 m for the ice thickness is realistic. However, complex geometries and
steep topography confining the investigated glaciers and ice tongues can cause
side and multiple reflections which mask the subglacial reflections, especially in
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airborne measurements.
Ice thickness and ice draft mapped by Morlighem et al. (2014) are subject to
errors of about 35 m for areas with a dense radar sounding coverage. In areas
which are less well constrained, errors can exceed 50 m (Morlighem et al., 2014).
Ice thickness maps derived from the available observations for Nioghalvfjerds-
fjorden Glacier and Zachariæ Isstrøm reveal distinct di↵erences between data sets
from di↵erent years. All data across Zachariæ Isstrøm are based on radar data
from 2010 to 2014 (obtained from Operation Icebridge and AWI flights). Based
on Landsat optical imagery, Mouginot et al. (2015) observed an accelerated re-
treat in the ice front position in 2013/14 and estimated a mass loss of 5 Gt yr 1.
The extent of Zachariæ Isstrøm in RTopo-2 thus represents the state prior to its
decay and not the present state.
Ice thickness data covering Nioghalvfjerdsfjorden Glacier include additionally
a large number of radar tracks and seismic data obtained 10 years earlier in
1997/98 (DTU / Seroussi et al. (2011), Mayer et al. (2000)) (see Figure 3.5b).
Data from the two time slices di↵er by about 50 m in several places, especially
within 5 km from the grounding line where the floating ice tongue is subject to
strong basal melt. The di↵erences are in the same range as the along-track noise
in some of the radar tracks (see above). Such discrepancies were smoothed out
by our interpolation procedure.
Next to the uncertainties related to data interpretation and processing, the
representation of the firn layer (’firn correction’) is an issue that requires serious
attention. While in B-2013 a firn layer thickness of 10 m in all ablation regions
around Greenland is assumed, there is no firn correction applied in M-2014. Snow
depth varies strongly over the Greenland ice sheet and within the seasonal cycle
(Nghiem et al., 2005), with most of the snow melting during the summer season
close to the coast. A constant-value firn correction is therefore bound to be
a rather crude approximation. We keep the M-2014 assumption of zero firn
layer thickness and note that for determining a regionally varying firn correction
the local depth-density relationship, respectively, the variation of the dielectric
properties with depth needs to be known.
3.4 Summary and outlook
We compiled a global 30-arc-second data set for World Ocean bathymetry and
Greenland/Antarctic ice sheet/shelf topography. High-resolution data from Green-
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land floating glaciers and of bathymetry on the Northeast Greenland continental
shelf were compiled into a synthesis of gridded bathymetry products including
the Morlighem et al. (2014) Greenland ice and bedrock topographies and the
Bedmap2 Antarctic topography data sets. Similar to RTopo-1 (Timmermann
et al., 2010), the RTopo-2 data set contains maps of global bedrock topogra-
phy and the upper and lower surface heights of the Antarctic and Greenland
ice sheet/ice shelf system. Consistent with the topography maps, a surface type
mask for open ocean, grounded ice, floating ice, and bare land surface is provided.
This new data set provides enough local detail for a wide range of global
or regional studies. Our main target group are ocean modelers who aim at a
realistic representation of ice-ocean interaction in an ocean general circulation
or climate model. In the current version, particular attention has been paid to
the floating glaciers and the continental shelf in the Northeast Greenland sector.
Other Greenland fjord regions are of similar interest but su↵er from a lack of
data. We encourage users who are specifically interested in one of those fjords
to carefully review the data using information unused by us as a benchmark.
Additional contributions of (gridded or ungridded) fjord/shelf bathymetry and/or
glacier/ice shelf/cavity geometry are welcome and will be used to update the data
set as soon as possible.
3.5 Data access
The RTopo-2 data set is available in NetCDF format in four di↵erent variations
at doi:10.1594/PANGAEA.856844.
1. The complete global 30-arc-second data set has been split into four files:
• RTopo-2.0.1 30sec bedrock topography.nc (3.7 GB),
• RTopo-2.0.1 30sec ice base topography.nc (3.7 GB),
• RTopo-2.0.1 30sec surface elevation.nc (3.7 GB), and
• RTopo-2.0.1 30sec aux.nc (2.8 GB) which contains auxiliary maps for
data sources and the surface type mask.
2. A regional 30-arc-second subset that covers all variables
around Greenland in the interval 80  E–0 , 55–85  N is available in
RTopo-2.0.1 30sec Greenland.nc (0.5 GB).
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3. A regional 30-arc-second subset for the Antarctic region south of 50 S has
been split into two files:
• RTopo-2.0.1 30sec Antarctica data.nc (2.5 GB) contains bedrock to-
pography, ice base topography, and surface elevation.
• RTopo-2.0.1 30sec Antarctica aux.nc (0.6 GB) contains auxiliary maps
for data sources and the surface type mask.
4. A complete global 1-arc-minute data set that has been split into two files:
• RTopo-2.0.1 1min data.nc (2.8 GB) contains maps of bedrock topog-
raphy, ice bottom topography, and surface elevation.
• RTopo-2.0.1 1min aux.nc (0.7 GB) contains auxiliary maps for data
sources and the surface type mask.
Data sets for the location of coastlines (RTopo-2.0.1 coast.asc, 50 MB) and the
ice shelf/floating glacier front lines (RTopo-2.0.1 isf.asc, 1.4 MB) have been pre-
pared in ASCII format. Grounding lines are represented as parts of the coastline.
To enable communication in case of errors or updates, we would appreciate a
notification from users of our data set.
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4. Warm water pathways toward
the 79 North Glacier
In Chapter 3, the RTopo-2 data set comprising a detailed representation of the
continental shelf bathymetry around Greenland has been introduced. Next, I
focus on the Northeast Greenland continental shelf (Figure 4.1). In particular,
the sources and pathways of warm waters across the continental shelf toward the
79 North Glacier are studied. The content of this Chapter has been published
in the Journal of Geophysical Research: Oceans by Scha↵er et al. (2017) under
the title Warm water pathways toward Nioghalvfjerdsfjorden Glacier, Northeast
Greenland1.
Figure 4.1: Map highlight-
ing the focus region (red box)
of Chapter 4. The map relies
on RTopo-2.0.1 showing both
the bathymetry of the Green-
land continental shelf and the
Greenland Ice Sheet area.
1My contributions to the article include collating all the data sets, carrying out all the data
analysis, plotting the results, and writing the manuscript. The interpretation of the results
were developed in discussions with my coauthors W.-J. von Appen and T. Kanzow. All co-
authors (W.-J. von Appen, P. A. Dodd, C. Hofstede, C. Mayer, L. de Steur, and T. Kanzow)
contributed either by providing data from their campaigns, by data processing, or by correcting
my original manuscript before submission to the journal. The text of this Chapter is identical
to the version published in Journal of Geophysical Research: Oceans, except for referencing to
figures, equations, tables, citations, British spelling, and moving the Appendix to Section 2.1.3.
Please excuse any inconsistencies with the other chapters of this thesis originating from the
layout of the original publication, including di↵erences in spelling and acronyms.
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Abstract Nioghalvfjerdsfjorden Glacier (79NG) is the largest of three marine-
terminating outlet glaciers draining the Northeast Greenland Ice Stream. In order to
understand how Atlantic waters supply waters in the cavity beneath the floating 79NG,
we analyze historic and recent bathymetric, hydrographic, and velocity observations ob-
tained on the Northeast Greenland continental shelf. The bathymetry is characterized
by a trough system, consisting of the Westwind Trough and the Norske Trough in
the northern and southern part of the continental shelf, respectively. Atlantic waters
recirculating in Fram Strait cross the shelf break and enter the trough system at its
south-eastern inlet toward the inner shelf. Warm Atlantic Intermediate Water (AIW)
present below 200 m in the Norske Trough shows large contributions of the recircu-
lating Atlantic water. We found that the bathymetry is su ciently deep to provide a
direct subsurface pathway for warm AIW between the shelf break and the 79NG cavity
via the Norske Trough. Likewise, based on the hydrographic data, we show that the
Norske Trough supplies AIW warmer than 1 C to the 79NG, which is not present in
the Westwind Trough. Our moored and lowered velocity measurements indicate that
a boundary current carries warm AIW along the northeastern slope of Norske Trough
toward the 79NG. We suggest that warm anomalies in Atlantic water temperatures in
Fram Strait could reach 79NG within less than 1.5 years. Thereby, they may cause
increased basal melt rates at the 79NG.
4.1 Introduction
Ice loss from the Greenland Ice Sheet quadrupled from the period 1992–2001 to
the period 2002–2011 (Shepherd et al., 2012) and the average ice mass loss con-
tributed 7.5± 2.6 mm to the global sea level rise between 1992 and 2011 (Shepherd
et al., 2012). This is mainly due to an increased mass discharge along the marine
margins where numerous major outlet glaciers have undergone a nearly simulta-
neous retreat, acceleration and thinning (Rignot and Kanagaratnam, 2006; Howat
et al., 2008; Stearns and Hamilton, 2007; Dietrich et al., 2007). Both observations
and numerical simulations indicate that the acceleration was triggered by changes
at the tidewater margins of these glaciers (e.g., Pritchard et al., 2009; Nick et al.,
2009), suggesting that the ocean plays a key role in modulating the ice sheet’s
mass balance (Vieli and Nick , 2011; Straneo et al., 2012). The existence of the
oceanic trigger is supported by observational studies showing that warm Atlantic
Water (AW) circulates in numerous glacial fjords of the Southwest and Southeast
Greenland (Holland et al., 2008; Straneo et al., 2010; Murray et al., 2010; Straneo
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et al., 2011). The warm AW originates from the subpolar North Atlantic where
the onset of warming of AW has been observed at the same time as numerous
glaciers in southern Greenland started to retreat (Straneo and Heimbach, 2013).
In this study, we focus on the Northeast Greenland (NEG) continental shelf
region where Nioghalvfjerdsfjorden Glacier (also referred to as 79 North Glacier,
hereafter 79NG) and Zachariæ Isstrøm (ZI) discharge the majority of the North-
east Greenland Ice Stream whose drainage basin represents more than 15% of the
Greenland Ice Sheet area (Rignot and Kanagaratnam, 2006). Both glaciers ap-
peared to be relatively stable until 2012 (Moon et al., 2012). Recently, a general
reduction in ice sheet elevation near the margins of the Northeast Greenland Ice
Sheet has been observed (Helm et al., 2014; Khan et al., 2014). ZI has lost about
5 Gt yr 1 of its mass since 2003 and retreated at an accelerated rate between
fall 2012 and spring 2015 losing all of its floating ice tongue (Mouginot et al.,
2015). Increased bottom melting was also observed beneath the ice tongue of the
79NG, but the glacier remained close to a state of mass balance (Mouginot et al.,
2015). Warming of AW in Fram Strait (Beszczynska-Mo¨ller et al., 2012) and in
the Arctic Ocean (Polyakov et al., 2012) led Mouginot et al. (2015) to suggest
that these changes in water temperature may have triggered the fast retreat of
ZI and might trigger a rapid and unstable retreat of 79NG.
The 80 km long and 20 km wide 79NG tongue is embedded by land. It
widens to a 30 km wide main calving front toward east and drains additionally
northward into Dijmphna Sund where it experiences an 8 km long calving front
(Figure 4.2b). The 79NG is characterized by an upward sloping bed upstream
the grounding line (e.g Mouginot et al., 2015, Supporting Information Figure S5)
and by pinning point islands that split the main calving front in 7 to 8 km long
ice tongues (Thomsen et al., 1997). Both characteristics are likely relevant for a
more stable behaviour of the 79NG in comparison to ZI (e.g., Schoof , 2012).
AW is carried to the north by the Norwegian Atlantic Current-West Spits-
bergen Current system (Figure 4.2a). In Fram Strait about half of the AW
recirculates (Marnela et al., 2013; de Steur et al., 2014; Hattermann et al., 2016)
(Figure 4.2a) and subsequently flows southward as Recirculating AW (RAW).
AW entering the Arctic Ocean recirculates in the Eurasian and Canadian basins
where it is transformed into Arctic Atlantic Water (AAW) by cooling and freshen-
ing (Rudels et al., 2012). Both RAW and AAW join the East Greenland Current
(EGC) (Rudels et al., 2012) flowing southward along the Greenland continental
shelf break (Figure 4.2a). Early studies on the NEG continental shelf in the 1980s
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and 1990s found waters of Atlantic origin in seabed troughs below fresh and cold
Polar Waters (PW) of Arctic origin (Bourke et al., 1987; Bude´us and Schneider ,
1995). The AW occupying depths below 150–200 m on the NEG continental shelf
(Bude´us and Schneider , 1995) was referred to by Bourke et al. (1987) as Atlantic
Intermediate Water (AIW).
The NEG continental shelf is approximately 300 km wide and characterized
by a “C”-shaped trough system (Figure 4.2b). Following Arndt et al. (2015), we
distinguish two troughs, namely the Norske Trough and the Westwind Trough, as
part of the trough system surrounding Belgica Bank, Northwind Shoal, and AWI
Bank, which are all shallower than 200 m (Figure 4.2b). Bude´us et al. (1997)
found two distinct types of AIW in the trough system and supposed that these
are separated by the presence of a 250 m deep sill at about 79.5  N. They found
AIW near 1 C with salinities of 34.9 to be present throughout the Norske Trough
getting cooler and fresher toward the main calving front of the 79NG. AIW near
0.5 C with salinities of 34.8 were observed in the Westwind Trough (Bude´us et al.,
1997) .
The subsurface circulation of AIW on the continental shelf below 200–250 m
depth is poorly observed. Hydrographic observations (Bourke et al., 1987; Schnei-
der and Bude´us , 1995), moored (Topp and Johnson, 1997), and ship-based (John-
son and Niebauer , 1995) velocity measurements inferred an anticyclonic near-
surface circulation along the system of troughs. Based on moored measurements
in the Westwind Trough, Topp and Johnson (1997) proposed that there exist also
an anticyclonic subsurface circulation. Contrary, Bude´us et al. (1997) pointed out
that there is no one-directional throughflow of deep waters in the trough system
but separate water inflows from each trough inlet. They justified their findings
based on the analyzes of hydrographic properties, nutrients, and helium/tritium
water ages that revealed two di↵erent water types of Atlantic origin present in
the Norske and the Westwind Trough, respectively.
Mayer et al. (2000) collected 14 conductivity, temperature, and depth (CTD)
profiles in 1997 indicating the presence of AIW at the margins and in the 600–
800 m deep subglacial cavity of the 79NG. Based on the rapid decrease in ice
thickness of 330 m within 5 km seaward of the grounding line, they estimated
very high basal melt rates of 40 m yr 1 close to the grounding line and attributed
these to the presence of AIW. A more recent survey conducted in the summer
of 2009 (Straneo et al., 2012) confirmed that AIW with potential temperatures
of 1 C is present under the floating ice tongue at 600 m depth, i.e., the depth of
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Figure 4.2: (a) Schematic of the Atlantic Water (AW) circulation in the Nordic Seas,
and (b) bathymetric map of the trough system on the Northeast Greenland (NEG)
continental shelf based on a bathymetric data set (Scha↵er et al., 2016). (a) The red
arrows represent the flow of warm AW within the Nordic Seas, i.e., northward with the
two branches of the Norwegian Atlantic Current (NAC) and, subsequently, with the
West Spitsbergen Current (WSC) into the Arctic Ocean with a large fraction of this
water recirculating in Fram Strait. The flow of modified AW southward within the East
Greenland Current (EGC) along the continental shelf break is denoted by grey arrows.
An anticyclonic circulation of the near-surface Polar Water on the NEG continental
shelf is indicated by yellow dashed arrows. The sketched currents are adapted from
Beszczynska-Mo¨ller et al. (2012) and completed by the continental shelf circulation
based on Bourke et al. (1987). (b) Black circles mark the 100 km segments along
the thalweg (white dotted) defined by visual guidance and used in Figures 4.3 and
4.7. White lines/shading indicate the calving fronts/ice body of Nioghalvfjerdsfjorden
Glacier (79NG) and Zachariæ Isstrøm (ZI) reproduced from a Landsat Image taken on
16 August 2016. Black circles mark positions of all available CTD stations obtained
between 1979 August and 2016 April. The magenta circle marks the mooring position
(M, see also Figure 4.5d); the magenta lines mark the location of CTD sections S1 and
S2.
the grounding line. Based on three CTD sections taken north of the main glacier
calving front, Wilson and Straneo (2015) concluded that warm AIW found below
200 m cannot enter the cavity beneath the 79NG tongue via Dijmphna Sund
(Figure 4.2b), because the latter features a 170 m deep sill blocking the flow.
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AIW therefore needs to enter via the main glacier calving front (Figure 4.2b).
From an estimate of the cavity heat budget, Wilson and Straneo (2015) inferred
a residence time of less than a year for AIW in the glacier cavity. The flushing
time suggests that basal melting may respond on time scales of 1–2 years to
changes in water properties and the circulation on the NEG continental shelf.
The di culty to access the water column just in front of 79NG due to a large
perennial fast ice cover (e.g., Schneider and Bude´us (1995)) has so far restricted
more detailed investigations.
The aim of this study is to gain a better insight into the properties and
circulation of AIW on its way to the 79NG. In order to identify the main pathway
of AIW across the NEG continental shelf to the 79NG, we investigate the NEG
continental shelf bathymetry (Sections 3.1–3.2), analyze a hydrographic data set
compiled from CTD measurements between 1979 and 2016 taken across the NEG
continental shelf (Section 3.3), and discuss recent water velocity measurements
obtained in the Norske Trough (Section 3.4).
4.2 Data
A highly resolved bathymetry is essential to study the pathways of AIW on the
NEG continental shelf. We used the bathymetric map provided by the RTopo-
2 data set (Scha↵er et al., 2016), which includes both the bathymetric map of
Arndt et al. (2015) in our region of interest (with modifications in the 79NG
cavity) and ice topographies, i.e., among others the ice draft of the floating ice
tongue of 79NG (Scha↵er et al., 2016).
In addition, we use recently obtained depth information from a seismic survey
carried out east of the main calving front of 79NG in April 2016 by Alfred Wegener
Institute, Helmholtz Centre for Polar and Marine Research (AWI). To get the
submarine bathymetry, we recorded a 27 km long continuous seismic reflection
profile on the sea ice at a distance of 0.1–2 km from the calving front. As a
seismic source, we used a detonation cord. We recorded the data using a 300 m,
96 channel snow streamer pulled by a snowmobile. To get the P wave velocity
of the seawater (equal to the speed of sound in seawater), we recorded a CTD
profile along the line. We calculated the depth of the seafloor along the profile
from the two-way time and the P wave velocity of the sea water.
We compiled all available CTD profiles collected between August 1979 and
April 2016 over the NEG continental shelf (Figures 4.2b and 2.3). CTD data were
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obtained from the PANGAEA data center, the National Oceanographic Data
Center (NODC) providing the World Ocean Database 2013 (WOD13) (Boyer
et al., 2013), the Norwegian Polar Institute (NPI) Fram Strait Arctic Outflow ob-
servatory, Woods Hole Oceanographic Institution (WHOI), and a glacier based
campaign in July/August 1997 (Mayer et al., 2000). We present new hydro-
graphic data from R/V Lance cruises carried out in late summer in 2011 and
2014 (NPI). From those cruises we chose two CTD sections, one taken along (S1)
and one across (S2) Norske Trough, to analyze the flow of Atlantic waters onto
the NEG continental shelf and within Norske Trough (see map in Figure 4.2b).
Additionally, we include new hydrographic data from another R/V Lance cruise
carried out in late summer 2015 (NPI) and from a sea ice based campaign in
April 2016 (AWI) for our analysis. More details on the data sources and their
distribution are given in Section 2.1.3. Almost all of the CTD profiles (96%) were
taken in summer/autumn (see Section 2.1.3 for more details). All CTD data have
been processed and quality controlled by the respective data center. Furthermore,
we deleted unrealistic profiles and removed spikes from all temperature, salinity
and pressure data. Afterward, all profiles were interpolated to a 1 dbar vertical
resolution.
Current velocities were obtained from a moored acoustic Doppler current pro-
filer (ADCP) and a lowered ADCP (LADCP). During an expedition in 2014
aboard R/V Lance, a single-head downward looking LADCP system
(RDI Workhorse, 300 kHz) mounted on the CTD rosette was used. The data
were processed using the LDEO LADCP software, which is based on the inverse
method by Visbeck (2002). The vertical bin size was 8 m. The LADCP veloci-
ties were detided using the AOTIM-5 tidal model (Padman and Erofeeva, 2004).
The M2 barotropic tidal amplitude of the velocities in the model at the mouth
of Norske Trough is about 2.7 cm s 1 and inside Norske Trough (at the mooring
position, Figure 4.2b) about 2.6 cm s 1. The overall r.m.s. error of the processed
LADCP velocities was 4 cm s 1 over the whole watercolumn, but just 1.5 cm s 1
below 200 m depth. Thus, we assume that the detided LACDP velocity has a
maximum error of 5 cm s 1 below 200 m.
A mooring was deployed from 14 June 2014 to 28 August 2015 at 77 N59.85’,
14 W18.61’ on the northeastern slope of the Norske Trough in 243 m depth
(Figure 4.2b). It was equipped with an upward looking RDI 75 kHz ADCP
mounted at 236 m and two Seabird SBE-37 MicroCATs, mounted at 45 and
242 m. Here we use the 14.5 month long velocity record from the ADCP, which
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measured velocities between 30 and 223 m water depth using 8 m bins with a
sampling interval of 2 hours. The ADCP velocities were detided by applying a
low-pass filter (cuto↵ period of 2 days) and rotated to obtain velocity components
along and across depth contours.
4.3 Relevant sill depths on the NEG continental
shelf
The bathymetry of the NEG continental shelf region determines the potential
AIW pathways toward the glaciers in NEG, where the presence of AIW causes
strong basal melt rates. Before analyzing the subsurface AIW pathways, we will
point out sill depths along the trough system relevant for the AIW distribution
on the NEG continental shelf.
In order to visualize the connection between the bathymetry and the AIW
distribution, we defined the thalweg (i.e., the line of lowest elevation within the
Figure 4.3: Bathymetric profile along the thalweg of the trough system (see map in
Figure 4.2b). Grey shading marks the seafloor, yellow hatched is the area of sparse
observations where we marked the only depth measurements carried out along the
thalweg (see also Figure 4.4 positions J and H and Table 4.1). Based on all available
CTD profiles taken mainly in summer and autumn between the years 1979 and 2016,
the mean depth ranges of AIW observed in summer/autumn with temperatures warmer
than 0.5 and 1 C are shaded in yellow and red, respectively. The average depth of the
potential temperature maximum (⇥max) for the 1979–2016 period (summer/autumn)
is indicated by a red dashed line. S2 indicates the position of the temperature section
shown in Figure 4.5c, and GF (“glacier front”) indicates the approximate location of
CTD profiles east o↵ the 79NG calving front shown in Figure 4.6c. Sill 1 to Sill 5
indicate the shallowest sill depths as discussed in the text.
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trough system) starting at the shelf break east of the Norske Trough and ending
at the shelf break east of the Westwind Trough (see white dotted line in Fig-
ure 4.2b). Figure 4.3 shows the depth along the resulting 740 km long thalweg,
which location has been chosen by visual guidance. In addition, we computed
the mean locations of the 0.5 C and 1 C isotherms (orange and red lines in Fig-
ure 4.3), indicative of AIW, as well as the depths of the temperature maximum
(dotted red line in Figure 4.3) from all available CTD profiles within the trough
system that reached deeper than 200 m. Figure 4.3 indicates that AIW is present
below 200–250 m throughout the entire trough system and determines the sub-
surface hydrographic properties. Temperatures warmer 1 C are present in the
Norske Trough, whereas Westwind Trough is filled by AIW with temperatures
ranging between 0.5 C and 1 C. This distribution will be analyzed in more detail
in Section 4.5.
At the shelf break, i.e., in the trough’s seaward inlets, the deepest depths
are between 300 and 320 m allowing the throughflow of waters of Atlantic origin
(Figures 4.2b and 4.3, Sill 1 and 5). The seaward inlet of the Norske Trough
(77  N) is significantly wider (based on the 250 m depth contour it is about
95 km wide) compared to the Westwind Trough (about 40 km) (Figure 4.2b).
Both troughs have sills half way between the shelf break and 79NG (Figure 4.3).
The Norske Trough features a bathymetric sill with minimum sill depth of 360 m
at 13  W (Figure 4.3, Sill 2), i.e., 40 m deeper than the sill depth at the seaward
inlet. The Westwind Trough features a bathymetric sill near 13  Wwith minimum
depth of 240 m, having the potential to partly restrict the subsurface flow of AIW
within the trough system (Figure 4.3, Sill 4). We will come back to this point in
Section 3.3.2.
4.4 Bathymetry between the 79NG calving front
and the troughs
In the region between the calving front of the 79NG, the northern tip of the
Norske Trough, and the southern tip of the Westwind Trough (Figure 4.4), the
bathymetry is quite uncertain. Here large parts of the bathymetric map derived
by Arndt et al. (2015) between the 79NG calving front and the thalweg within
the trough system (located about 45 km apart from another) are interpolated
from very few data points (grey markers in Figure 4.4). The bathymetric map
indicates the presence of a sill as shallow as 250 m at about 79 N 27’, 18 W
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(Figure 4.4, between markers G and H), which has the potential to partly block
the AIW subsurface flow from the trough system toward the 79NG calving front.
However, Arndt et al. (2015) pointed out that their gridding algorithm produces
a smooth interpolated surface where no data are available. Thus, the 250 m
deep sill most likely results from smoothed interpolation between the coastlines
of Hovgaard Ø and Lambert Land (Figure 4.4). To get a better insight into
the topographic steering of the AIW exchange between the 79NG cavity and the
continental shelf, we compare the measured depths at specific locations with the
representation in the bathymetric map.
Figure 4.4: Bathymetric map in front of Nioghalvfjerdsfjorden Glacier (79NG) and
Zachariæ Isstrøm (ZI) based on Arndt et al. (2015) (see black box in Figure 4.2b).
Bathymetric data measured in situ near the 79NG calving front is added on top of
the interpolated map as scatter circles with deepest depths at positions A–J listed in
Table 4.1. Red arrows indicate a possible warm AIW pathway (deeper 370 m deep) not
correctly represented in the interpolated map due to sparse bathymetric observations
available in this area. White lines/shading indicate the calving fronts/ice body of the
79NG and ZI; red lines indicate the outline of pinning points along the 79NG calving
front. The glacier extent and pinning points were reproduced from a Landsat Image
taken on 16 August 2016. Grey markers indicate positions of all bathymetric source
data used by Arndt et al. (2015) to compile the interpolated bathymetric map.
Recent observations not included in the bathymetric map were obtained in
2016. The two deepest points encountered were 370 ± 10 m at 1.5 and 10 km
along the seismic profile starting at the coast of Hovgaard Ø (Figure 4.4 and
Table 4.1, positions B and D). The observed depths at the northern point B and
the southern point D are 150 and 200 m deeper than the values indicated by
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Table 4.1: Deepest water depths observed in the region between the 79NG
calving front and the thalweg (Figure 4.4).
PositionDepth (m) Source
A 416
C 453 Seismic reflection profile, Mayer et al. (2000)
F 265
B 370
D 372 Seismic reflection profile, 2016
E 272
G 478 CTD profile (Mayer et al., 2000)
H 469 Autosub-22 mission M365 (Wadhams et al., 2006)
I 310 Echo sounder section, R/V Polarstern cruise PS57, 2000
J 571 CTD profile with R/V Lance, 2010
the bathymetric map, respectively. Toward west (i.e., below the 79NG calving
front) and toward east (i.e., toward the trough system), from the 370 m deep
point (position D) the seafloor slopes downward to 450 and 480 m, respectively
(Figure 4.4 and Table 4.1, positions C and G). This points to the existence of a
continuous deep channel (deeper than 370 m) that forms a direct link between the
79NG cavity and the continental shelf. The deep channel continues toward the
south into the Norske Trough (positions H and J), while there is no observational
evidence of a 250 m deep sill as represented in the most recent bathymetric map
(Figure 4.4). This is of relevance with respect to the throughflow of AIW. Toward
the 79NG calving front, we found mean ⇥max of 1 C to be present at 320 m
depth and the 0.5 C isotherm at 240 m (Figure 4.3, position GF). Consequently,
a 370 m deep channel allows a direct AIW pathway between the 79NG cavity
and the trough system. In contrast, a 250 m deep sill would block the AIW and
suppress a flow from the trough system toward the 79NG calving front. We are
aware that our measurements are just valid below each of the seismic points and
CTD profile positions and it could be shallower in between these points.
In summary, the proposed deep pathway (along positions C-D-G-H-J) is
150–200 m deeper than the corresponding values found in the most recent to-
pographic compilation of the NEG continental shelf by Arndt et al. (2015) (Fig-
ure 4.4). It clearly provides a pathway for warm AIW from the shelf break into
the 79NG cavity (Figure 4.3), as will be shown in more detail in the following
Section 3.3.
The proposed deep pathway may be connected toward north with the south-
ern tip of Westwind Trough. Depth measurements at the southern tip of the
73
CHAPTER 4. WARM WATER PATHWAYS TOWARD 79NG
Westwind Trough point to the existence of a narrow 310 m deep channel close
to the coast of Hovgaard Ø (Figure 4.4, position I). Concurrently, in the eastern
part a wider channel is bounded by a 260 m deep sill that likely restricts the ex-
change of AIW (Figure 4.3, Sill 3). Based on the water characteristics observed in
this region, we will discuss in Section 3.3.2, if these narrow channels can provide
a pathway of warm AIW between the Norske Trough/79NG and the Westwind
Trough.
4.5 Subsurface AIW pathways across the NEG
continental shelf
In the previous section, we pointed out that there is likely a channel deeper
than 360 m connecting the 79NG cavity via Norske Trough with the shelf break.
In the following section, we will show that not only the bathymetry is deep
enough but also that warm AIW can be observed to spread via Norske Trough
to the 79NG. We start to follow the path of AIW from the shelf edge toward
the 79NG by describing the hydrographic characteristics at the northern and
southern shelf break, i.e., before Atlantic waters enter the Westwind or Norke
Trough, respectively. Subsequently, we analyze the AIW properties along the
trough system and in front of the 79NG calving front to infer the pathways of
warm water of Atlantic origin in more detail.
4.5.1 AIW at the shelf edge
The temperature distribution along the shelf edge sets the boundary conditions for
AIW present in the trough system on the NEG continental shelf. A compilation
of all summer/autumn CTD profiles collected between 1979 and 2016 show that
subsurface temperatures warmer than 1 C are found between 220 and 340 m
depth at the seaward inlet of the Norske Trough (Figure 4.3). In our CTD section
acquired in September 2011, the AW core (⇥> 2 C) extends vertically from 320 m
all the way up to the surface and horizontally at least 25 km across the shelf break
with ⇥max exceeding 2.5 C (map in Figure 4.2b, Section S1, and Figure 4.5a).
The warm water at the surface is suggestive for an intermittent occurrence. At
the same time, AIW is about 1 C cooler within the Norske Trough compared to
the RAW present in front of the shelf break (Figures 4.5a and 4.5b), but still warm
enough to potentially induce basal melt at the glacier-water interface. Clearly,
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RAW undergoes a major transition before entering the continental shelf. CTD
profiles taken at the shelf edge show a high degree of variability in temperature-
salinity space where properties of RAW and AIW (Figure 4.5b) strongly suggest
lateral exchange. This is evident in the interleaving structures (Figure 4.5b),
which develop from isopycnal stirring of two distinct water masses. We suggest
that occasionally some warmer RAW from a passing eddy may enter the mouth
of the Norske Trough. Hydrographic properties at the mouth of the Norske
Trough are likely best described as being the product of vigorous mixing near the
shelf break between the cooler waters in the Norske Trough and the episodically
warmer subsurface waters transiting south along the shelf break within the EGC.
We will discuss the transport of Atlantic waters across the shelf break, most likely
provided by eddies, in Section 4.7.
At the seaward entrance of the Westwind Trough, i.e., 400 km further north
(Figure 4.2b), long-term average subsurface temperature maxima occupying
depths between 200 and 340 m are found to be between 0.5 and 1 C (Figure 4.3).
This AAW is about 1 C cooler than RAW found in front of the Norske Trough
but still warm enough to melt glacier ice. The meridional change in AW prop-
erties along the shelf break between the seaward inlet of the Westwind Trough
at about 80.5 N and the seaward inlet of the Norske Trough at 77 N (increasing
temperatures toward the south) clearly sets the boundary conditions for the AIW
properties in the troughs, as shown below.
4.5.2 AIW on the continental shelf
We continue to follow the AIW pathway along the “C”-shaped trough system on
the NEG continental shelf. Here the spatial distribution of AIW is constrained
by the bathymetry.
In order to analyze the subsurface AIW distribution on the NEG continental
shelf, we determined the maximum potential temperatures (⇥max) below 200 m
depth for each CTD profile. These subsurface ⇥max were interpolated horizon-
tally along the bathymetry using Gaussian weights (with an influence radius in x
direction of 0.5  and in y direction of 0.1 ). Highest ⇥max were found in the area
where the trough system is deep (Figures 4.2b and 4.6a). Hence, ⇥max deeper
than 200 m is a good indicator for the di↵erent types of AIW in the Westwind
and the Norske Trough.
We separated the trough system in three regions (Figure 4.6a) to distinguish
di↵erent types of AIW found across the NEG continental shelf: The first area
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Figure 4.5: Potential temperature (colour) on the sections (a) S1 along and (c) S2
across the Norske Trough. S1 extends from the shelf break into the Norske Trough.
The locations are shown in Figure 4.2b. Pink lines denote the 27.7 and 27.9 kg m 3
isopycnals (referenced to zero pressure), white-red squares the positions of CTD profiles.
Both CTD sections were taken by R/V Lance, S1 in summer 2011 and S2 in summer
2014. (b) Potential temperature-salinity diagram from CTD profiles taken at stations
V to Z as marked in Figure 4.5a. Shaded in light yellow and blue are watermass
properties covered by RAW (following Rudels et al. (2002)) and AIW, respectively. (c)
LADCP-inferred cross-section velocities are denoted by white contour lines (positive
toward northwest). The green line marks an approximate position of the mooring M
on the slope, located 37.5 km southeast of the section S2 (see map inFigure 4.2b).
(d) ADCP velocities were detided (low-pass filter with cuto↵ period of 2 days). The
black line shows the corresponding time mean profile of the velocity component along
318 T (representing approximately the NW-SE component) from the moored ADCP
deployed from 13 June 2014 to 30 August 2015. The ± range (green shading) represents
the standard deviation from the mean cross-section velocity profile.
covers the Westwind Trough (from Dijmphna Sund mouth at 80 N toward the
shelf break), the second area the trough system south of Dijmphna Sund mouth
at 80 N down to the sill halfway in the Norske Trough (Figure 4.3, Sill 2), and the
third area covers the eastern part of the Norske Trough. The corresponding ⇥-S-
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Figure 4.6: (a) Distribution of the summer/autumn subsurface potential temperature
maximum at depths in excess of 200 m on the NEG continental shelf. Areas shown
in white located at depths shallower 200 m are too shallow for AIW to be present.
The temperature map is based on all available CTD profiles (black circles) taken on
the continental shelf between August 1979 and April 2016. Thick black lines mark the
CTD sections S1 and S2 (ˆIsle de France section) taken along and across the Norske
Trough, respectively, as shown in Figure 4.5. Yellow, orange and blue boxes mark the
areas 1–3 as used for the ⇥-S diagram in Figure 4.6b. Land is in grey; black contours
mark depth levels with a spacing of 100 m. (b) Subsurface ⇥-S profiles from the NEG
continental shelf. Coloured dots indicate maximum potential temperatures from the
corresponding regions outlined in Figure 4.6a, namely the Westwind Trough (area 1),
area in front of 79NG and western Norske Trough (area 2), and southern Norske Trough
(area 3). The black dashed line marks the ⇥ = 1 C isotherm chosen for visual guidance.
(c) Vertical profiles of potential temperatures taken just east of the 79NG calving front
at 79.5  N, 19  W in October 1997, (see map in Figure 4.6a).
diagram (Figure 4.6b) shows that subsurface ⇥max larger than 1 C are found not
only in the eastern part of the Norske Trough (area 3), but also in the northern
extent of the Norske Trough (area 2), i.e., in the trough system in front of 79NG.
The subsurface temperature distribution indicates that AIW with ⇥max larger
than 1 C (subsequently referred to as warm AIW) is present throughout the
Norske Trough up to 79  N, while north of 80  N, i.e., throughout the Westwind
Trough (area 3), only AIW cooler than 1 C (referred to as cold AIW) is present
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(Figures 4.6a, 4.6b, and 4.3). The 1 C isotherm serves as a good means to separate
AIW properties present in the Norske Trough from those in the Westwind Trough
(Figure 4.6b). The di↵erence in characteristics of subsurface AIW occupying both
troughs likely reflects di↵erent source waters at the shelf edges (see Section 3.3.1).
In the area between both troughs, i.e., between 79.5  N and Dijmphna Sund
mouth at 80  N (belonging to the southernmost extent of the Westwind Trough),
warm AIW is found in some CTD profiles, while most CTD profiles show cold
AIW only. The variable topography (Figure 4.4) in this area probably restricts
the AIW flow and might induce mixing of both AIW types here.
The most recent measurements (from summer 2015) in the Westwind Trough
represent the only case when warm AIW was present (Figure 4.6b, area 1). It
points to a mixture of cold and warm AIW throughout the Westwind Trough in
2015 and/or a warming of AAW.
AWI modification along Norske Trough is certainly not very strong, as the
AIW temperature maximum is still well preserved at the inner shelf (Figure 4.6b).
The latter statement is in agreement with conclusions by Bude´us and Schneider
(1995) and Bude´us et al. (1997). The properties in Norske Trough should rep-
resent some kind of temporally integrated characteristics of the RAW properties
found at the shelf edge (see Section 3.3.1). In this view, single eddy-events or
seasonal variations at the shelf edge might not be detectable in the AIW prop-
erties on the inner shelf. Yet the well-documented long-term (decadal) warming
of AW in Fram Strait should be well reflected in Norske Trough although the
amplitude of any T/S anomaly transported onto the shelf is likely to be reduced
due to mixing.
We used a more general approach to investigate changes of the average AIW
temperatures along the trough system on decadal timescales as follows. We cal-
culated mean ⇥max below 200 m within 100 km segments along the thalweg and
within ±70 km distance from the thalweg (see map in Figure 4.2b) for the time
periods 1980–1999 and 2000–2016, respectively (Figure 4.7). Our calculations
contain a number of uncertainties due to (i) seasonal variations (the historical
CTD profiles were taken between April and October, Figure 2.4) and (ii) the
varying number of CTD profiles taken within the di↵erent segments along the
trough system during both time periods (see Figure 4.7 for the number of ob-
servations). For the purpose of estimating the uncertainty, we calculated the
standard error of the mean by  m =
 p
N 1 , where   is the standard deviation
of ⇥max in each 100 km segment along the thalweg and N is the number of
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the degrees of freedom (DOF). The DOF were quantified as the total number of
months with observations counted over the respective measurement period (i.e.,
either 1979–1999, or 2000–2016).
We found a warming of subsurface AIW throughout the whole trough system
in the period 2000–2016 relative to 1979–1999 (Figure 4.7). The standard errors
of mean(⇥max) imply a robust warming signal of 0.5 C throughout the Norske
Trough (Figure 4.7). This is comparably large with respect to the amplitude of the
interannual variability in AIW temperature which we estimated as follows. We
computed a timeseries of annual mean temperatures present in Norske Trough
in 300 and 350 m, respectively. Each of the time series was detrended (linear
least squares). Subsequently, the standard deviations for the time series were
computed. This yields values of 0.08 C for the 350 m depth level and 0.14 C for
the 300 m level. Compared to the overall linear trends (0.81 and 0.76 C over
36 years for 350 and 300 m, respectively), the estimated interannual variability
appears to be small for both the 300 and 350 m level. These two depth levels are
located well within the AIW core (see Figure 4.5c). This leads us to conclude,
that the warming observed in Norske Trough is robust.
Figure 4.7: Changes in AIW subsurface (i.e., below 200 m) temperature maxima along
the trough system (see map in Figure 4.2b). The average summer/autumn maximum
potential temperature (⇥max) in each 100 km segment below 200 m has been calculated
from all ⇥max based on CTD profiles taken between the years 1979 and 1999 (blue) and
2000 and 2016 (red). The profiles were chosen within 70 km distance from the thalweg
at depths greater than 200 m. Vertical bars show the corresponding one standard error
of deviation from the mean; the black dashed line marks the 1 C isotherm. The number
of CTD profiles used to calculate the average values in each segment and for each of
the above time periods are given at the top of the figure.
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Throughout the Westwind Trough the di↵erences between both periods are
about 0.25 C, often falling within the standard error of the mean values. The
di↵erence in subsurface ⇥max is largest at the seaward inlet of the Norske Trough,
i.e., 2.8 C between 2000 and 2016 compared to 2 C between 1979 and 1999. This
could suggest that the warming in RAW observed at the mouth of the Norske
Trough propagates along the trough up to the 79NG and beyond, until a sill
is encountered close to 80  N (Figure 2, Sill 3). The smaller warming observed
at the seaward inlet of the Westwind Trough may be explained by being less
exposed to the recirculation of AW in Fram Strait, by less frequent advection of
Atlantic waters into the Westwind Trough, and/or by a stronger cooling of AAW
during its circulation along di↵erent loops in the Eurasian Basin. In addition,
AIW present in the western part of Westwind Trough likely originates from the
Norske Trough. Thus only diminishing fractions of perturbation signals may be
communicated here.
4.5.3 AIW at the 79NG calving front
We demonstrate that warm AIW in the Norske Trough can be connected to
the southern source water at the shelf edge. In contrast, cold AIW found in
the Westwind Trough probably stems from waters present at the northern shelf
edge. We found that warm AIW in the Norske Trough penetrates into the inner
continental shelf area and into the western part of the Westwind Trough. Aiming
at a better understanding of the importance of AIW to increased basal melt rates
of the 79NG, we continue to study the hydrography in the vicinity of the 79NG.
Hydrographic measurements in the region between the main pinned calving
front of 79NG and the trough system are rare (Figure 4.4). Nevertheless, CTD
profiles that reached deeper than 200 m show warm AIW with temperatures
warmer than 1 C in front of the 79NG as well as in the 79NG cavity (Figure 4.6b).
This water has the potential to cause basal melting. In October 1997 warm AIW
was observed below 300 m depth (Figure 4.6c) close to the 79NG calving front.
Thus warm AIW could directly enter the cavity through the proposed 370 m
deep channel found between the 79NG calving front and the trough system (see
Section 3.2). Due to the fact that warm AIW was not observed in the Westwind
Trough before 2016 (Figure 4.6b), the Norske Trough likely plays the major role
for the transport of warm AIW toward the 79NG.
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4.6 Subsurface circulation of warm AIW
As shown in the previous sections, the Norske Trough is deep enough to allow
the spreading of warm AIW to the 79NG cavity. In this section, we focus on the
flow structure in Norske Trough that is relevant for the transport of warm AIW
toward the 79NG.
Figure 4.5b shows a section taken in September 2014 across the Norske Trough
northeast of Iˆsle de France (Figure 4.2b, Section S2). We find warm AIW below
200 m with ⇥max reaching up to 1.9 C between 250 and 290 m depth at the
northeastern slope of the trough (Figure 4.5c). The warm and saline water found
below the ⇥max layer is about 0.5 C cooler and indicative for older AIW probably
caused due to very low exchange rates below the sill depths (320 m at the seaward
inlet and 360 m halfway the Norske Trough).
The 27.9 kg m 3 isopycnal slopes upwards toward Belgica Bank suggestive
of a baroclinic shear where the cross-section component of the current velocities
increases with depth. This is consistent with instantaneous detided northwest-
ward velocities found between 250 and 420 m depth with maximum flow speeds
of 15 cm s 1 inferred from LADCP velocity measurements (Figure 4.5c). We esti-
mate that the de-tided LACDP velocity has an error of 5 cm s 1 below 200 m, i.e.,
where the AIW is residing. However, the warm AIW still flows northwestward
with maximum velocities of at least 10 cm s 1. The enhanced velocities can be
linked to the warm AIW core found on the slope of Belgica Bank (Figure 4.5c).
We suggest that a 10–15 km wide boundary current transports warm AIW toward
the inner shelf and the 79NG region. We assume the flow to be in geostrophic
balance (to first order). Therefore, the flow is likely bounded at the northeastern
slope due to the Coriolis force.
Moreover, moored observations show a northwestward mean flow on the north-
eastern slope throughout the whole water column (Figure 4.5d). Averaged over
the 14.5 month long period a maximum velocity of 5.2 cm s 1 was observed at a
depth of 185 m water, i.e., roughly 60 m above the seafloor. The mooring was lo-
cated too high up on the slope to fully cover the AIW core (Figure 4.5c). Yet the
mooring observations generally support the LADCP inferred bottom-intensified
northwestward flow in the Norske Trough.
An approximation to the first baroclinic deformation (Rossby) radius (Rd)
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can be calculated from the stratification (Chelton et al., 1998)
Rd =
1
⇡ · f
Z z0=0
z0= H
N(z0)dz0. (4.1)
Here f = 2⌦ · sin( ) is the Coriolis parameter, H is the water depth, N is the
buoyancy frequency, ⌦ is the rotation rate of the Earth, and   is the latitude. The
Rossby radius along section S2 across the Norske Trough (Figure 4.6a) varies from
12 to 14 km in the part of the trough where the water depth exceeds 250 m and
AIW occupies the deep layer (Figure 4.5c). This is due to the strong stratification
induced by the halocline between the PW and the AIW. Since the stratification
in the AIW is very weak by comparison, the actual water depth and thus the
thickness of the AIW layer does not lead to large changes in the Rossby radius.
As the deep part of the Norske Trough is more than 50 km wide at this location
and not significantly narrower than this anywhere between the NEG continental
shelf break to the vicinity of 79NG, its width amount to 3–4 times the Rossby
radii.
The width of a geostrophic flow along a sloping sidewall typically scales with
the Rossby radius. Thus, the Norske Trough could support two boundary currents
(one on either margin) and it is feasible that a bidirectional flow with an inflow and
an outflow exists. The velocity observations from both the LADCP and moored
ADCP (Figure 4.5b) together reveal an inflow of AIW exceeding 10 cm s 1 along
the northeastern slope (o↵ Belgica Bank). In addition, the LADCP measurements
show an outflow above the AIW layer closer to the Greenland coast. However, the
velocities of this return flow are rather small (i.e., 5 cm s 1) and mostly within
the error range. More repeated/moored observations are needed to determine if
there exist a return flow.
If the Rossby radius was equal or greater than the width of the trough, bound-
ary currents could not be sustained and the flow of warm AIW would have to
be accomplished by relatively slow processes such as mixing and tidal as well as
wind forcing. However, since the trough is wider than two Rossby radii, a much
faster (advective) signal propagation and more e cient exchange mechanism of
warm AIW from the shelf break to the vicinity of the glacier is possible.
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4.7 Discussion
The NEG continental shelf bathymetry steers warm Atlantic Intermediate Water
(AIW) along the Norske Trough toward the 79NG. We have added evidence that
warm AIW which occupies the Norske Trough likely enters the cavity underneath
the 79NG through its eastern pinned calving front at depth. This was recently
suggested by Wilson and Straneo (2015), who showed that warm water found
in the cavity cannot enter through Dijmphna Sund, i.e., the northern inlet, due
to a 170 m shallow sill. We found that the subsurface water characteristics at
the 79NG indicate the presence of warm AIW. The warm AIW is originating
from the Norske Trough, i.e., predominantly from recirculating Atlantic Water
(RAW). The pathway of warm water through the Westwind Trough possibly
plays a minor role for the heat transport toward the 79NG. One reason for this
is that the inlet of the Westwind Trough is located slightly to the north of the
two major AW recirculation branches found in Fram Strait (de Steur et al., 2014;
Hattermann et al., 2016). Consequently, water of Atlantic origin entering the
Westwind Trough from Fram Strait is significantly colder than that entering the
Norske Trough. The colder AIW in the Westwind Trough originates predomi-
nantly from colder AAW passing through the Canadian Basin and/or Eurasian
Basin of the Arctic Ocean before entering Fram Strait (Rudels et al., 2012). The
warmer and more saline AIW found in the Norske Trough has large contributions
of RAW and most likely small contributions of AAW cooled and freshened in the
Eurasian Basin of the Arctic Ocean. Furthermore, the Westwind Trough has both
sills reaching depths as shallow as 240 m and a smaller width than the Norske
Trough, therefore obstructing the flow of AIW to the inner continental shelf.
The processes transporting water of Atlantic origin across the shelf edge into
the troughs are not understood in detail yet. The EGC is baroclinically unstable
and eddies exist along the East Greenland Polar Front in the EGC (Wadhams
and Squire, 1983; Smith et al., 1984; Foldvik et al., 1988; Woodgate et al., 1999).
Current meter moorings in the EGC reveal substantial mesoscale activity in the
AW layer (Foldvik et al., 1988;Woodgate et al., 1999; de Steur et al., 2014) with a
strong baroclinic structure (von Appen et al., 2016). Thus, the eddies may reach
deep enough to transport RAW into the Norske Trough and at the same time
shallow enough that they are able to cross the shelf break. Topp and Johnson
(1997) speculate that eddies in the EGC may be advected onto the continental
shelf either through the Norske Trough propagating northwestward with the mean
83
CHAPTER 4. WARM WATER PATHWAYS TOWARD 79NG
flow and/or entering the continental shelf following a westward flow around Ob
Bank (see map in Figure 4.2b).
Interleaving structures as observed in TS-profiles at the shelf edge along
the Norske Trough indicate lateral mixing likely induced by eddy stirring (Fig-
ure 4.5b). The abrupt change in water properties found across the shelf edge
could imply vertical mixing of cold PW with RAW (Figure 4.5b). Likewise in-
terleaving structures are also seen in sections obtained in 1984 (Bourke et al.,
1987), 1993 (Bude´us and Schneider , 1995), and 2015 (glider observations; Katrin
Latarius, personal communication, 2015) and thus seem to be a persistent feature
at the seaward inlet of the Norske Trough. Furthermore, tidal mixing likely plays
a role in the lateral water exchange across the shelf edge. However, a source of
current variability and mixing can contribute to horizontal mixing, which is a
mechanism of lateral exchange, e.g., across the shelf(-break).
After being subject to pronounced mixing near the shelf break, the AIW subse-
quently propagates toward the inner shelf. We suggest that much of this transport
occurs in a boundary current flowing along the northeastern slope of the Norske
Trough toward the Greenland outlet glaciers. Our moored and LADCP obser-
vations in the Norske Trough imply a subsurface AIW flow from the shelf edge
toward the inner continental shelf, i.e., northwestward. This would be consistent
with an anticyclonic subsurface circulation as proposed by Topp and Johnson
(1997) based on moored measurements in the Westwind Trough. Nevertheless,
there are reasons to believe that there is no one-directional throughflow of deep
waters in the trough system as proposed by Bude´us et al. (1997). The shallow
240 m sill halfway in the Westwind Trough may block a subsurface anticyclonic
circulation of AIW. Our results hence support and elaborate on the findings by
Bude´us et al. (1997), who hypothesized that a 250 m deep sill needs to be present
to separate the two distinct types of AIW found within the trough system.
We suggest that a fast (advective) signal propagation via a boundary current
transporting warm AIW (inside Norske Trough) from the shelf break to the vicin-
ity of the glacier is possible. With respect to warm anomalies propagating from
the eastern Fram Strait via the recirculation toward the Norske Trough inlet and
all the way up to the 79NG region, we estimate time scales for a signal propaga-
tion as follows. Beszczynska-Mo¨ller et al. (2012) shows that the Atlantic water
temperature in 250 m depth in western Fram Strait follows that in eastern Fram
Strait with about 2–4 months lag. Similarly, von Appen et al. (2016) show a tran-
sit time of about 2 months from the WSC to the central/western part of Fram
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Strait based on analyzes of the eddy kinetic energy. An average travel time was
also calculated in the numerical model of Hattermann et al. (2016) giving about
24 days for the recirculation from the WSC to the EGC. In addition, we have
to add the transit time from the western Fram Strait to the inlet of the Norske
Trough, which is an advection of about 350 km in the EGC. Taking a conserva-
tive value for the advective speed in the EGC of 5 cm s 1 (de Steur et al., 2009)
would add another 2.5 months. Our observations in Norske Trough reveal mean
northwestward velocities of 5 cm s 1 associated with the inflow of warm AIW. We
assume that anomalies can be transported along a mean distance of 500 km from
the continental shelf break via a boundary current present in Norske Trough to
the 79NG calving front on time scales less than a year. In conclusion, we estimate
a total a time lag of about 1.5 years for signal propagation in the Atlantic water
layer from the eastern Fram Strait toward the 79NG. Nonetheless, depending on
how much mixing takes places, a unit one perturbation of AIW temperatures at
the mouth of Norske Trough will result in less than one perturbation of AIW
within the 79NG cavity.
Along the way from the outer to the inner part of the continental shelf, as is
the case with any boundary current, an exchange with ambient water masses will
take place. Still, Bude´us et al. (1997) found very small horizontal gradients in
the deep waters of temperature, salinity, and nutrients inside the troughs. They
suggest that little modification takes place within the troughs away from the
inlets of Norske Trough and Westwind Trough. However, close to the Greenland
coast, we expect warm AIW (moving toward the inner shelf in Norske Trough)
to be modified significantly by interaction with the 79NG and possibly also with
the ZI (not shown here). Mixing with glacially modified waters may cause a
depletion of the temperature maxima as well as a transformation from dense AIW
into lighter waters. The modified waters may therefore not be much constrained
by the deep sills in Westwind Trough, thus making Norske Trough seem less
semienclosed for the flow of AIW. Mixing of AIW with glacially modified waters
could also be relevant for the formation of cooler and fresher AIW properties as
present in Westwind Trough. This concept would be consistent with a continuous
anticyclonic subsurface circulation on the NEG continental shelf.
Our LADCP data give weak evidence for a two-way flow of AIW occurring in
Norske Trough. This would require an additional circulation branch transporting
AIW from the inner shelf toward the shelf edge.
The bathymetric map compiled by Arndt et al. (2015) represents an important
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step forward compared to the widely used International Bathymetric Chart of the
Arctic Ocean (IBCAOv3) (Jakobsson et al., 2012)). Their coverage of the source
data indicates that large parts of the continental shelf are well covered and resolve
the “C”-shaped trough system much more accurate (Arndt et al., 2015). Only
in the vicinity of the 79NG calving front there are still large data gaps to be
found (Arndt et al., 2015). The few hydrographic and bathymetric observations
reaching down to 370–480 m depths in the area between the 79NG calving front
and the Norske Trough point to the existence of a channel that is by 150–200 m
deeper than the representation in the bathymetric map by Arndt et al. (2015)
(Figure 4.4). Arndt et al. (2015) already noticed that the existence of a deep link
between the Norske Trough and 79NG is likely as judged by observed paleo-ice
flow patterns (Arndt et al., 2015). We propose that the bathymetry provides
a direct pathway for subsurface AIW from the shelf edge toward the grounding
line of the 79NG. A direct connection between the glacier cavity and the Norske
Trough would explain the rapid AIW exchange rates between the continental
shelf and the 79NG cavity of one year (Wilson and Straneo, 2015).
Long-term changes in AIW on the continental shelf and in the 79NG cavity
likely reflect on changes in properties of AW found in Fram Strait. We observed
the largest warming in Atlantic water temperatures over the last decades at the
southern shelf edge, i.e., the seaward inlet of the Norske Trough (Figure 4.7).
This is consistent with the warming in AW observed by Beszczynska-Mo¨ller et al.
(2012) in Fram Strait between 1997 and 2010. At the same time, we did not
find any evidence of a warming in Atlantic waters at the seaward inlet of the
Westwind Trough (Figure 4.7). This possibly implies that the long-term warming
signal found on the continental shelf originates from water recirculating in Fram
Strait and propagating through the Norske Trough all the way to the 79NG. It
is also consistent with a northwestward subsurface flow in the Norske Trough.
A warming in AIW will impact on the Greenland outlet glaciers by a thin-
ning of the glaciers through increased basal melting. Rignot and Jacobs (2002)
compared the basal melt rates (that have been calculated from satellite radar
interferometry observations of ice velocity) and the thermal forcing by the ocean
(using nearest in situ ocean temperature measurements) for 23 Antarctic glaciers.
From this, they estimated that an increase of ocean temperatures by 0.1 C causes
an increase in basal melting of 1 m yr 1. Correspondingly, an increase in AIW
temperatures of 0.5 C (as observed in Norske Trough) may cause an increase in
basal melting of the 79NG by 5 m yr 1. However, a temperature increase and an
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increased release of freshwater by basal melting will cause additionally changes in
the ocean circulation beneath an ice shelf. Based on a three-dimensional ocean
general circulation model, Holland et al. (2008) found that there exist a linear
relation between the melt rate with the ocean flow speed. Consequently, they find
that the total ice shelf basal melt rate increases quadratically as the ocean warms.
According to the quadratic law proposed by Holland et al. (2008), an increase
in ocean temperature from 0.5 C–1 C would cause an increase in the total melt
rate by 25%. Thus, changes in the ocean temperature are critical for a thinning
of the 79NG, which has been proposed already by Mouginot et al. (2015)
4.8 Conclusion
The combination of historic and recent bathymetric and hydrographic observa-
tions on the NEG continental shelf made it possible to follow the subsurface
pathway of waters of Atlantic origin from the continental shelf break toward the
79NG. The Norske Trough is deep enough to allow warm AIW, i.e., warmer than
1 C, to flow from the continental shelf break to the 79NG. Our velocity observa-
tions suggest that a boundary current flowing along the northeastern slope of the
Norske Trough transports the warm AIW toward the 79NG. We propose that a
370 m deep channel allows a direct exchange flow of warm AIW between the 79NG
cavity and the Norske Trough. Toward the Westwind Trough, the northward flow
of warm AIW is mostly limited by the variable topography. The shallowest sill
depth of 240 m halfway in the Westwind Trough has the potential to block the ex-
change flow of AIW in either direction. However, mixing with glacially modified
waters originating from the 79NG and/or ZI likely transforms AIW into lighter
waters and thus may enable a throughflow of glacier modified AIW across the
deep sills in Westwind Trough. More direct current measurements (both time
series and survey-based) and bathymetric mapping are needed to gain a better
insight into the regional subsurface circulation.
We hypothize that the dynamics of the subsurface ocean heat flux associated
with the subsurface inflow of warm AW (being invisible to remote sensing) onto
the NEG continental shelf is an important driver of ice sheet retreat and chang-
ing glacier dynamics. We found evidence for a warming by 0.5 C inside Norske
Trough and suggest that this warmer AIW also has entered the 79NG cavity. As
already pointed out by Mouginot et al. (2015), warmer AIW in the glacier cavity
will cause increased basal melt rates close to the 79NG grounding line having im-
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plications for the future stability of the floating glacier tongue and subsequently
for the Northeast Greenland Ice Stream.
In the future, numerical modeling studies augmented by hydrographic, ve-
locity and bathymetry measurements are needed to study the processes which
(i) allow the warm water of Atlantic origin to enter the trough system in more
detail, (ii) determine the flow of AIW toward 79NG, and (iii) steer AIW to enter
and circulate inside its subglacial cavity. It would be especially valuable to prove
the existence of our proposed continuous deep connection (Figure 4.4) from the
Norske Trough to the 79NG calving front. A realistic bathymetry data set is
essential for future modeling studies on the AIW flow dynamics, the ice-ocean
interaction and possible future changes.
Acknowledgements We acknowledge the contribution of all crew and techni-
cians onboard R/V Lance and R/V Polarstern. We thank Ge´reon Bude´us and
Alun Hubbard for the help in preparing and carrying out CTD profiles from
the sea ice in April 2016. We acknowledge Jeremy Wilkinson for providing data
obtained by the Autosub-22 mission M365 and Nat Wilson for providing CTD
data from the 2009 campaign of WHOI. Joleen Heiderich and Olaf Eisen are ac-
knowledged for helpful contributions and discussions. This work was supported
in part through grant (OGreen79) from the Deutsche Forschungsgemeinschaft
(DFG) as part of the Special Priority Program (SPP)-1889 “Regional Sea Level
Change and Society” (SeaLevel). Landsat data were available from the U.S. Ge-
ological Survey. We thank I. Fenty and two anonymous reviewers for their help
in improving the manuscript. Data are available upon request from the authors
(janin.scha↵er@awi.de).
88
5. Characteristics of flow and hy-
drography across the calving
front of the 79 North Glacier
In the previous Chapter the main pathway of warm waters across the NEG con-
tinental shelf to the outlet glaciers of the 79 North Glacier has been investigated.
However, the flux of warm waters across the calving front into the 79NG cavity
remained speculative. In summer 2016, an extensive bathymetric survey and hy-
drographic and velocity measurements were carried out in the near-field region
of the 79NG and ZI, in particular along the pinned calving front of the 79NG
(Figure 5.1). The following Chapter shows results gained from this unique data
set revealing the ocean exchange between the continental shelf and the 79NG
cavity.
Figure 5.1: Map highlight-
ing the focus regions (red
boxes) of Chapter 5. The
map relies on RTopo-2.0.1
showing the NEG continen-
tal shelf bathymetry (see Fig-
ure 4.1) and the locations of
the three outlet glaciers of
the NEGIS.
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5.1 Introduction
In the past decades the majority of marine-terminating glaciers around the coast
of Greenland have accelerated, retreated, and experienced a thinning and calv-
ing at an increasing rate (e.g., Rignot and Kanagaratnam, 2006; Howat et al.,
2008; Stearns and Hamilton, 2007; Dietrich et al., 2007). The retreat of glaciers
around the southwestern and southeastern coast of Greenland has been linked
to a warming of Atlantic Water (e.g., Straneo and Heimbach, 2013) found to be
present in the glacial fjords (e.g., Holland et al., 2008; Straneo et al., 2010).
While most of the Greenland glaciers are marine-terminating glaciers, there
exist only a limited number of floating ice tongue glaciers. Based on interferomet-
ric synthetic aperature radar (InSAR) data collected between 1992 and 1996, Rig-
not et al. (2001) estimated that the three largest floating ice tongue glaciers, i.e.,
Petermann Glacier, Nioghalvfjerdsfjorden Glacier (also referred to as 79 North
Glacier, hereafter 79NG), and Zachariæ Isstrøm (hereafter ZI), control 90% of ice
discharge in Northern Greenland (north of 75  N).
Large calving events observed since 2010 suggest that also the ice tongue
glaciers along the northern coast of Greenland have started to retreat (Nick et al.,
2012; Khan et al., 2014; Mouginot et al., 2015). Basal melting of the floating ice
tongues may have profound e↵ects on the stability of the ice tongue glaciers in
the future (e.g., Nick et al., 2012).
In the last decades, two large floating ice tongue glaciers, namely Jakobshavn
Isbræ and ZI, transitioned to marine-terminating glaciers with grounded termini
(Holland et al., 2008; Mouginot et al., 2015). The 15 km long ice tongue of
Jakobshavn Isbræ disintegrated in the early 2000 (Holland et al., 2008), while ZI
lost its floating ice tongue between 2012 and 2014 (Mouginot et al., 2015). At the
same time the 79NG (located 50 km north of ZI) remained close to a stable mass
balance (Mouginot et al., 2015). An increase in Atlantic Water temperatures
is suggested to be the main driver for the collapse of the ice tongues due to
increased calving and larger basal melt rates (Holland et al., 2008; Khan et al.,
2014; Mouginot et al., 2015). However, no oceanic measurements close to ZI
have been published to prove that Atlantic Water may be present at the glacier’s
calving front (Figure 5.2a).
Before summer 2016 large data gaps existed not only in the vicinity of ZI
but also in the near-field 79NG region (Figure 5.2a). First hydrographic mea-
surements taken close to the 79NG calving front were carried out in July/August
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Figure 5.2: Bathymetric map showing the innermost part of the NEG continental shelf
with the 79NG and ZI. The bathymetry is based on RTopo-2.0.1 (see Section 2.1.1),
calving fronts rely on a Landsat image taken on 16 August 2016. Coloured squares mark
the positions of hydrographic profiles discussed in the text. (b) Sketch of the suggested
79NG circulationWilson and Straneo (2015): Atlantic Intermediate Water (AIW) flows
through the calving front into the cavity where mixing with subglacial runo↵ and basal
meltwater modifies the AIW. The glacially modified meltwater (GMMW) leaves the
cavity via the calving front and Dijmphna Sund where it mixes with Polar Water
(PW). Figure adapted from Wilson and Straneo (2015).
1997 by Mayer et al. (2000). These show waters warmer than 1 C below 300 m
depth (Chapter 4, Figure 5c; Scha↵er et al., 2017). Only 12 years later, in 2009,
another campaign at the 79NG showed water warmer than 1 C to be present
also in the 79NG cavity beneath the 79NG (Straneo et al., 2012). Hydrographic
measurements inside the 79NG cavity were accomplished through a glacier rift
(Figure 5.2a). Wilson and Straneo (2015) analysed these data in combination
with ship-based hydrographic measurements carried out in Dijmphna Sund and
in the trough system northeast of the 79NG calving front (Figure 5.2). Based on
the hydrographic data and single beam depth soundings from 2009, they pointed
out that warm Atlantic Intermediate Water (AIW) present in the 79NG cavity
cannot be supplied via Dijmphna Sund. Instead, there needs to be a passage
through the calving front that allows an exchange of warm AIW (Figure 5.2b).
This idea was further supported by the findings from Scha↵er et al. (2017). A
LADCP section and a timeseries of current speeds from a moored ADCP re-
vealed a flow of warm AIW toward the inner part of the continental shelf, i.e.,
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toward ZI and 79NG. In addition, based on an updated bathymetry, a detailed
analysis of the topographic data, and a collection of all available historic and
recent hydrographic data, Scha↵er et al. (2017) concluded that there likely ex-
ists a direct pathway of warm AIW between Norske Trough and the 79NG cavity
(Chapter 4, Figure 3; Scha↵er et al., 2017). Thus, if AIW temperatures in Norske
Trough increase, this additional heat might also be advected into the 79NG cavity
(Chapter 4; Scha↵er et al., 2017). As a consequence, increased basal melting at
the 79NG base may have profound e↵ects on the stability of the floating tongue
glacier in the future.
Basal melting was quantified by Mayer et al. (2000) based on a calculation of
the 79NG mass balance. They estimated an average basal melt rate of 8 m yr 1.
Wilson and Straneo (2015) combined this estimate of freshwater input by basal
melting with the stratification observed inside the 79NG cavity and suggested an
exchange volume flow between the cavity and the continental shelf of 38 mSv. The
exchange flow at the cavity entrance is characterized by an inflow of warm AIW
in the deep layer and an outflow of glacially modified waters on top (Figure 5.2b).
The latter is formed by mixing of glacial meltwater (i.e., both basal meltwater
and subglacial runo↵) and AIW inside the cavity. The glacially modified water
mass is less dense, i.e., more buoyant, than the surrounding AIW and will initiate
a buoyant meltwater plume rising along the 79NG base. Thus, the circulation
within the cavity is referred to as a glacier-induced overturning. Wilson and
Straneo (2015) concluded that the exchange flow between the cavity and the
continental shelf would be strong enough to flush the cavity, estimated at 700 km3,
in less than 1 year. One pathway by which glacially modified waters leave the
cavity was found to be Dijmphna Sund (Figure 5.2b), where mixing with shelf
waters was also observed (Wilson and Straneo, 2015).
Due to the lack of data, the role of the eastern pinned calving front as another
pathway for glacially modified water leaving the cavity remained speculative. The
exchange flow between the 79NG cavity and the NEG continental shelf through
the calving front has been inferred so far from indirect methods only (Wilson
and Straneo, 2015; Scha↵er et al., 2017). There has not only been a lack in
more comprehensive synoptic hydrographic and velocity measurements but also
in long-term observations to understand the temporal variability of the glacier-
ocean system.
In summer 2016, an extensive bathymetric and hydrographic survey both on
the continental shelf and also in the near-field 79NG region has been conducted
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with R/V Polarstern. These data fill some of the large data gaps in front of
the 79NG and provide the first comprehensive view of the AIW exchange across
the pinned calving front based on direct ocean measurements. The observations
support previous conclusions presented in Chapter 4 and give new insights into
the topographic control of the flow of AIW into the 79NG cavity as well as into the
glacial modification of AIW. The aims of this Chapter are (i) to detect where the
warm AIW (supplied via Norske Trough) flows into the 79NG cavity (Section 5.3),
(ii) to study the exchange flow between the cavity and the continental shelf at the
cavity entrance (Section 5.4), (iii) to analyse the dynamics controlling the flow
of AIW into the 79NG cavity (Section 5.5), and (iv) to investigate the mixing of
glacially modified AIW with shelf waters (Section 5.6).
5.2 Data
In summer 2016, an oceanic survey was conducted in Fram Strait and on the
NEG continental shelf with R/V Polarstern (cruise PS100, Kanzow (2017)). In
total, 193 conductivity-temperature-depth/lowered acoustic doppler current pro-
filer (CTD/LADCP) casts were carried out (Figure 5.3) with a standard CTD
SBE 911plus system and two 300 kHz RDI Workhorse ADCPs (one upward and
one downward oriented) mounted on the frame of the CTD rosette. In this study,
CTD/LADCP sections taken across the trough system on the NEG continental
shelf and in the near-field 79NG region (Figure 5.3) will be analysed.
Hydrographic data
The CTD was equipped with one pressure and one oxygen sensor and two sets of
temperature and conductivity sensors sampling at 24 Hz. During cruise PS100
water samples were taken from Niskin bottles to calibrate the conductivity and
oxygen sensors. Thus very high-accuracy data (salinity bottle-sensor deviation of
0.002 r.m.s) were achieved. All processed CTD profiles with a vertical resolution
of 1 dbar are available in the World Data Center PANGAEA (Kanzow et al.,
2017).
In addition to the ship-based measurements, an RBRduet 3.01 pressure and
temperature logger and two Sippican XCTD-01 probes provided hydrographic
data in regions which could not be reached by R/V Polarstern. In total, nine
profiles with the RBR temperature-depth logger recording at 16 Hz were taken.
After four test stations in open water close to the 79NG, five stations in the
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Figure 5.3: Bathymetric map showing the cruise track of R/V Polarstern cruise PS100
and all CTD/LADCP, temperature-depth stations (T.d logger), and XCTD stations.
The bathymetry is based on RTopo-2.0.2 (see Section 2.1.1). White lines mark isobaths
in 500 m intervals. The small map in the upper left of the Figure shows the region
close to the 79NG pinned calving front where an extensive bathymetric survey has been
carried out.
vicinity of ZI were collected via helicopter (Figure 5.3). The raw data are available
in PANGAEA (von Appen et al., 2017a). The two XCTD casts were taken in a
glacial rift formed at the point where the 79NG abuts Hovgaard Ø (Figure 5.3)
and provide a snapshot of hydrographic properties present inside the 79NG cavity.
Velocity data
The LADCP system was used to infer vertical profiles of velocities. Based on
the inverse method by Visbeck (2002) and constrained by the vessel mounted
ADCP (VMADCP), the data were processed using the LDEO LADCP software
provided by Andreas M. Thurnherr. The RDI Ocean Surveyor VMADCP (150
kHz) measured ocean current velocities in the upper 300 m while underway. Data
was processed with the VMADCP software provided by GEOMAR, Helmholtz
Centre for Ocean Research Kiel. Processed LADCP data have a vertical resolu-
tion of 10 m and an accuracy of 4 cm s 1. Raw data are available in PANGAEA
(von Appen et al., 2017b).
For the analyses, LADCP velocities obtained on the continental shelf were
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detided using the Arctic Ocean Tidal Inverse Model (AOTIM-5) (Padman and
Erofeeva, 2004). The M2 barotropic tidal amplitude on the continental shelf
about 50 km east of the glacier (79 30’N, 17  W) is about 3.4 cm s 1. In combi-
nation with the overall r.m.s. error of processed LADCP velocities of 4 cm s 1,
I expect the detided LADCP velocities to have an error of < 7.4 cm s 1 on the
continental shelf.
However, LADCP data from profiles taken close to the calving front of the
79NG, i.e., not inside the trough system on the continental shelf, were not de-
tided. Tidal models do not perform well in the area close to the 79NG because
they do not include a realistic bathymetry. The bathymetry used in the AOTIM-
5 tidal model (Padman and Erofeeva, 2004) shows (unrealistic) water depths
close to zero, and tidal velocities are almost zero for locations nearby the calving
front of the 79NG. Alternatively, long-term observations can be used to compute
tidal velocities. So far, the nearest moored measurements obtained in 1992 were
carried out within Westwind Trough by Topp and Johnson (1997) and revealed
M2 tidal amplitudes of 4.5–5.5 cm s 1 in 75 and 150 m, and 3 cm s 1 in 250 m
depth. However, these measurements were obtained relatively far away from the
79NG calving front and do not serve to detide the LADCP data. A third method
to estimate the importance of tides close to the 79NG can be applied based
on tidal-movement observations by simultaneous di↵erential global positioning
system (GPS) measurements (Thomsen et al., 1997; Reeh et al., 2000). From
continuous GPS measurements on the 79NG, Reeh et al. (2000) detected tidal
surface height oscillations of about 0.8 m and a period near 12 hours. Assuming
that the respective volume of water (1 m ⇥ the ice area, i.e., 20 km ⇥ 70 km fol-
lowing Wilson and Straneo (2015)) needs to enter through a minimal inflow area
across the cavity entrance (Ain = 1.2 km2, see Section 5.4.1), a maximum tidal
amplitude of 2.2 cm s 1 has been computed. Combining the di↵erent estimates
I assume a maximum barotropic tidal amplitude of about 3 cm s 1 close to the
79NG.
Bathymetric data
Onboard R/V Polarstern bathymetric data was collected with the hull-mounted
multibeam echo-sounding system (Kanzow , 2017). In the vicinity of the 79NG,
where no depth soundings have been collected before (e.g., Figure 4.4), bathymet-
ric mapping during cruise PS100 (Figure 5.3, inset) revealed new details of the
topography relevant for the flow of AIW as will be shown in the following Sections.
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All bathymetric maps shown in this Chapter are based on an updated version of
the RTopo-2 data set (Chapter 3; Scha↵er et al., 2016), hereafter referred to as
RTopo-2.0.2.
In addition, a Landsat visual satellite image with a horizontal pixel size of
15 m taken on 16 August 2016 is used to detect the calving front positions of the
79NG and ZI ( c NASA Landsat-8 18.08.2016).
5.3 Newest insights into warm water pathways
toward the 79NG and ZI
Before studying the ocean exchange observed at the calving front of the 79NG, I
will follow up on Chapter 4 and present new insights into the AIW pathways to-
ward the pinned calving front of the 79NG but also toward ZI based on the PS100
data. Hereafter the term “calving front” refers to the eastern pinned calving front
of the 79NG only (Figure 5.4), not including the calving front leading into Dijm-
phna Sund. In the following, the AIW characteristics present at the innermost
parts of Westwind and Norske Troughs will be compared with those found in the
vicinity of ZI and the 79NG calving front. Additionally, CTD/LADCP sections
will be analysed in order to constrain AIW pathways on the inner shelf.
To compare the AIW characteristics present at the 79NG with its surround-
ings, all CTD/LADCP stations from the near-field 79NG region (79–80 N,
15–21 W) are grouped based on their regional origin. Figure 5.4 indicates the
following six regions: The innermost part of Westwind Trough immediately north
of the 79NG region (grey squares) and the innermost part of Norske Trough im-
mediately south of the 79NG region (dark blue), both covered by a CTD/LADCP
section (WT4 and NT4) taken across the troughs, respectively. A third CTD/
LADCP section was carried out between Lamberts Land and Norske Øer suppos-
edly containing waters modified by glacial meltwater originating from ZI (light
blue). CTD stations taken along the 79NG calving front (red) as well as one
XCTD profile sampling the 79NG cavity through a glacial rift (black) reveal the
properties in front of and within the 79NG cavity, respectively. The last region
of interest in studying the flow of warm AIW from the trough system toward the
79NG calving front is the transition region located between the calving front of
the 79NG and the trough system (orange). As will be shown below, each region
displays distinct ✓-S properties.
The ✓-S characteristic from all CTD/LADCP stations from the near-field
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Figure 5.4: Bathymetric map of the near-field 79NG region and the adjacent trough
system marking the discussed regions in the text. The bathymetry is based on RTopo-
2.0.2. Grey lines mark isobaths in 50 m intervals. Land is grey shaded. The extents
of 79NG and ZI are white shaded based on a Landsat image taken on 16 August 2016.
Coloured squares mark the positions of CTD/LADCP stations carried out during R/V
Polarstern cruise PS100; black/white crosses mark the locations of the CTD/LADCP
profiles plotted in Figure 5.5. The box marks the position of the map given in Fig-
ure 5.13 (magenta dashed line).
79NG region have been analysed (not shown). In order to provide a better
overview, only a single profile being representative of each region is shown in
Figure 5.5. In ✓-S space it becomes evident that at temperatures exceeding 0.3 C
profiles from all the six regions follow more or less the melting line (Figure 5.5a).
The melting line (see Section 2.2) has been computed based on Equation 2.1.
To solve Equation 2.1, I used a freezing point temperature of ✓f = -2.36 C.
The latter has been calculated based on the salinity extracted from the XCTD
measurements at 600 m depth (i.e., the approximate grounding line depth accord-
ing to Mayer et al. (2000)). Then the e↵ective potential temperature of ice at
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✓i = -15 C is ✓eff = -93 C (at zero salinity) which defines the end point of the
melting line. For the starting point the densest AIW properties in the 79NG cav-
ity has been used (S = 34.85 and ✓ = 1.35 C). Water masses distributed along
the melting line indicate a mixture of AIW and/or Knee Water with meteoric ice
melted by oceanic heat, i.e., by melting at the glacier base. The characteristics
of Knee Water will be introduced and studied in detail in Section 5.6.
In addition to basal melting, the glacier discharges freshwater by subglacial
runo↵. The runo↵ point (i.e., the starting point in ✓-S-space where the profiles
significantly deviate from the melting line; Section 2.2) is found at 0.55 C and
S = 34.55, i.e., near the 27.7 kg m 3 isopycnal (Figure 5.5). This compares well
with the findings by Wilson and Straneo (2015), who found the runo↵ point near
the 27.6 kg m 3 isopycnal, based on a XCTD profile taken in a glacial rift of the
79NG.
The modification of AIW in the 79NG cavity by mixing with subglacial runo↵
and basal meltwater will be analysed in detail in Section 5.6. For now, the focus
will be on AIW, i.e., waters with temperatures warmer than 0.5 C. From the pro-
files plotted in ✓-S space alone, it is di cult to distinguish between AIW modified
by basal melting and AIW that has not been in contact with the Greenland outlet
glaciers (Figure 5.5, inset). This is because waters entering the NEG continental
shelf show a ✓-S distribution (between 0.5 and 1 C) similar to that given by the
melting line. However, some di↵erences can be found in the characteristics of the
warmest waters.
Typical CTD profiles taken in Norske Trough and in the transition between
the trough system and the 79NG (Figure 5.4) show temperature maxima of
1.55–1.6 C at densities of 27.93 kg m 3, while the densest water found at depth
is slightly colder (about 1.52 C) (Figure 5.5). These characteristic temperature
maxima located well above the seafloor can be observed all along Norske Trough
and most likely are set by the Atlantic water properties at the shelf edge (Chap-
ter 4). The occurrence of these characteristic temperature maxima in the tran-
sition region between the trough system and the 79NG calving front suggests
that there is a warm AIW inflow from Norske Trough to the near-field glacier
region. In contrast, all CTD profiles originating from Westwind Trough, ZI and
the 79NG calving front show temperature maxima at the bottom (Figure 5.5b).
The most likely reason is that AIW is blocked by a sill (across the trough sys-
tem) which only allows waters at depth shallower than the temperature maxima
to flow across.
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Figure 5.5: (a) ✓-S diagram for subsurface waters with S > 31, and corresponding
profiles of (b) potential temperature, (c) salinity, (d) potential density, and (e) absolute
velocity taken in the near-field 79NG region (Figure 5.4). Colours identify the regions
as marked in Figure 5.4 with each single profile being representative of one region. (a)
Both the runo↵ line and melting line are marked by black dashed lines, the surface
freezing line is marked by a grey dashed line. The inset shows a detail for waters
warmer than 0 C. In panels (b), (c), and (d) the red square at 500 m depth marks the
characteristics measured at 720 m depth inside the 79NG cavity. The inset in panel
(b) shows details for subsurface waters warmer than 1.4 C.
In ✓-S-space, the CTD profiles from the 79NG calving front (Figure 5.5) show
✓-S slopes similar to those from the surrounding regions at temperatures ranging
between 0.5 and 1.3 C. In contrast, the vertical profiles of temperature and salin-
ity (panels b and c of Figure 5.5) taken at the 79NG calving front deviate from all
the other profiles at depth deeper 250 m. At the calving front, the temperature
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gradient separating the bottom waters warmer than 1 C from waters colder than
0.8 C is found between 360 to 400 m depth. In contrast, a similar gradient is
found roughly 100 m shallower in all other regions. In addition, LADCP-based
measurements at the 79NG reveal enhanced bottom velocities up to 30 cm s 1
(Figure 5.5e), which is almost twice the value of the greatest current speeds ob-
served in the near-field 79NG region. The 79NG characteristics thus seem to
stand out from its surroundings and will be studied in detail in the following
Section 5.4.
Based on the ✓-S characteristics it is found that warm AIW is present at the
calving front and in the 79NG cavity (Figure 5.5). The warmest waters originate
from the Norske Trough. Still, warm AIW is also found in all of the surrounding
regions flanking the 79NG. Next, the CTD/LADCP sections taken in Westwind
Trough and Norske Trough as well as the temperature profiles taken close to ZI
will be analysed in order to detect the pathways of warm AIW from the trough
system toward the 79NG calving front.
Figure 5.6: Sections of potential temperature (top) and detided cross-section veloc-
ity with positive roughly northward (bottom) overlain by isopycnals across Westwind
Trough (left) and Norske Trough (right) (see map in Figure 5.4). The sections were
taken about one week apart from another (20./27. August 2016). The dotted black line
at 325 m depth denotes the shallowest sill depth along the warm AIW pathway toward
the 79NG calving front as discussed in Section 5.5. The seafloor (shaded in grey) is
inferred from RTopo-2.0.2. The white squares mark the positions of the CTD/LADCP
stations. The section across the western part of Westwind Trough was extended toward
the coast (Figure 5.4).
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Westwind Trough
As already mentioned in Chapter 4, the seafloor in Westwind Trough is charac-
terized by a rather hilly bathymetry with water depths being shallower compared
to those in Norske Trough (Figure 5.4). Along the 36 km wide Westwind Trough
section three narrow passages filled with AIW can be identified (Figures 5.6a and
5.6c). The center (station 263) and the eastern (station 261) passages are 260
and 280 m deep, respectively, and filled by AIW with maximum potential tem-
peratures of 1 C. The narrow passage at the western end of the section reaches
deeper than 330 m and is filled by AIW with a maximum potential temperature
of 1.65 C. Detided current velocities obtained from LADCP profiles show rather
small cross-section velocities of less than 6 cm s 1 within the passages for water
depth below 200 m. The snapshot shows AIW with temperatures warmer 1 C
flowing northwards through the westernmost narrow passage, while AIW with
temperatures less than 1 C displays weak, non-uniform flow in the central and
eastern passages of Westwind Trough. However, all velocities observed in West-
wind Trough are small and fall within the error range of detided LADCP-based
velocities.
Norske Trough
In contrast, the 37 km wide section across Norske Trough shows a rather smooth
(“U”-shaped) bottom topography with steep slopes toward both sides of the
trough (Figures 5.6b and 5.6d). The 400 m deep trough is filled by warm AIW
with potential temperatures warmer than 1.4 C. At 300 to 350 m depth maximum
potential temperatures of 1.5 to 1.7 C are observed. These compare well with
the maximum temperatures observed in the westernmost channel in Westwind
Trough. However, while the warmest waters in Westwind Trough are observed
at depth, the warmest waters in Norske Trough are observed about 50 m above
the seafloor. In Norske Trough a coherent northward flow of the warmest water
(i.e., below the 27.9 kg m 3 isopycnal) is observed (i.e., toward Westwind Trough
and/or the 79NG) and reaches maximum current speeds of 16.5 cm s 1 at station
188. This is almost three times faster than the current speeds observed in West-
wind Trough and well above the maximum tidal amplitudes of 3 cm s 1 estimated
from the tidal model of Padman and Erofeeva (2004) and the total error of the
detided LADCP velocities. In the western Norske Trough (stations 188 and 189)
northward velocities of 10 to 15 cm s 1 are observed throughout the whole water
101
CHAPTER 5. FLOW AND HYDROGRAPHY AT THE 79NG
column. In contrast, in the eastern part of the section, the northward flow is
restricted to the upper 100 m of the water column and above the seafloor (denser
than 27.8 kg m 3).
The sections across Westwind and Norske Trough support the previous find-
ings discussed in Chapter 4 that the warmest waters present in the 79NG region
originate from Norske Trough. Assuming that there is a 300 to 400 m deep
connection between both troughs, the observations may imply the existence of
a continuous northward flow of warm AIW from Norske Trough into Westwind
Trough.
ZI region
The flow of warm AIW toward the 79NG would get more complex considering
that there may exist AIW pathways from Norske Trough taking a detour toward
ZI before they approach the 79NG (Figure 5.7b). Five temperature profiles were
taken during PS100 in the near-field ZI region, which I consider to extend in
East-West direction from the chain of islands including Norske and Franske Øer
to the calving front of ZI, and in North-South direction between 78 30’N and
79 10’N (red dashed line in Figure 5.7b). Within this region measurements of
Figure 5.7: (a) Temperature profiles and (b) bathymetric map comparing CTD mea-
surements from Norkse Trough and the 79NG region (in blue and black) with temper-
ature profiles (TD) taken in the near-field ZI region (in light blue, yellow and red).
(b) The map is based on RTopo-2.0.2 and shows the near-field ZI region (red dashed
line) and its surrounding area naming all islands/bays used in the text (S. Ø short for
Schnauder Ø). Coloured squares mark the positions of the CTD/TD profiles shown in
panel (a).
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seafloor depth are available only at the points of the temperature profiles.
The temperature profiles taken in the ZI region reveal water depths deeper
than 500 m and show first evidence that warm AIW with maximum temperatures
of 1.5 C is present close to the ZI calving front (Figure 5.7a). The maximum
temperatures exceed those observed at the 79NG calving front by 0.15 C (Fig-
ure 5.7a). In comparison, temperatures between 300 and 500 m depth observed
close to the ZI calving front and in Jøkelbugten are up to 0.5 C colder than tem-
peratures in the same depth layer observed further north, i.e., between Lamberts
Land and Norske Øer. The latter show similar temperatures as found in Norske
Trough and in the transition region between the 79NG and Norske Trough. In
contrast, temperature profiles close to the calving front of ZI and in Jøkelbugten
compare rather well with a temperature profile taken at the 79NG calving front
(black line in Figure 5.7a).
This possibly indicates that there are di↵erent pathways of warm AIW and/or
glacially modified waters in the near-field ZI region. However, more data will be
required to study those in detail. In general, the flow of warm AIW from Norske
Trough to ZI is restricted by the North-South oriented chain of islands (Norske
er, Franske er, and others further south). Based on the temperature profiles
indicating warm AIW to be present in the near-field ZI region, it is assumed
that there may be passages deeper than 250 m providing a pathway of warm
AIW from Norske Trough to ZI as indicated in Figure 5.8. Due to the limited
data, the analysis remains quite speculative. One other open question is whether
there is a passage providing a subsurface ocean exchange with waters modified
by Storstrømmen Glacier (StG) located further south at the Greenland coast
(Figure 1.2a).
Figure 5.8 shows a summary of the warm AIW pathways from Norske Trough
toward the 79NG based on the 2016 observations. Parts of this water possibly
make a detour by entering the ZI outlet region before they reach the 79NG re-
gion. Another fraction of warm AIW may directly flow northward into Westwind
Trough. Once warm AIW has reached the 79NG region, enhanced bottom veloc-
ities of up to 30 cm s 1 measured at the glacier calving front suggest that warm
AIW is transported into the 79NG cavity. This will be studied in more detail in
the following Sections.
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Figure 5.8: Schematic of warm AIW pathways from Norske Trough toward ZI, the
79NG, and Westwind Trough. Red arrows mark pathways where both hydrographic
properties and current speeds exceeding 15 cm s 1 (i.e., well exceeding tidal current
speeds) give evidence for the flow of warm AIW toward the 79NG. Potential warm
AIW pathways in regions where more data is required to prove the flow of warm AIW
are marked by orange arrows. The yellow arrows indicate the flow of glacially modified
AIW which will be studied in more detail in Section 5.6. The bathymetry is based on
RTopo-2.0.2.
5.4 Ocean exchange across the 79NG calving
front
In the previous Sections it has been shown that warm AIW is transported from
Norske Trough toward the 79NG calving and into the 79NG cavity. The oceanic
heat supplied to the 79NG cavity may cause melting at the 79NG base and, thus,
a mixture of AIW and glacial meltwater is expected to flow out of the 79NG
cavity. In the following Section, the ocean exchange flow across the 79NG calving
front, describing the strength of the overturning within the cavity, is analysed in
detail. The focus in this Section will be on observations taken right at the 79NG
calving front during cruise PS100. Here, several islands and seamounts serve
as pinning points for the floating glacier tongue and, thus, limit the oceanic
through flow. Based on the 2016 data the location and the characteristics of the
flow of warm AIW between the pinning points into the 79NG cavity are studied
(Section 5.4.1). Areas along the glacier calving front too shallow to allow the
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exchange of warm AIW will be separated from areas possibly blocking any water
exchange between the 79NG cavity and the continental shelf. By this, a cross-
section at the cavity entrance providing the main gateway for an oceanic exchange
flow between the 79NG cavity and the continental shelf is defined. Subsequently,
the volume, heat, and salt fluxes through this cross-section are computed and
the glacial modification of AIW inside the cavity is described (Section 5.4.2).
Finally, based on the theory introduced in Section 2.3, the cavity mass, heat, and
salt budgets are used to estimate the freshwater fluxes from basal melting and
subglacial runo↵.
5.4.1 Hydrographic properties, current speeds, and bathymetry
In the following section, all CTD/LADCP profiles taken along the calving front
will be taken into account to study the in/-outflow across the cavity entrance.
For now, the aim is to distinguish possible passages (i.e., conduits which allow
an exchange of AIW and/or glacially modified waters between the 79NG cavity
and the continental shelf) from “dead ends” blocking any throughflow of water
between the pinning points present along the calving front of the 79NG. This will
be achieved by analysing hydrographic and current properties observed along the
main glacier calving front with respect to the underlying bathymetry.
Oceanic passages and “dead ends”
Figure 5.10 shows sections of potential temperature and zonal velocity with
density contours along the 79NG calving front (Figure 5.9). The underlying
bathymetry is based on data from the multibeam echo sounder measurements
obtained during PS100. In addition, the shallowest depth toward the west of
the section as revealed from the multibeam data (i.e., toward the 79NG cavity,
for each point along the glacier calving front) is indicated. Furthermore, the ice
structure along the glacier calving front visible from the Landsat image gives
insights into the location and extent of the pinning points (Figure 5.9, labeled
A, B, C, D). When the floating glacier tongue becomes grounded, the ice com-
presses and consequently ice ridges are formed. Such ridges can be observed along
the glacier calving front and helped to detect the pinning points. By this, the
approximate North-South extent of the pinning points has been added to the
CTD/LADCP section (Figure 5.10). In addition, ice thickness information from
radar measurements and seismic observations (Chapter 3; Scha↵er et al., 2016)
reveal an ice base ranging between 80 to 120 m at the 79NG calving front. In
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2016, the glacier freeboard was estimated to be at least 10 m. This translates to
an icedraft of about 90 m, which is used as the approximate depth of the ice base
along the 79NG calving front.
In the following, all potential passages for the exchange of waters between the
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Figure 5.9: Landsat image of the 79NG calving front taken on 16 August 2016 and
multibeam echo sounder data east of the calving front obtained during cruise PS100.
Grey contour lines mark depth contours in 50 m intervals. Marked are the pinning
points (dark red lines): a group of islands at position A and ice rises named B, C,
and D. The CTD/LADCP stations taken along the calving front (yellow hexagons
with station number) are connected by a yellow line indicating the position of the
CTD/LADCP section shown in Figure 5.10. Possible “dead ends” (black dashed lines)
and water exchange pathways for warm AIW (red arrow) and glacially modified waters
(blue arrows) are also shown. Sizeable exchange flow is only expected to occur across
the section roughly denoted by the brown line from A to C (shown in Figure 5.11).
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Figure 5.10: Potential temperature (a), and cross-section velocity (c) along the calv-
ing front of the 79NG (map in Figure 5.9). The cross-section velocity (uin) is defined
as the zonal velocity, positive when directed into the 79NG cavity. The location of the
CTD/LADCP stations are marked by squares and named by station numbers. Black
lines mark isopycnals; the white line indicates the approximate 79NG base at 90 m
depth; grey shading denotes the seafloor along the CTD section based on multibeam
echo sounder data. Grey hatched areas mark the minimum depth toward west from
multibeam data, i.e., toward the glacier cavity. Brown shading marks the pinning points
where the glacier is expected to lay on the seafloor. Panels (b) and (d) show profiles of
potential temperature and inflow velocity, respectively, taken at the positions marked
by coloured squares on top of panels (a) and (c).
79NG cavity and the continental shelf across the calving front will be discussed.
The analysis begins at the northern end of the calving front, at the coastline of
Hovgaard Ø, and ends at its southernmost extent, at the coastline of Lamberts
Land (Figure 5.9).
In the northern part of the calving front, the CTD profile taken at station 235
implies a 300 m deep passage between Hovgaard Ø and the main group of islands
A (Figure 5.10a). Waters warmer 1 C are present in a 20 m thick bottom layer
(Figure 5.10b). Nonetheless, the multibeam survey revealed an upward sloping
bathymetry toward west (i.e., toward the 79NG cavity) reaching minimum depths
of 100 m (Figure 5.9). Although the multibeam does not reach far below the
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glacier tongue, the seafloor structure implies that the 70 to 110 m thick glacier
front might be grounded on the seafloor. This is further confirmed by studying the
ice structure at the glacier front (Figure 5.9). From the roughness of the glacier
surface seen in the Landsat image it can be inferred that the glacier ice rises not
only west of CTD/LADCP station 235 but also almost over the entire calving
front between Hovgaard Ø and the pinning point islands A. Consequently, the
northern part of the glacier front (i.e., between stations 234 and 237) is suggested
to be a “dead end” for any sizeable exchange of waters between the continental
shelf and the 79NG cavity.
In contrast, south of the main group of islands A and north of a small ice rise
B a 500 m deep depression (hereafter inflow depression) is present (Figure 5.10).
Here, the bathymetry slopes deep down into the glacier cavity. Away from the
calving front, i.e., toward east, the seafloor slopes upwards in this latitudinal
band (Figure 5.9). There, the complex bathymetry provides a continuous pathway
deeper than 325 m between the inflow depression and the continental shelf, which
will be studied in detail in Section 5.5. In the inflow depression, the temperature
and velocity measurements show a swift, bottom-intensified flow > 30 cm s 1 of
AIW with a maximum temperature of 1.36 C below 400 m depth into the 79NG
cavity (Figures 5.10b and 5.10c). In total, three CTD/LADCP profiles (232, 233,
and 241, also shown in Figure 5.11) taken inside the inflow depression between
pinning points A and B suggest a bottom-intensified flow of warm AIW into the
79NG cavity and an outflow of glacially modified waters at shallower depth. This
will be studied in detail in Section 5.4.2.
South of the 500 m deep inflow depression, i.e., in between the pinning points
B and C, the multibeam echo sounder data indicates maximum depth of 300 m
at about the position of CTD/LADCP station 227 (Figures 5.9 and 5.10). While
the seafloor clearly slopes upwards to pinning point B between CTD/LADCP
stations 228 and 229, the remaining deep passage at CTD station 227 could be
relevant for water exchange between the 79NG cavity and the continental shelf.
However, water depths of 300 m and LADCP-inferred velocities less than 4 cm s 1
for waters with maximum temperatures as low as 0.4 to 0.6 C (Figures 5.10b and
5.10d) imply that this is not a relevant region for flow of warm AIW into the
79NG cavity. Enhanced eastward current speeds of 12 cm s 1 observed at station
227 at depths shallower than 250 m (Figures 5.10d) indicate that this passage is
an important region for the flow of glacially modified waters out of the cavity.
Following the calving front south toward Lamberts Land there exists one
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more passage revealing water depths exceeding 250 m. This passage is found at
CTD/LADCP station 220 between pinning point D and the coast of Lamberts
Land (Figures 5.9 and 5.10). The 300 m deep passage is filled with AIW showing a
maximum temperature of 1.38 C (Figure 5.10b). Current velocities below 250 m
are directed toward the 79NG cavity, however, with values less than 2 cm s 1
(Figure 5.10d). The bathymetric data indicates that west of station 220 the
seafloor slopes down into the 79NG cavity (Figure 5.9). Nevertheless, the seafloor
structure may imply that there exists a shallow sill connecting pinning points C
and D with the coastline of Lamberts Land as indicated by the black dashed line
in Figure 5.9 (Jan Erik Arndt, personal communication, 2017). In addition, just
east of station 220 a sill of 280 m is present. It is unclear whether the bathymetry
in the southernmost segment of the calving front is deep enough to provide an
exchange pathway for warm AIW between the 79NG cavity and the continental
shelf. Still, the importance of this passage seems to be minor in comparison to
the fast flow of warm AIW observed in the inflow depression between the pinning
points A and B.
Furthermore, the opening below the minor calving front located within Di-
jmphna Sund (Figure 5.4) may be relevant for a throughflow of waters. However,
Wilson and Straneo (2015) pointed out that any water exchange between the
79NG cavity and the continental shelf through Dijmphna Sund is controlled by a
sill of 170 m depth. While the sill is clearly too shallow to allow any inflow of AIW,
it might be a gateway for the export of glacially modified waters. Geostrophic
velocities across the Dijmphna Sund mouth at depth below 80 m are slower than
3 cm s 1 (Wilson and Straneo, 2015) and rather indicate an insignificant subsur-
face flow. For now, any volume flux through Dijmphna Sund is neglected. The
errors introduced by this assumption are estimated in Section 5.4.2.
In conclusion, the bathymetric data and the CTD/LADCP measurements
along the 79NG calving front show that there is only evidence for the existence
of one deep inflow depression (between pinning points A and B) providing a
direct connection and thus a conduit for the flow of warm AIW into the 79NG
cavity. There, a bottom-intensified flow with 30 cm s 1 and maximum potential
temperatures of 1.36 C enters the 79NG cavity. The dynamics of the flow into
the 79NG cavity, which is steered by the bathymetry, is discussed in Section 5.5.
A second passage present between pinning points B and C is too shallow to allow
for the throughfow of AIW. Still, glacially modified waters are flowing out of
the 79NG cavity through both of the passages at depth shallower 250 m. In
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Figure 5.10c it can be seen that maximum outflow velocities of 12 cm s 1 were
measured at a depth of 120 to 150 m at station 227. In the inflow depression
between pinning points A and B two velocity maxima directed out of the 79NG
cavity can be seen: one at 180 m depth at station 232 with a value of 9 cm s 1
and another at 110 m at stations 230 with a maximum speed of 11 cm s 1.
The remaining two passages between the coastlines north of pinning point A and
south of pinning point D are most likely “dead ends”. There, no evidence for a
substantial flow of glacially modified AIW out of the glacier cavity was found.
The cross-section at the cavity entrance
The first step to analyze the ocean exchange through the 79NG cavity entrance
is to define a representative cross-section separating the 79NG cavity from the
continental shelf. Based on the hydrographic and current speed measurements
along the 79NG calving front two passages for an ocean exchange between the
continental shelf and the 79NG cavity have been identified in the mid-part of the
calving front. Assuming that all volume is exchanged through both of the major
passages, a representative cross sectional area for the cavity entrance needs to be
defined. The temperature and velocity sections shown in Figure 5.10 were inter-
polated on a transect following all CTD stations taken along the glacier calving
front from north to south. The resulting section is not a straight but rather a
winding line (Figure 5.9) and consequently does not represent the width of the
passages realistically. To account for this, a straight section across both major
passages has been defined as follows: Both endpoints are set to the same lon-
gitude of 19 29.7’W. The northern endpoint is located on the pinning point A,
the southern one at the latitude of pinning point C (Figure 5.9). The resulting
9.7 km long section, shown in Figure 5.11, is assumed to be approximately per-
pendicular to the main flow of waters into and out of the cavity steered by the
bathymetry. The CTD/LADCP stations were shifted onto the straight section
by keeping their original latitudes.
One repeat measurement was taken at the position where strongest AIW in-
flow velocities were observed (“R” in Figure 5.11). The repeat CTD/LADCP
profiles (hereafter named R1 and R2) were taken 16 hours apart from another,
i.e., in another tidal phase. The hydrographic properties observed at both times
compare well, e.g., the AIW inflow properties at 462 m depth range between
✓R1 = 1.31 C / SR1 = 34.82 and ✓R2 =1.28 C / SR2 = 34.81 (Figure 5.11c). The
maximum flow speeds above the seafloor reach 30 cm s 1 and 34 cm s 1 (i.e.,
110
5.4. OCEAN EXCHANGE ACROSS THE 79NG CALVING FRONT
about 6 times larger than the assumed maximum tidal speed), respectively (Fig-
ure 5.11d), which could be an indicator for temporal variability caused by tides.
In general, the maximum values from LADCP processing are almost certainly
a lower estimate, because of the vertical averaging both during data acquisition
and processing. Thus, maximum inflow speeds may be even faster.
Accordingly, two di↵ering hydrographic/velocity sections across the cavity en-
trance are computed by either including R1 or R2. In the following, the resulting
sections named SR1 (using R1) and SR2 (using R2) are discussed separately.
Section SR2 is shown in Figure 5.11.
The flow across the cavity entrance section is limited by its surrounding
boundaries in the following way: The upper boundary is set by the draft of the
Figure 5.11: Sections of potential temperature (a) and cross-section velocity (b) at
the cavity entrance (section SR2). The cross-section velocity is defined as the zonal
velocity, positive when directed into the 79NG cavity. Density contours are marked by
thin black lines, the magenta line marks the 0.7 C isotherm. The location of the section
is discussed in the text and shown in Figure 5.9. Marked are the seafloor (grey shaded),
the pinning points (brown shaded), the approximate glacier extent (white shaded, trans-
parent), and the positions of CTD/LADCP stations (black/white squares). Panel (c)
and (d) show the potential temperature and zonal velocity profiles, respectively, ob-
tained at the repeat station R (marked in panels (a) and (b)) taken 16 hours apart
from another.
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calving front, i.e., the depth of the ice base at about 90 m depth. The boundaries
toward the sides of both passages are limited by the pinning points A, B, and C.
The extent of the pinning points as revealed from the Landsat image compares
well with data from multibeam measurements. The lower boundary of the cross-
section is defined by the seafloor observed along the section based on multibeam
echo sounder data. In segments where the multibeam echo sounder measurements
did not cover the straight section (i.e., mainly for distances less than 5.15 km),
the data point closest to the section in the east-west direction is used as a best
guess of the seafloor. At the northern end of the section, the bathymetry slopes
upward to the sea surface. There, the bottom topography has been estimated
by linearly connecting the southern coastline of pinning point islands A with the
northernmost extent of the echo sounder data along the section (Figure 5.11).
Hydrographic and velocity profiles were extrapolated toward the seafloor as-
suming a constant value equal to the CTD/LADCP data at maximum depth for
each profile, respectively. Subsequently, all hydrographic and velocity data were
interpolated along the defined cavity entrance section as shown in Figure 5.11.
5.4.2 Heat and freshwater exchange
After having described the hydrographic properties and area constraints along
the cavity entrance, the ocean exchange across the cavity entrance will be studied
based on transport calculations.
Glacial modification and overturning
Volume transports computed across section SR2 (Figure 5.11) within 10 m depth
bins reveal a bottom-intensified inflow of waters with largest transports between
400 and 480 m depth (Figure 5.12a). From the transport across the cavity en-
trance in density/temperature coordinates it is found that the transport into the
cavity is linked to waters with densities between 27.75 and 27.9 kg m 3 (Fig-
ure 5.12b) and temperatures ranging between 0.7 and 1.3 C (Figure 5.12c). The
warm inflow is balanced by a shallow outflow of waters close to the ice base (Fig-
ure 5.12a). Largest transports of outflowing waters are found between 90 and
180 m depth. Almost the entire outgoing transport (99%) covers densities be-
tween 27 and 27.75 kg m 1. Two thirds of the outgoing transport is found between
27.5 and 27.75 kg m 1. The observations point to a water mass transformation
within the 79NG cavity. While inflowing water has an e↵ective potential temper-
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ature1 of 1.1 C and an e↵ective salinity of 34.7, outflowing water has an e↵ective
temperature/salinity of 0.2 C/34.3. This can be interpreted as AIW cooled by
0.9 C and freshened by 0.4 within the 79NG cavity through glacial modification.
The properties and spreading of glacially modified AIW (hereafter mAIW) will
be studied in more detail in Section 5.6.
Figure 5.12: Transport Q integrated over section SR2 (Figure 5.11) in (a) depth
classes, (b) temperature classes, and (c) density classes. Panel (d) shows the cumulative
sum of the transports from the bottom to the surface based on sections SR1 (grey) and
SR2 (red). The black dashed line in (a) and (d) marks the approximate depth of the
ice base at the 79NG calving front. (d) The grey and red dashed lines mark the points
where the flow reverses for SR1 and SR2, respectively, corresponding to the 0.7 C
isotherm (b) and the 27.75 kg m 1 isopycnal (c).
Figure 5.12 suggests that the overturning circulation in the 79NG cavity is
characterized by a bottom-intensified flow of AIW into the 79NG cavity and a
shallow outflow of mAIW. Integrating the transports from the seafloor to the ice
base results in a net volume flux of -1.4 mSv. The deficit is small compared to the
total overturning transport (i.e., about 4%) and caused by an excess in the outflow
(Figure 5.12d). Still, the in- and outflow are approximately balanced with the flow
reversing at 272 m depth (Figure 5.12d). Based on the requirement that there is
precise compensation among the inflow and the outflow components, in the sense
that the seafloor to ice base integral yields zero residual mass transport across the
cavity entrance section, the mass budget is closed by adding a barotropic velocity
of 0.048 cm s 1 (directed into the cavity) to the velocity field (Montgomery ,
1The e↵ective inflow temperature is calculated by Teff =
R
TudA/
R
udA, integrated over
area A where u > 0 is directed into the cavity.
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1961). Then the balanced transport of the overturning is 35.7 ± 17.0 mSv with
the error range relying on a combination of the r.m.s. of the LADCP system
and errors estimated from tidal variability (see next paragraph). When using
cross-section SR1 the net volume transport is -15.9 mSv and the flow reverses
30 m deeper (at 297 m-depth) in comparison to SR2. In this case, the flow is
obviously not balanced. This is rather unphysical and may point to the fact
that errors due to tidal variability (not considered in the analysis) and/or errors
caused by the LADCP system may be large. Although the volume transport is
not closed, the error using SR1 falls within the error range. The overturning may
be closed by adding an inward barotropic velocity of 1.046 cm s 1 which results
in an overturning of 27.2 ± 17.0 mSv.
Errors and uncertainties
Largest errors for the transport estimates given above are considered to arise
from uncertainties in the velocity data. As already pointed out in the Data
Section 5.2, the accuracy of the LADCP data is 4 cm s 1. Furthermore, the
CTD/LADCP stations at the cavity entrance were taken within 9 and 23 hours
for sections SR1 and SR2, respectively. Thus, velocities contain errors arising
from tidal variability. Neither moored observations nor tidal models are avail-
able for detiding the data (see Section 5.2). In order to compute a transport
error arising from tidal variability I used the following procedure. A timeseries
of tidal currents has been constructed by randomly sampling a M2 tide with a
maximum tidal amplitude of 3 cm s 1. The corresponding standard deviation is
 vT = 2.2 cm s 1. Under the assumption that the tidal error is constant with
depth (because the tidal phase is constant), the mean standard error is approx-
imated by  vT (z) =  vT/
p
N(z)  1. The degrees of freedom described by N
are given from the number of profiles at di↵erent water depth. By integrating
 vT (z) over the section area, the transport error is 16 mSv, i.e., almost half of
the overturning transport at section SR2.
In order to compute the transport error arising from the LADCP system, 100
realizations of a random distribution of the r.m.s error (± 4 cm s 1) have been
used. Integration over the section area yields a transport error of 5 mSv. Com-
bined with the transport error estimated from tidal variability the total transport
error is 17 mSv.
Errors caused by the extra- and interpolation of the velocity data onto the
section SR2 are neglected. Still, it should be noted that the outflow observed in
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the passage between pinning point island B and C relies on one single velocity
profile only. Thus, errors by interpolation due to sparse measurements are pos-
sibly another source of uncertainty not considered here. Errors introduced by
the size of the section were also neglected. The accuracy of echo sounder data is
expected to be about one percent of the water depth, i.e., errors are smaller than
6 m. Between pinning point B and C, no direct measurement extending further
into the 79NG cavity are available and errors may be larger (Figure 5.9). This
is also true for the extent of the pinning point islands. Errors from the depth of
the ice base are estimated to be smaller than 20 m. Moreover, any seasonal or
interannual variability of the ocean exchange across the cavity entrance are not
considered due to a lack of observations.
Another source of errors for calculating the overturning inside the 79NG cav-
ity is provided by oceanic fluxes through any other passage not covered by the
section across the cavity entrance defined above. Largest uncertainties may arise
by not considering an ocean exchange through Dijmphna Sund, which can be
quantified as follows. It is assumed that glacially modified water flows out of the
glacier cavity through a section across the cavity entrance located in Dijmphna
Sund at 79 48’N with the ice base ranging between 70 and 110 m. I assume
no ocean exchange below 170 m due to a sill at the fjord mouth (Wilson and
Straneo, 2015) and a constant maximum outflow velocity of 5 cm s 1. The value
of maximum outflow velocity is justified based on two independent observations.
First, a snapshot of geostrophic velocities across the fjord mouth shows speeds
less than 5 cm s 1 below 80 m depth (Wilson and Straneo, 2015). Second, cur-
rent meter data from a mooring placed in a glacial rift at the southwest-end of
Dijphma Sund shows that the main current direction is oriented East–West, i.e.,
not into Dijmphna Sund, with maximum zonal velocities of 6 cm s 1 in 150 m
depth (Nat Wilson, personal communication, 2017). The maximum transport of
glacier modified water through the 8 km wide section across Dijmphna Sund is
-3.2 ± 1.1 mSv. If added to the outflow through the calving front, the transport
out of the cavity increases by 9 %.
Although errors for the volume flux based on the summer snapshot are large,
the data give first insights from direct oceanic measurements on the interaction
of the ocean with the 79NG. Section SR2 gives more plausible results compared
to SR1 with respect to a closed mass budget across the cavity entrance. The
glacially-induced overturning of 36 mSv compares well with the estimate by Wil-
son and Straneo (2015) who computed a transport of 38 mSv based on the ob-
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served stratification inside the 79NG cavity (using a XCTD profile taken in 2009)
and an estimate of the glacial meltwater input from glacier mass balance calcu-
lations by Mayer et al. (2000). In the following, all calculations will be based on
section SR2 ensuring a zero residual mass transport.
Heat and salt flux through the cavity entrance
Following up on the assumptions above, the advective heat and salt flux through
the cavity entrance can be computed when there is no net volume flux across
the section. The net advective heat flux (Hax in Equation 2.6) can be calculated
using the extrapolated potential temperature and zonal velocity fields (i.e., per-
pendicular to the section) inferred from CTD/LADCP data, respectively. By
this, a net heat flux over the section SR2 of 1.4 ± 0.2 ⇥ 1011 W directed into
the 79NG cavity is found. Accordingly, the salt flux through the cavity entrance
(F ax in Equation 2.7) directed into the 79NG cavity is 1.6 ± 0.2 ⇥ 104 kg s 1.
Freshwater fluxes into the 79NG cavity
Considering that the 79NG cavity is a closed system, the fluxes of basal meltwa-
ter and subglacial runo↵ can be determined based on the mass, heat, and salt
budgets by using the theory introduced in Section 2.3. Based on the limited
data, i.e., two snapshots of CTD/LADCP sections only, any temporal changes
cannot be resolved and have to be assumed to be very small (@/@t = 0). As a
consequence, the salt and heat storage terms are considered to be zero. Obviously
a large uncertainty is introduced by neglecting the heat storage, which can be
very important on short time scales. In addition, one cannot distinguish between
mean exchange (i.e., time averaged and spatially varying field) and fluctuating
(i.e., time and spatially varying residuals) fluxes.
The total freshwater input (i.e., including both basal melting and subglacial
runo↵) into the cavity is 0.48 ± 0.06 mSv (Equation 2.12 with a section-averaged
salinity S0 defined by S0 =
R
Ax
SdA/
R
Ax
dA). The meltwater flux can be com-
puted using Equation 2.13 as follows: The meltwater temperature is assumed
to be the in-situ freezing point temperature at 90–600 m depth (i.e., the ice
base between the calving front and the approximate grounding line depth) with
a salinity of 30–35. Similarly, the runo↵ temperature is defined as the in-situ
freezing point temperature of freshwater at zero to 600 m depth. This gives
✓MW = -2.05 ± 0.14 C and ✓r = -0.22 ± 0.13 C. The ice temperature is assumed
to be -15 C. Then the meltwater flux into the 79NG cavity is 0.37 ± 0.05 mSv.
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Using Equation 2.14 the runo↵ flux is simply the di↵erence between the fresh-
water flux and the meltwater flux (0.11 ± 0.07 mSv). Thus, subglacial runo↵
accounts for 23% of the total glacial freshwater flux. Vice versa, the meltwater
flux dominates the glacial freshwater flux of the 79NG cavity.
The total heat extracted from the ocean to melt ice Hm (Equation 2.5) is
1.36 ± 0.2 ⇥ 1011 W, i.e., 97% of the heat transported into the cavity (Hax) is
used to melt the floating ice tongue from below. This heat causes an average
basal melt rate of 8.3 ± 2.1 m yr 1 which represents the maximum possible melt
rate based on the estimated meltwater transport (QMW ). Since the estimate is
derived from a single, synoptic observation, some of the heat may not be available
to melt glacial ice (heat storage) and vice-versa some stored heat may be used to
melt ice.
Temporal variability in the incoming water temperature is unknown, and the
ability to estimate the overturning flow depends on the relative timescales of
external variability and cavity renewal. The melt rate estimate given above is
based on the assumption that the temperature stratification observed in the cavity
is representative over longer periods. Although the uncertainties are large, the
basal melt rate based on the oceanic budgets observed in 2016 at the 79NG
calving front compares well with the mean basal melt rate of 8 m yr 1 estimated
by Mayer et al. (2000) based on general glacier mass balance calculations. The
overall impact of basal melting with respect to a potential oceanic warming will
be studied in Chapter 6.
5.5 Topographic control of the flow into the 79NG
cavity
In Section 5.3 it has been shown that warm AIW spreads from the trough system
on the NEG continental shelf to the 79NG calving front. Observations taken
along the 79NG calving front indicate that in its mid-part a bottom-intensified
flow transports 36 ± 17 mSv of AIW into the 79NG cavity (Section 5.4). In
the following section, the topographic control possibly determining the bottom-
intensified inflow of waters beneath the 79NG is studied.
The bathymetric survey carried out during cruise PS100 east of the 79NG calv-
ing front with the multibeam echo sounder revealed a rather complex bathymetry
(Figure 5.13). A large area with water depths of less than 300 m and a minimum
depth shallower than 100 m (hereafter referred to as “19W Bank”) peaks out
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Figure 5.13: Bathymetric map (brown colormap) in front of the 79NG with bot-
tom temperatures (coloured circles) and bottom velocities (thick black lines) at the
CTD/LADCP stations (circles). The bathymetry based on RTopo-2.0.2 is covered by
the bathymetry from the multibeam echo sounder data within the region surrounded
by the grey dashed line. Bottom variables are means between the deepest depth of
the CTD/LADCP cast and 20 m above. The length of the velocity vectors are scaled
by 1 -longitude equivalent to 0.5 m s 1. The map is an extract of the map shown in
Figure 5.4 (magenta dashed line).
of a 400 to 500 m deep area (Figure 5.13). The multibeam echo sounder data
also reveals a narrow, meridional channel between the glacier calving front and
the 19W Bank. The channel has a width of 1.5 to 3 km (based on the 300 m
depth contour). In its mid-part (at 79 34’N) the channel is connected to the
500 m deep and 2 km wide inflow depression that directly leads westward into
the 79NG cavity. At both the northern and southern ends of the channel two
shallow sills are found (Figure 5.13). The northern sill depth is 325 m (named
Sill 1), while the southern one is 310 m (Sill 2). The sills may represent important
control points for the exchange of warm AIW between the deep basin (connected
to Norske Trough, Figure 5.4) and the 79NG cavity. This will be shown in the
following.
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Warm AIW (i.e., ✓ > 1 C) is found below 280 m depth in the deep conduit
connected to Norske Trough (Figure 5.14a). Similarly large temperatures are only
encountered at depths below 380 m within the 79NG cavity (Figure 5.14a). The
warmest waters observed inside the inflow depression are about 0.15 C colder and
slightly fresher ( S = 0.1) compared to the warmest waters found at the seafloor
in the conduit from Norske Trough (Figure 5.14). This points to a topographic
blocking of water which carries properties of the deep temperature maximum. At
325 m depth, i.e., the sill depth of Sill 1, warm AIW with temperatures of 1.36 C
are present (stations 254/255, Figure 5.14a). These temperatures are similar to
the warmest temperatures observed inside of the 79NG cavity (Figures 5.5b).
In order to analyse a possible link between the properties of warm AIW and
a flow steered by the topography, the LADCP-based velocities were computed
along the channel, i.e., positive along-channel velocities following the topography
across the sills into the inflow depression (Figure 5.14b). Velocity profiles taken
upstream of Sill 1 (Stations 254 and 255) show enhanced along-channel veloc-
ities between 220 and 320 m depth (i.e., above the sill depth) with maximum
Figure 5.14: (a) Potential temperature profiles, (b) velocity profiles, and (c) bathy-
metric map highlighting the channelized flow system through which warm AIW flows
into the 79NG cavity. Profiles in (a) and (b) are labeled with the same colours and
numbers as the locations of CTD/LADCP stations shown in (c). Profiles taken at
station 232 and 241 were taken at the same position but 16 hours apart from another.
Each velocity profile has been rotated such that it locally represents the along-flow
direction through the channelized system, i.e., from station 255 following the channel
southwestward toward the inflow depression (station 232/241), and from station 250
to 252 northwestward into the inflow depression, respectively. Along-channel direc-
tions are indicated by the black line connecting the stations shown in panel (c). The
background colour and contours in (c) are identical to Figure 5.4.
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flow speeds of about 10 cm s 1 (i.e., two times larger than the maximum tidal
amplitude, see Section 5.2), while below the sill depth flow velocities are almost
zero (stations 255 and 250). The snapshot suggests that warm AIW crossing
Sill 1 supplies the bottom-intensified flow of warm AIW into the inflow depres-
sion leading into the 79NG cavity (Figures 5.13 and 5.14). In contrast, at Sill 2
the flow is directed southeastward, i.e., water is transported away from the 79NG
(Figure 5.13).
The velocities measured across both sills have to be viewed with caution be-
cause the observations represent a snapshot of a complex flow system which may
be highly variable in time due to, e.g., tides, winds, and/or freshwater forcing. In
addition, the overturning flow system itself may be unstable internally and thus
displays mesoscale variability of its own. However, bottom-intensified current
speeds directed into the 79NG cavity with speeds exceeding 20 cm s 1 were ob-
served inside the inflow depression at three CTD/LADCP stations (232, 233, and
241; Figure 5.14b). The strong inflow velocities, which the LADCP processing
may even underestimate are at least four times larger than the maximum tidal
amplitude and, thus, seem to be a robust feature.
In the following, the deep conduit to which AIW is supplied from Norske
Trough will be referred to as the upstream basin. It is separated by the two
sills from the inflow depression which is referred to as the downstream basin
(given the southward flow observed at Sill 1, Figure 5.13). A section from the
upstream basin across Sill 1 into the downstream basin shows a density contrast
between both basins at depth below 230 m, i.e., below the 27.73 kg m 1 isopycnal
(Figure 5.15). This can be explained in the following way: While dense, warm
AIW is supplied from Norske Trough toward the upstream basin, the density of
waters inside the downstream basin is reduced by mixing with glacial meltwater
introduced from the 79NG through basal melting and subglacial runo↵. As a
result of the density contrast between the upstream and the downstream ocean
basins, dense AIW is spilling across Sill 1 (Figure 5.15a).
Furthermore, the near-bottom flow accelerates from 10 cm s 1 at Sill 1 to
34 cm s 1 downstream of Sill 1 (Figure 5.15b). The observations can be inter-
preted as follows: dense AIW supplied to the upstream basin from Norske Trough,
crosses Sill 1, and slides down as a relatively narrow dense gravity current (gravity
plume) into the inflow depression leading into the 79NG cavity. The observed,
most likely density-driven, flow has a concise “overflow” character (Figure 5.15).
The setting is reminiscent of other oceanic overflows where dense water is sup-
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Figure 5.15: (a) Section of potential temperature along the flow across Sill1 (Figures
5.13 and 5.14c). White dashed lines indicate CTD profiles with station numbers given
on top. Black lines indicate isopycnals, with thick black lines giving the 27.73 kg m 1
and 27.82 kg m 1 isopycnal used as limits to calculate Froude numbers which are given
on top of each CTD/LADCP station. For the repeat station 241 (carried out 16 hours
apart from station 232) the Froude number is given in brackets. The bathymetry is
grey shaded. (b) Profiles of along-channel velocity for each of the CTD/LADCP station
marked in panel (a).
plied from an upstream basin, and buoyancy gain via mixing occurs downstream
of the sill (e.g., Denmark Strait, Faraoe Bank Channel, Vema Channel). Sev-
eral overflows have shown to be hydraulically controlled (e.g., Nikolopoulos et al.,
2003; Girton et al., 2006; Hogg , 1983), and Froude numbers are typically invoked
to study this type of dynamics.
Critical Froude numbers are indicative for a hydraulically controlled flow
regime (see Section 2.4). To further investigate the flow character, Froude num-
bers (F = u/(g0h)1/2) are calculated along the section shown in Figure 5.15a.
The mean velocity u is computed from the average velocity below 27.82 kg m 1.
The reduced gravity (g0 = g ⇢⇢0 ) is derived from the density di↵erence between the
layers below 27.82 kg m 1, and between 27.73 kg m 1 and 27.82 kg m 1, respec-
tively (Figure 5.15a). Here, the depth-averaged properties below 27.82 kg m 1
are considered to be representative for the well-mixed flow of AIW into the
79NG cavity (Figure 5.15a). The corresponding height above the bottom of the
27.82 kg m 1 isopycnal is smallest (i.e., 25 m) at station 253. Froude numbers
increase from the upstream basin across the sill toward the downstream basin ap-
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proaching 1 (on top of Figure 5.15a). For the repeat profile (i.e., at station 241,
where strongest inflow velocities are observed) the Froude number is exceeding
1 which is typically considered to indicate a supercritical flow. The spillage of
warm AIW across Sill 1 and the Froude number approaching (and temporarily
exceeding) unity indicate that the flow a few kilometers downstream of the sill is
hydraulically supercritical.
Having shown that the flow across Sill 1 into the 79NG cavity exhibits hy-
draulical control, I follow Whitehead (1998) to predict an upper limit of the
volume flux through the strait crossing Sill 1 (see Section 2.4). To use Equa-
tion 2.16, the following quantities are needed: the width of the strait (ws), the
bifurcation depth and the sill depth to compute hsill (i.e., the elevation of the
reservoir interface above the sill), and  ⇢ to calculate the reduced gravity (g0)
(see Figures 2.7c and 2.7d). The bifurcation depth is the depth in which the den-
sity profiles from upstream and downstream of the sill split apart from another
(Figure 2.7d). Based on the multibeam survey, I find a sill depth of 325 ± 10 m
Figure 5.16: (a) Density profiles from CTD stations obtained upstream (U) and
downstream (D) of Sill 1. Highlighted in thick lines are CTD station 255 (blue) and
233 (red) taken closest to Sill 1 in the upstream /downstream basin, respectively, and
three profiles taken in 1997 (light blue). The black line marks the bifurcation depth
determined from the density profiles. The black dashed line marks the sill depth of
325 m as revealed from the bathymetric chart. (b) The bathymetric map is based on
multibeam data and shows the upstream and downstream basin separated by Sill 1
(dashed yellow line) and Sill 2 (yellow line). The CTD stations are marked by squares
(colours correspond to profiles in (a)); largest squares mark the positions of station 255
(blue) and 233 (red).
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at Sill 1 (Figure 5.13). To estimate the bifurcation depth, I compare six repre-
sentative CTD profiles taken upstream with four profiles taken downstream of
the sill (Figure 5.16). By this I find a bifurcation depth of 190 ± 20 m. The
corresponding width of the strait (ws) at the bifurcation depth is 2.5 ± 0.1 km.
To compute the reduced gravity,  ⇢ is calculated using the density di↵erence
between the upstream and downstream densities (using stations 255 and 233,
respectively) at the sill depth (Figure 5.16).
Figure 5.15 suggests that the flow above the bifurcation depth is only about
5 cm s 1. Thus, it is reasonable to consider the upper layer to be motionless
in order to apply a 1 1/2 layer model (see Section 2.4). Furthermore, I assume
that friction is small, the flow is unforced, the cross-channel velocity is negligible,
and that the strait across Sill 1 has a rectangular opening. The Rossby radius
of deformation (Equation 2.18) is 2.7 km, i.e., on the same order of magnitude
as the 2.5 km-width of the strait. Thus, rotation may become important. Then,
in the zero-potential vorticity limit (see Section 2.4), the maximum volume flux
through the passage across Sill 1 can be predicted by using Equation 2.16. Based
on the geometric settings the second case given in Equation 2.16 is applicable
here and predicts a maximum volume flux of 60 ± 12 mSv through the strait at
Sill 1. The error bar relies on a combination of errors estimated for the sill depth
( zsill = 10 m), the bifurcation depth ( zbifurcation = 20 m), and the sill width
( ws = 100 m). For the non-rotating case (Equation 2.17) the volume flux will
be increased by 23 %.
The flow through the strait is assumed to supply the inflow of warm AIW into
the 79NG cavity. Estimates of the volume flux into the 79NG cavity based on
ocean observations along the cavity entrance (Section 5.4.2) revealed a volume
transport of 36 mSv. Thus, the volume flux estimated based on topographic
control upstream of the inflow passage is 1.7 times larger than the observed
inflow through the cavity entrance. However, volume flux estimates based on
Equation 2.16 are known to overestimate transports from direct measurements by
up to a factor of 2.7 (Whitehead , 1998). One reason for the overestimate may be
that the zero-potential vorticity generally does not apply. For the 79NG settings
(i.e., hsillh1 =
110 m
335 m = 0.33), the approximation hsill/h1 ⌧1 fails. Alternative
solutions used, e.g., by Nikolopoulos et al. (2003) suggest that Equation 2.16
predicts 1.5 to 3 times greater transports compared to estimates from hydraulic
theory that take into account a constant potential vorticity and the actual sill
geometry. The predicted maximum volume flux for the 79NG falls well within
123
CHAPTER 5. FLOW AND HYDROGRAPHY AT THE 79NG
this range.
Hydrographic measurements suggest that water is also spilling from the up-
stream basin across Sill 2 into the downstream basin (Figure 5.14). However,
current velocities are not consistent with the hydrographic observations. Cer-
tainly more data is needed to gain insights into the role of Sill 2 for the exchange
of waters between the continental shelf and the 79NG cavity.
The only other hydrographic data from the near-field 79NG region to compare
with has been taken in 1997 by Mayer et al. (2000). The few CTD profiles
taken 1997 in the upstream basin show similar maximum densities to the ones
observed in 2016 but indicate that the AIW layer has been by 26 ± 5 m thinner
compared to 2016 (Figure 5.16a). In 1997 no profiles were taken within the
downstream basin, however, under the assumption that the thinner AIW layer can
be directly linked to a deeper bifurcation depth, the estimated volume transport
(using Equation 2.16) through the strait across Sill 1 is 42 ± 11 mSv. This
shows that the system is very sensitive to changes in the bifurcation depth, i.e.,
a thickening of the AIW reservoir upstream Sill 1 by about 30 m may cause
an increase in the volume flux by 50%. However, uncertainties underlying this
estimate are considered to be large. I will return to potential long-term changes
in the cavity circulation in the discussion (Section 5.7) and in Chapter 6.
In conclusion, the 2016 observations show that the sill topography is associated
with a descending gravity plume of warm AIW flowing into the 79NG cavity below
the 79NG. It suggests that the height of the AIW reservoir above the sills excerts
an important control on the magnitude of the transport of warm AIW into the
79NG cavity. The observations have important implications for the supply of
heat into the 79NG cavity causing basal melting at the base of the 79NG. These
aspects will be picked up again in the discussion (Section 5.7).
The glacial meltwater released from the 79NG by both basal melting and
subglacial runo↵ modifies the AIW inside the 79NG cavity. In the following
Section, the characteristics of mAIW in ✓-S space and mixing of glacially modified
water with shelf waters will be studied.
5.6 Glacially modified water on the continental
shelf
Analyses of the bathymetry, hydrography, and current speeds measured along the
calving front of the 79NG (Section 5.4.1) revealed two potential passages for the
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flow of mAIW out of the 79NG cavity: one between pinning points A and B (i.e.,
above the flow of warm AIW into the 79NG cavity) and a second between pinning
points B and C (Figure 5.9). For both segments LADCP-inferred current speeds
suggest a flow of water out of the glacier cavity (i.e., eastward) in the depth range
between the 90 m deep ice base and 270 m (Figures 5.10 and 5.12a). A third
passage for the flow of mAIW out of the 79NG cavity not considered here is likely
provided via Dijmphna Sund (Wilson and Straneo, 2015).
Based on transport calculations it was shown in Section 5.4.2 that the shallow
outflow covers a density range between 27.0 to 27.75 kg m 3 (Figure 5.12b) with
72% of the outflowing water being denser than 27.5 kg m 1. This corresponds to
temperatures between -0.5 and 0.7 C (Figure 5.12c) from which 78% are warmer
than 0 C. In the following, the signature of mAIW will be studied in ✓-S space.
Afterwards, the mixing of mAIW with shelf waters will be briefly studied.
In ⇥-S space, all profiles taken in the near-field 79NG region indicate the
presence of glacial meltwater, i.e., ⇥-S characteristics are distributed along the
melting line and deviate toward the runo↵ line (Figure 5.17a). The signature
of subglacial runo↵, i.e., where the ⇥-S curves deviate from the melting line in
Figure 5.17: (a) ✓-S diagram for S > 32 showing the same profiles from the near-field
79NG region as in Figure 5.5 (lines) and the transport (Q) across the 79NG cavity
entrance using  T=0.1 C-bins (coloured circles). Black lines indicate density contours
with thick black lines highlighting the density range where mAIW is flowing out of the
cavity (27–27.75 kg m 3, with 72% between 27.5–27.75 kg m 3). (b) Corresponding
potential density profiles for densities larger than 27.0 kg m 3. The black dashed line
marks where the flow through the cavity entrance reverses (Figure 5.12).
125
CHAPTER 5. FLOW AND HYDROGRAPHY AT THE 79NG
the direction of the runo↵ line, is easy to see and is found for densities between
26.1 and 27.7 kg m 3 (Figure 5.17a). Although subglacial runo↵ contributes
only by about 20% to mAIW (Section 5.4.2), it has a large imprint in ⇥-S
space. Largest transports of mAIW out of the cavity (i.e., between 27.5 and
27.75 kg m 3) are found in ⇥-S space close to the runo↵ point, i.e., where the
curves in ⇥-S space start deviating from the melting line.
Glacially modified AIW flowing out of the cavity forms a less stratified layer
between 120 and 270 m (Figure 5.17b), the latter being the depth at which the
flow reverses (Figure 5.12d), compared to shallower depths. This layer of mAIW
is found not only directly at the calving front, but is also present in all profiles
from the near-field 79NG region (Figure 5.17b).
After having studied hydrographic characteristics of mAIW leaving the 79NG
cavity, the analysis is continued by following their characteristic signature from
the calving front into the trough system on the NEG continental shelf. It should
be noted that mAIW may not originate from the 79NG only. Additionally, basal
melting and/or subglacial runo↵ at ZI, StG, and/or from icebergs may introduce
glacial meltwater contributions, which will also mix with shelf waters on the
continental shelf.
Figure 5.18 shows a comparison of hydrographic properties found at the 79NG
calving front with the characteristics present at the entrance of Dijmphna Sund,
in Norske Trough, and in Westwind Trough. ✓-S characteristics from Dijmhna
Sund are similar to the characteristics found at the cavity entrance section 79NG1
and show a clear signature of glacial meltwater. This supports the findings from
Wilson and Straneo (2015) that mAIW also leaves the 79NG cavity via Dijmphna
Sund.
By comparing the water properties from the 79NG region with properties
from the mid-parts of Westwind Trough (WT3) and Norske Trough (NT3) it
becomes evident that mixing with shelf waters dilutes the glacial meltwater signal
(Figure 5.18). Nonetheless, a clear glacial meltwater signature in ✓-S space is
found everywhere in Westwind Trough (WT2, WT3, WT4). In Norske Trough
the glacial meltwater signature signature is less prominent in the inner part (NT3)
and absent at the shelf edge (NT2). Furthermore, the comparison of the CTD
section shows that the “knee” signature (e.g., Bude´us et al., 1997) degrades from
the shelf edge in Norske Trough (NT2) toward the innermost part of the trough
system (NT4, WT4), where the ✓-S characteristics fall instead on the melting
line (Figure 5.18a). In ✓-S space, Knee Water (KW) can be clearly distinguished
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Figure 5.18: (a) ✓-S diagram for S > 32.5 comparing hydrographic properties orig-
inating from the 79NG calving front with profiles taken on the continental shelf, re-
spectively. Black/white dashed lines mark the meltwater and runo↵ mixing lines (for
explanation see Section 5.3). (b) Map of the NEG continental shelf showing the loca-
tions of the coloured sections used in (a), (c) and (d) which are, following the trough
system from north to south: sections WT2, WT3, and WT4 across Westwind Trough,
section 79NG1 taken at the 79NG calving front, and sections NT4, NT3, NT2 taken
across Norske Trough. In addition, one profile has been taken in Dijmphna Sund. (c)
Potential density and (d) potential temperature profiles corresponding to panel (a). (e)
Schematic of temperature profiles taken in Norske Trough (grey) and close to the 79NG
calving front (orange) highlighting the typical two-layered/three-layered temperature
structure, respectively.
from AIW and PW (Figure 5.18a). KW is separated from PW (both are part
of the main pycnocline) by salinities larger than 33.0 which increase constantly
with depth while the temperature increase is as small as 0.1 C (Bourke et al.,
127
CHAPTER 5. FLOW AND HYDROGRAPHY AT THE 79NG
1987). It has been shown already in the 1990s that KW is likely advected from
the Arctic Basin onto the NEG continental shelf (e.g., Bude´us and Schneider ,
1995). Its highest percentages are found in the eastern part of Norske Trough
and northeast o↵ the shelf edge at Westwind Trough (Bude´us and Schneider ,
1995).
Potential temperature profiles indicate that waters in the depth layer between
100 and 200 m observed along the calving front are 0.5 to 2.0 K warmer com-
pared to waters in the same depth range further away from the glacier at NT3
(Figures 5.18d and 5.18e). At the same depth, lateral mixing of mAIW with
shelf waters is indicated by interleaving structures based on CTD profiles taken
(i) in the westernmost channel of Westwind Trough, (ii) in the mid-part of the
ZI outlet section, and (iii) in the transition between the 79NG calving front and
the trough system (Figure 5.17a). The observations can be interpreted as mAIW
that laterally mixes with KW resulting in a more or less “curved” shape in ✓-S
space between AIW and PW in the inner part of Norske Trough and in the entire
Westwind Trough (Figure 5.18a). Here less “curved” means less stratified with
indication for some mixing over certain depth ranges. This may imply that lat-
eral mixing between mAIW and waters from Norske Trough sets the properties in
Westwind Trough at potential densities between 26.5 and 27.7 kg m 3 and might
explain the absence of KW in Westwind Trough.
The comparison of the potential density and temperature profiles from the
mentioned regions reveals a typical three-layer temperature structure for CTD
profiles taken in the vicinity of the 79NG (Figure 5.18e). A layer of mAIW is
present at 100–250 m depth, i.e., above AIW and below PW (Figure 5.18b). This
is in contrast to typical profiles taken further away, i.e., in the innermost part
of Norske Trough and at the shelf break, which show a two-layered temperature
structure. The deeper layer is characterized by a strong temperature maximum
found between 200 and 250 m in NT2 (which originates in the EGC, see Chap-
ter 4). In contrast, there is no or only weak indication of a temperature maximum
in profiles taken at the 79NG calving front and in the western part of Westwind
Trough (WT2, WT3). Both the presence of shallow sills blocking the through-
flow of water and contribution of glacial melt appears to cause a degradation
of the temperature maximum observed from the shelf break in Norske Trough
throughout the trough system up to the 79NG.
In conclusion, glacial modification of AIW in the 79NG cavity seems to play
an important role for the modification of waters on the NEG continental shelf.
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Signatures of glacial meltwater can be detected from the 79NG all the way to the
shelf break in Westwind Trough. The mixing of mAIW with shelf waters may
be relevant for the degradation of the temperature maximum in the inner part of
the trough system. Assuming a continuous anticyclonic subsurface circulation on
the NEG continental shelf (Figure 1.4) mixing with glacial meltwater would give
a plausible explanation why KW is absent in Westwind Trough. I will return to
these aspects in the discussion section.
5.7 Discussion
Observed hydrographic properties, current velocities, and bathymetric data show
that AIW enters the 79NG cavity across the 79NG calving front, as hypothesized
by Wilson and Straneo (2015). The oceanic and bathymetric measurements car-
ried out along the calving front aboard R/V Polarstern in summer 2016 show
the location, properties, and strength of the water transport into and out of the
79NG cavity through the 79NG cavity entrance.
Primarily, two passages between the pinning points in the mid-part of the
calving front allow an exchange of waters between the 79NG cavity and the
continental shelf. AIW enters the 79NG cavity via a 500 m deep and 2 km
wide inflow depression. The inflow is characterized by high bottom-intensified
velocities exceeding 30 cm s 1 and densities between 27.75 and 27.9 kg m 3.
The flow reverses at 270 m depth. A shallow outflow is found beneath the ice
base in both major passages with two thirds of the outgoing transport covering a
density range between 27 and 27.75 kg m 3. The observations can be interpreted
as a glacier-induced overturning circulation inside the cavity: By basal melting
beneath the 79NG and subglacial runo↵, glacial meltwater is discharged into
the 79NG cavity. The steep slope of the ice base close to the grounding line
suggests that strongest basal melting occurs at depths between 300 and 600 m
(Mayer et al., 2000). Mixing of the products of subglacial runo↵, basal melt,
and AIW will initiate a buoyant plume in the 79NG cavity (Section 2.5). As a
consequence, glacially modified AIW (mAIW) is formed by turbulent mixing of
glacial meltwater with AIW. The mAIW is less dense than AIW resulting in a
shallow outflow. The observations suggest that AIW is cooled by about 1 C and
freshened by about 0.4 within the 79NG cavity. Thus, in the 79NG cavity waters
denser than 27.75 kg m 3 are eliminated through mixing with glacial meltwater.
Based on the transport calculations at the pinned calving front, the overturn-
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ing has a strength of 36 ± 17 mSv. Accordingly, the maximum cavity exchange
timescale is 211 ± 127 days for a cavity volume of about 650 km3 (based on
RTopo-2, Chapter 3; Scha↵er et al., 2016). Given the limited data, it was im-
possible to assess the extent to which temporal variability (e.g., on seasonal,
daily time scales) might a↵ect the exchange between the continental shelf and
the 79NG cavity. Largest uncertainties in the estimated overturning are assumed
to be introduced by the LADCP accuracy and tidal variability. Moreover, the
transport of mAIW out of the cavity via Dijmphna Sund (Wilson and Straneo,
2015) was assumed to be small. However, the calculations of the overturning in
the 79NG cavity shown here compare well with earlier estimates by Wilson and
Straneo (2015). Based on an idealized model of overturning, Wilson and Stra-
neo (2015) estimated an exchange flow at the cavity entrance of 40 mSv and a
renewal timescale of less than 1 year.
Transport calculations following Jackson and Straneo (2016) show that almost
all heat that enters the 79NG cavity through the calving front goes into melting
of the 79NG from below. The estimated average melt rate of 8.3 ± 2.1 m yr 1
compares well the estimate by Mayer et al. (2000) of 8 m yr 1 based on glacier
mass balance calculations. Basal melting at the 79NG will be studied in more
detail in Chapter 6.
Wilson and Straneo (2015) suggested that the overturning circulation inside
the 79NG cavity is driven by glacial melting and causes heat to flow into the
79NG cavity. I find that the circulation inside the cavity may be driven by glacial
melting, but additionally appears to be limited by topographic control. The large
inflow velocities associated with the transport of AIW into the 79NG cavity are
linked to topographic control upstream of the inflow depression. A strait of 3 km
width with a sill depth of 325 m is found to set the conditions for AIW entering the
79NG cavity downstream the sill. Froude numbers approaching (and temporarily
exceeding) unity and the spillage of warm AIW across the sill suggest that the
flow a few kilometers downstream of the sill is hydraulically supercritical. The
observations can be interpreted as an overflow steered by the bathymetry across
the sill and descending as a gravity plume into the 79NG cavity.
Assuming the 2016 conditions to be representative of a steady state, one may
assume that the dense, warm AIW that spills over the sill and descends into the
79NG cavity sets the conditions for basal melting at the 79NG base (presumably
strongest at the 600 m deep grounding line) and, consequently, for the evolution
of a buoyant meltwater plume rising along the ice base to the 79NG calving front.
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In reverse, the meltwater plume may determine the transport of warm AIW into
the cavity by pulling water across the sills, if there was no hydraulic control.
The question of the main driver of the observed overturning remains speculative.
The density contrast between the 79NG cavity downstream and the continental
shelf upstream (i.e., the height of the upstream reservoir) certainly determines
the transport of AIW into the 79NG cavity. Consequently, processes that may
vary the reservoir height like tides, storms, deep convection related to seasonal
variability, and/or long term changes at the shelf break may play an important
role in prescribing the heat transport into the cavity.
Still, it remains unknown whether the sill causes an increased or decreased
transport of heat into the 79NG cavity. In the future, a simple model that includes
the dynamics of both an ice-shelf plume (see Chapter 6) and a hydraulically
controlled flow that steers the transport of dense, warm water into a 79NG cavity
may be used to study the driving mechanisms of the 79NG overturning. This may
also help to understand the role that topographic control plays for the stability
of the floating ice tongue.
Certainly, more observations are needed to further investigate, e.g., the tem-
poral variability of the hydraulically controlled flow and of the overturning cir-
culation. For now it remains open whether the hydraulically controlled flow is
a persistent feature or not. Tides will impact the observed flow as implied by
the repeat station 232/241 taken 16 hours apart from another (Figures 5.11c
and 5.11d). However, tidal fluctuations are small compared to the mean current
speeds of the overflow and consequently will not impact the general character of
the overflow. Furthermore, seasonal variability in glacial meltwater, topographic
waves, and/or wind forcing (Straneo et al., 2010) may be relevant for changes in
the observed flow. At the time of the observations carried out during PS100 the
measurement area was almost free of sea ice caused by katabatic o↵shore winds
(not shown). Thus, Ekman-induced upwelling of waters may have been relevant
close to the calving front.
Long-term time-series from moored observations are required to better under-
stand the role of tides and seasonal variability in the hydraulically controlled flow
as well as in the overturning circulation. During PS100 one mooring has been
deployed in the region where the bottom-intensified inflow of AIW into the 79NG
cavity has been observed and another at the sill where the flow has been found
to become hydraulically controlled (see below in Figure 5.19b). If successfully
recovered, they will provide further insights into the temporal variability of the
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flow system and the underlying forcing. In comparison with the temporal evo-
lution of the sea ice cover and wind speeds, they additionally could be used to
study the relevance of wind forcing.
In general, the 2016 observations from the 79NG region look similar to hy-
draulically controlled flows observed in the deep ocean at mid-ocean ridge systems
by Alford et al. (2013) and Tippenhauer et al. (2015). In these studies, enhanced
turbulence has been observed downstream of obstacles where the flow becomes
supercritical. First results from microstructure measurements carried out during
PS100 across Sill 1 show bottom-intensified dissipation rates of up to 10 6 W kg 1
(compared to background values of 10 9 W kg 1) at the downstream slope of the
sill (not shown). These measurements point to enhanced entrainment downstream
of Sill 1. Entrainment is a common feature when a flow passes over a sill and
becomes hydraulically controlled. Thus, turbulent entrainment may happen at
the 79NG both as dense AIW flows downslope along the bottom as a negative
buoyant gravity plume and as lighter water flows upward along the ice base as
a positively buoyant gravity plume (even though the contribution may quantita-
tively be di↵erent). However, the microstructure data has still to be analyzed in
detail and more microstructure profiles are planned to be carried out in autumn
2017. In the future, the moored data and microstructure measurements will be
used to study entrainment, which goes along with an increase in the volume flux
and a modification of the hydrographic properties of the AIW flow into the 79NG
cavity.
The glacial modification of AIW inside the 79NG cavity may be important for
the modification of waters on the continental shelf. In ✓-S space, glacial meltwater
signatures are found not only close to the 79NG calving front but also further
away inside Westwind Trough. Interleaving observed in the transition between
the 79NG calving front and the inner trough system can be interpreted as mixing
of mAIW with KW. Based on the observation that KW is not present in the
central parts of the trough system, Bude´us and Schneider (1995) concluded that
there is no closed, anticyclonic gyre in the upper 200 m. I suggest that mixing
of mAIW with KW may explain the absence of KW in Westwind Trough. Thus,
the 2016 observations would support the concept of a continuous anticyclonic
circulation on the NEG continental shelf which has been proposed by Bourke
et al. (1987). However, an anticyclonic subsurface shelf circulation of warm AIW
is likely limited by a sill depth of 240 m found in the mid-part of Westwind Trough
(Chapter 4; Scha↵er et al., 2017).
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The freshwater flux calculations shown in this study suggest that at least in
summer subglacial runo↵ accounts for about 20% of the total freshwater flux
into the 79NG cavity. Neglecting subglacial runo↵ entering the cavity as, e.g., in
the idealized model of overturning of Wilson and Straneo (2015) thus introduces
some errors. However, subglacial runo↵ is highly variable in space and time
(e.g., Straneo et al., 2011) and may be limited to summer melting where surface
meltwater was found to drain to the bed of the Greenland Ice Sheet (e.g., Zwally
et al., 2002; Das et al., 2008; Joughin et al., 2008). During helicopter flights in
summer 2016, numerous melt ponds and rivers downstream of the grounding line
were seen. Thus, in addition to runo↵ entering the 79NG cavity at the grounding
line, surface meltwater trapped in crevasses of the floating ice tongue may likely
add freshwater to the 79NG cavity. This was suggested before for Antarctic ice
shelves (e.g., Weertman, 1973; Scambos et al., 2000).
The analysis of glacially modified waters is a first step only to explain the
potential distribution of meltwater on the NEG continental shelf. In the future it
is planned to include the analysis of tracers indicative for glacial melt. Measure-
ments of  18O taken during cruise PS100 will reveal the total amount of meteoric
water, i.e., meltwater from basal melting, subglacial discharge, and surface melt,
in the water column. In addition, the Helium/Neon analysis used by colleagues
from the University of Bremen will trace the distribution of glacial meltwater.
A third possibility to trace meltwater would be to apply the optimum multi-
parameter analysis (Tomczak and Large, 1989) to the 2016 CTD temperature,
salinity, and oxygen measurements. Applying all these methods will allow for a
clearer distinguishability of basal melting and subglacial runo↵ in the ambient
water masses and, thus, their pathways on the continental shelf may be better
described.
Furthermore, it is planned to compare the transport estimates for the 79NG
overturning with transport estimates from the continental shelf. First results from
the CTD/LADCP sections taken across the inner trough system show that warm
water in the density range of the 79NG inflow (27.75 kg m 3 <  ⇥ <27.9 kg m 3)
is transported northward, i.e., from the Northwind Trough to the Westwind
Trough. To date, the transport estimates based on the CTD/LADCP sections
have not elucidated the relevance of the overturning (i.e., the glacial modifica-
tion of AIW) for the shelf circulation. This might be due to the high temporal
variability of the system. In the future, moored timeseries obtained from inside
Norske and Westwind Trough will be used to study the shelf circulation and to
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better understand the relevance of the glacial overturning for the shelf.
In general, warm AIW may take di↵erent routes from Norske Trough to the
79NG calving front. The most direct way is likely from northeast of Norske Øer
(i.e., the innermost part of Norske Trough) toward the 79NG. In contrast, no
indications of a flow of AIW from Westwind Trough toward the 79NG has been
found. Another fraction of warm AIW supposedly takes a detour from Norske
Trough toward the Greenland coast. Recently, Mouginot et al. (2015) speculated
that waters of Atlantic origin could be present in the vicinity of ZI and that a
warming of these waters has been one reason for the fast disintegration of the
floating ice tongue of this glacier. In summer 2016 for the first time, temperature
profiles have been taken close to the ZI calving front. Water depths deeper
than 500 m and temperatures as high as 1.5 C suggest that warm AIW causes
basal melting at the calving front of ZI. As another consequence, warm AIW
originating from Norske Trough and taking a detour toward the Greenland coast
may be modified by subglacial discharge from ZI before it spreads to the 79NG.
Still, the limited data (i.e., 5 temperature-depth profiles) does not permit to put
the observations into the context of the spatial and/or temporal variability close
to the ZI calving front.
Another striking feature of comparing hydrographic profiles from the near-
field 79NG region is the distribution of the AIW temperature maximum. Profiles
from Norske Trough show clear evidence of a temperature maximum separated
from the seafloor. In contrast, everywhere else (i.e., at the ZI outlet, along the
79NG calving front, and inside Westwind Trough) maximum temperatures are
observed at the bottom. Potentially the water is blocked by sill depths which only
allow waters shallower than the temperature maxima to flow across (Chapter 4;
Scha↵er et al., 2017).
A better understanding of the temporal variability of the AIW on the con-
tinental shelf is important for characterizing the potential for warmer water to
enter the 79NG cavity in future climates. In case of hydraulic control the reser-
voir height upstream of the sill crucially determines the heat flux into the 79NG
cavity. With respect to long-term changes, I compare 6 profiles taken in Ju-
ly/August 1997 with 7 profiles taken in summer 2016 in the transition between
the 79NG calving front and the inner trough system (Figure 5.19). All profiles
show a similar three-layered temperature structure indicative for mAIW present
between PW and AIW (Figure 5.19a). However, mean temperatures of AIW and
the mAIW observed in 1997 (Mayer et al., 2000) are 0.4 C colder than tempera-
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Figure 5.19: (a) Potential temperature profiles comparing CTD measurements ob-
tained in 1997 by Mayer et al. (2000) with the ones from summer 2016 taken aboard
R/V Polarstern in the transition between the 79NG calving front and the trough sys-
tem on the continental shelf shown in (b). In addition, the positions of the moorings
deployed in 2016 close to the 79NG calving front are marked in the map in panel (b)
by yellow diamonds. The bathymetric map given in (b) is based on RTopo-2.0.2. Grey
lines mark isobaths in 50 m intervals. Land is grey shaded. The extent of 79NG is
white shaded based on an Landsat image taken 16 August 2016.
tures observed in 2016 and the layer of glacially modified waters was about 26 m
thicker than in 2016 (Figure 5.19a). This either could be indicative for short-term
temporal variability or may suggest a warming of AIW by 0.4 C. Such a warming
compares well with the di↵erence in warm AIW temperature between the means
of 1979–1999 and 2000–2014 observed in Norske Trough (Chapter 4; Scha↵er et
al., 2017). The 1997–2016 temperature o↵set in AIW and glacially modified wa-
ter may thus represent the long-term warming, and short-term variability due to
tides and/or storms may be small.
Interestingly, the temperature di↵erence between AIW and mAIW remained
constant. Consequently, a thinning of the floating ice tongue due to increases in
basal melt rates as recently suggested by Mouginot et al. (2015); Wilson et al.
(2017) must be caused by an increase in the strength of the overturning. A change
in the height of the upstream reservoir by 30 m would increase the predicted
volume transport (due to topographic control) at the sill by 50%. Accordingly, an
increase in the heat flux entering the 79NG cavity would cause increased melting
at the base of the 79NG. The relation between an increase of the overturning
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strength and basal melting at the 79NG base is studied and discussed in more
detail in Chapter 6.
Glacier-ocean interaction at the 79NG certainly stands out from any other ice
shelf-ocean system in Northern Greenland and/or around Antarctica published
so far. To my knowledge the interaction of a hydraulically controlled gravity
plume with a buoyant ice shelf-plume has not been observed before at any other
glacier/ice shelf-ocean system. If hydraulic control is a persistent feature at the
79NG, the 79NG may be very sensitive to changes in upstream hydrographic
properties, i.e., mainly inside Norske Trough. Additional data and model studies
are required to evaluate the role of hydraulic control (and other external mecha-
nisms) in the cavity renewal and the sensitivity of the 79NG to ocean processes.
5.8 Summary
The aim with this Chapter was to study the ocean exchange between the 79 North
Glacier (79NG) cavity and the Northeast Greenland (NEG) continental shelf. I
used ship-based hydrographic, velocity, and bathymetry data obtained in sum-
mer 2016 from R/V Polarstern on the NEG continental shelf and at the calving
front of the 79NG. The results showed that warm Atlantic Intermediate Water
(AIW) enters the 79NG cavity across the calving front through a 500 m deep and
2 km wide passage with velocities exceeding 30 cm s 1. Glacial modification of
AIW inside the cavity causes an overturning of 36 ± 17 mSv. Upstream of the
inflow passage I found a 325 m deep sill. The observed spilling of AIW over the
sill and Froude numbers approaching (and temporarily exceeding) unity point
to a hydraulically supercritical flow downstream of the sill. I interpreted this
as topographic steering of a gravity plume that transports heat into the 79NG
cavity. If hydraulic control is a persistent feature, processes that may vary the
AIW thickness upstream the sill (like tides, storms, seasonal variability, and/or
long term changes at the shelf break) in Norske Trough may play an important
role in determining the heat transport into the cavity. Furthermore, I suggest
that glacially modified AIW spreads on the continental shelf where it mixes with
Knee Water. I hypothesize that this explains the absence of Knee Water inside
Westwind Trough. In conclusion, the overturning in the 79NG cavity may not
be driven by glacial melting but be limited by variability in the AIW thickness
outside of the 79NG cavity via topographic control. A thickening of the AIW
layer by 30 m may increase the overturning by 50%. This may cause increased
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basal melting at the base of the 79NG.
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6. Basal melting at the 79 North
Glacier
The results from the previous Chapters showed that waters warmer 1 C are trans-
ported from Fram Strait via Norske Trough toward the 79 North Glacier (79NG)
where the topography steers the flux of warm Atlantic Intermediate Water (AIW)
into the subglacial cavity. Furthermore, it was found that AIW in Norske Trough
(Chapter 4, Figure 4.7) and in front of the 79NG (Chapter 5, Figure 5.19) warmed
by about 0.5 C between the 1980/90s and recent years. In Chapter 6, I investi-
gate basal melting of the floating ice tongue in response to changes in the oceanic
conditions observed inside the 79NG cavity.
Figure 6.1: Map highlight-
ing the focus region (red box)
of Chapter 6. The map relies
on RTopo-2.0.2 showing the
inner part of the NEG conti-
nental shelf bathymetry (see
Figure 5.1) and the locations
of the three outlet glaciers of
the NEGIS.
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6.1 Introduction
In the last decades two of the largest floating ice tongues around the coast
of Greenland collapsed, namely Jakobshavn Isbræ and Zachariæ Isstrøm (Fig-
ure 1.2). The disintegration of both ice tongue glaciers has been linked to their
sensitivity to ocean warming (Holland et al., 2008; Khan et al., 2014; Mouginot
et al., 2015). In the case of Jakobshavn Isbræ, the rapid thinning of 80 m yr 1
observed between 1997 and 2001 (Holland et al., 2008) is thought to be caused
by a warming of deep fjord waters by 1.1 C in 1997 (Motyka et al., 2011). Based
on a simple ice-shelf plume model (Section 2.5), Jenkins (2011) showed that such
a warming may cause a 30% increase of the average melt rates. After the thin-
ning event the glacier speeded up by approximately doubling its glacier velocities
(Joughin et al., 2004). The retreat took the grounding line into deeper ground
(Holland et al., 2008), starting a positive feedback: The warmest Atlantic Water
is present at deepest depth, which caused enhanced basal melting and conse-
quently a rapid loss of the entire floating ice shelf. A warming of waters below
the remaining ice tongues located in Northern Greenland, largest of which are
the Nioghalvfjerdsfjorden Glacier (also referred to as 79 North Glacier, hereafter
79NG) and Petermann Glacier, may cause a similar rapid loss of the entire ice
shelf as observed at Jakobshavn Isbræ (Holland et al., 2008) and Zachariæ Isstrøm
(Mouginot et al., 2015).
Recently, observations showed that the Atlantic source waters below the 79NG
(Chapter 4; Scha↵er et al., 2017) and Petermann Glacier (Mu¨nchow and Nicholls ,
2016) became warmer and saltier. At the same time both floating ice tongues ex-
perienced a grounding line retreat and a thinning in ice thickness (e.g., Mouginot
et al., 2015; Mu¨nchow and Nicholls , 2016). Furthermore, in 2010 and 2012 Peter-
mann Glacier lost one third of the floating ice area (Mu¨nchow and Nicholls , 2016).
The observed changes may be the first signs for a potential collapse as air and
ocean temperatures around Northern Greenland continue to increase (Mu¨nchow
and Nicholls , 2016). In this study, I focus on the sensitivity of the 79NG to ocean
warming.
Basal melting plays the dominant role for the mass balance of the floating
ice tongue glaciers in northern Greenland (Rignot et al., 2001). For the 79NG
floating ice tongue basal melt rates were first estimated by Mayer et al. (2000)
based on glacier mass conservation to be on the order of 8 m yr 1 (as an average
over the entire ice shelf area) with maximum melt rates of 40 m yr 1 close to the
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grounding line. Rignot et al. (2001) estimated basal melt rates of 5 m yr 1 for the
entire floating ice tongue and 26 m yr 1 within 10 km of the grounding line based
on interferometric synthetic aperture radar (InSAR) data collected between 1992
and 1996. Recently, Wilson et al. (2017) used high-resolution WorldView satellite
imagery collected between 2011 and 2015 to infer basal melt rates under the 79NG
floating ice tongue. They found maximum melt rates of 50 to 60 m yr 1 near the
grounding line reducing to 15 m yr 1 in a region 15 km downstream and to near
zero further away from the grounding line. The average melt rates found at the
79NG are at least 10 times larger than basal melt rates underneath the Ross and
Filchner-Ronne ice shelves in Antarctica (Jacobs et al., 1996) but are of the same
order of magnitude as the mean basal melt rates found at Pine Island Glacier
(West Antarctica). At Pine Island Glacier the ocean circulation transports 1 C
warm waters into the sub-ice cavity (Jenkins et al., 1997) causing mean melt rates
of up to 100 m yr 1 near the grounding line dropping to 30 m yr 1 just 20 km
downstream (Dutrieux et al., 2013).
On the continental shelf o↵ Northeast Greenland the ocean circulation trans-
ports warm (>1 C) Atlantic Intermediate Water (AIW) through a trough toward
the 79NG (Chapter 4; Scha↵er et al., 2017) and into the 79NG cavity (Chap-
ter 5). Thus, the heat to melt the 79NG floating ice tongue from below is provided
by AIW with temperatures substantially warmer than the in-situ freezing point.
The warmest AIW entering the 79NG cavity proceeds along the bottom into the
sub-ice cavity (Chapter 5) and gets in touch with the ice at the 79NG grounding
line. The glacier-ocean interaction is governed by processes in a relatively thin,
fresh layer below the ice base, where ambient Atlantic water is mixed with melt-
water, the latter consisting of subglacial runo↵ and basal meltwater. Thereby a
glacially modified water mass is formed which is less dense, i.e., more buoyant,
than the surrounding cavity waters and consequently will initiate a buoyant melt-
water plume ascending along the upward sloping ice base. The cavity geometry
(Figure 1.3c) and the water mass properties present in the cavity mainly deter-
mine the characteristics of the meltwater plume below an ice shelf. The steeper
the ice base, the faster the buoyant plume, and the more ambient AIW will be
entrained. Thereby, in case of the 79NG, the density contrast between the plume
and the ambient water is reduced. When the plume becomes equally buoyant to
the ambient water it will detach from the ice base.
Recently, a number of studies documented a mass loss at the 79NG related
to a thinning at the floating ice tongue over the last decade (Khan et al., 2014;
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Kjeldsen et al., 2015; Wilson et al., 2017). Mouginot et al. (2015) showed a
30% decrease in the total ice thickness 5 km downstream of the 79NG grounding
line between 1999 and 2014 (corresponding to a bottom melting increased by
13.3 ± 4 m yr 1) based on radar echograms. It has been hypothesized that rising
ocean temperatures caused the observed thinning at the 79NG floating ice tongue
(Mouginot et al., 2015;Wilson et al., 2017). However, the response of the floating
ice tongue to changes in oceanic conditions has not been explored so far.
In the following Chapter, the ice-shelf plume model described in Section 2.5
will be applied to the 79NG to study the sensitivity of basal melt rates to a varying
cavity hydrography. First, the cavity geometry and the seawater properties in-
side the 79NG cavity are introduced and the model setup for an idealized 79NG
configuration is described (Section 6.2). Next, modelled melt rates and plume
characteristics are analysed (Section 6.3). Subsequently, the e↵ect of changing
hydrographic conditions on the basal melting as simulated by the ice-shelf plume
model is studied and used to estimate the ice thickness loss caused by changing
ocean properties (Section 6.4). In addition, the model results are used to study
changes in the glacier-induced overturning circulation inside the 79NG cavity
(Section 6.5). In the discussion section (Section 6.6), the results will be inter-
preted with respect to a potential further thinning or even collapse of the floating
ice tongue in the future.
6.2 Model setup
The ice-shelf plume model has been shown to provide reliable estimates of the
dependence of basal melting on ambient water temperatures in idealized con-
figurations (Jenkins , 2011). This section describes the procedure for setting up
the ice-shelf plume model (introduced in Section 2.5) in an idealized configura-
tion that follows the situation at the 79NG with respect to cavity geometry and
hydrography. First, the model representations of ice shelf geometry and hydro-
graphic properties inside the 79NG cavity are introduced. Next, using the 1998
and 2016 hydrographic conditions, the model is tuned to melt rates suggested
from observations.
6.2.1 Two-dimensional cavity geometry
In order to apply the ice-shelf plume model to the 79NG, two-dimensional rep-
resentations of the ice shelf geometry and the temperature/salinity field are re-
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quired. Given that the glacier thickness of the 79NG is not constant perpendicular
to the glacier flow direction (Figure 6.2a), five representative profiles of the ice
base slope (in glacier flow direction) between the grounding line and the calving
front were computed from gridded ice draft data (Chapter 3; Scha↵er et al., 2016).
The profiles were picked in regular distance across the glacier (Figure 6.2a). The
ice base profiles were slightly modified to ensure an upward sloping ice base pro-
file throughout the whole transect which is a requirement for the ice-shelf plume
model. The resulting ice base profiles are shown in Figure 6.2d.
In addition, the gridded ice draft data (Chapter 3; Scha↵er et al., 2016) was
binned and normalized into 200 m-depth bins in order to compute a parameter
describing the change in ice shelf area as function of depth. This parameter has
Figure 6.2: Ice shelf geometry of the 79NG and hydrographic properties inside the
79NG cavity used as model input. (a) Map of the ice draft of the 79 North Glacier
based on RTopo-2 (Chapter 3; Scha↵er et al., 2016). Grey shading indicates land,
light blue shading indicates open ocean. Black lines mark the locations of the ice base
profiles IB1, IB2, IB3, IB4, and IB5 used for the simulations with the ice-shelf plume
model. Corresponding ice base profiles are shown in panel (d). The magenta line
indicates the location of a section across Midgardsormen Ridge (MR), which will be
discussed in Section 6.4. (b) Temperature and (c) salinity profiles taken in the summer
seasons in 1998, 2009, 2014, and 2016 through a glacial rift in the floating ice tongue
(coloured circles in (a)), and in the summers in 1997 and 2012 close to the calving front
in Dijmphna Sund (crosses in (a)). Salinities are given for S>34.
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been used in all model simulations to account for the uneven distribution of the
ice shelf at di↵erent depths (see Section 2.5).
6.2.2 Hydrography
Temperature/salinity fields have been inferred from the hydrographic properties
inside the 79NG sub-ice cavity as observed from CTD profiles and eXpendable
CTD probes (XCTD) that have been collected/deployed through a glacier rift
in the floating ice tongue accessed by helicopter (Figure 6.2a). Six hydrographic
profiles have been measured inside the subglacial cavity in the summer seasons
between 1998 and 2016. The first profile was taken in 1998 through a borehole
drilled near 79 37’N/21 W (Figure 6.2a). The other five profiles were taken in
close proximity to each other near the northern calving front toward Dijmphna
Sund (Figure 6.2a). Two of these profiles were obtained in 2009 by Woods Hole
Oceanographic Institution (WHOI) (Straneo et al., 2012; Wilson and Straneo,
2015), one in 2014 by the Norwegian Polar Institute (NPI) Fram Strait Arctic
Outflow observatory (Paul Dodd, personal communication, 2017), and two XCTD
profiles were taken in summer 2016 as part of R/V Polarstern expedition PS100
by Nat Wilson (WHOI). In order to remove high frequency noise in the salinity
data obtained from XCTD measurements, a butterworth low-pass filter has been
applied (cuto↵ frequency 0.125 Hz).
CTD profiles from two more years, i.e., 1997 (Mayer et al., 2000) and 2012
(NPI), were taken close to the 79NG but inside Dijmphna Sund (see map in
Figure 6.2a). Assuming that the inner part of Dijmphna Sund contains similar
water masses (at depths deeper than the ice base at the glacial rift) as present in
the subglacial cavity (Figure 6.2b,c), the temperature/salinity fields are used in
addition to those taken inside the cavity to study the changes in ocean conditions
and their e↵ects on basal melting at the 79NG base.
Repeat profiles taken in 2009 and 2016 show that below 120 m (i.e., the es-
timated depth of the ice base) deviations in temperature and salinity are always
smaller than 0.08 C and 0.05, respectively (Figure 6.3). The r.m.s error of salin-
ities below 120 m is 0.01 and 0.02 in 2009 and 2016, respectively. Changes in
temperature/salinity (Figures 6.2b and Figure 6.2c) observed between 2009 and
2016 at 600 m depth are at least five/ten times larger than the r.m.s. errors
estimated from the repeat measurements, respectively. In the following, for each
year, the profile covering a larger depth range has been used.
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Figure 6.3: (a) Temperature and (b) salinity di↵erence between repeat profiles taken
through a glacial rift in the 79NG (Figure 6.2a) in the years 2009 and 2016. The dashed
line marks the estimated depth of the ice base.
6.2.3 Model tuning
Given an ice shelf geometry (Section 6.2.1) and ambient ocean hydrography (Sec-
tion 6.2.2) the model equations (2.19)-(2.22) can be solved numerically (Jenkins ,
1991). To start with, hydrographic properties from 1998 and 2016 are used to
compare modelled melt rates with melt rates based on observational studies. The
aim was to tune the model to ensure realistic melt rates, i.e., average melt rates
close to 8 m yr 1 (Mayer et al., 2000, and Chapter 5) and maximum melt rates
of 40-60 m yr 1 close to the grounding line (Mayer et al., 2000; Wilson et al.,
2017). Here, the results from two experiments are shown.
In the first experiment (referred to as “Experiment 1”), the initial condi-
tions and parameter values suggested by Jenkins (1991) are used. The model
is initialized using typical values for the meltwater flux beneath ice streams
(DU = 1 ⇥ 10 3 m2 s 1) and assuming that the meltwater has zero salinity
and a temperature at the pressure freezing point of freshwater, i.e., -0.45 C at
600 m depth.
In the ice-shelf plume model the parameterization for the entrainment velocity
(Equation 2.23) has been shown to be in good agreement with laboratory and
field studies of dense bottom currents for slopes of 10 2 and less (Jenkins , 1991).
Jenkins (1991) used for the dimensionless entrainment parameter E0 half the
value proposed by Bo Pedersen (1980) to account for the e↵ect of the Coriolis
force in deflecting the flow across the basal slope. However, the parameter E0
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is only weakly constrained and used in this study to tune the model. In the
second experiment (“Experiment 2”), the dimensionless entrainment parameter
E0 is reduced from 0.036 to 0.016, to reduce the entrainment of ambient water
along the plume path (Equation 2.23).
Figure 6.4: Simulated basal melt rates along the 79NG. The simulations were run
using ice base profile IB3 shown in panel (a) and 1998/2016 hydrographic conditions
(Figures 6.2b and 6.2c). Panel (b) shows the corresponding melt rate profiles from
the ice-shelf plume model for Experiment 1 (red, orange) and 2 (blue, light blue) with
E0 = 0.036 and E0 = 0.018, respectively. Dashed lines indicate melt rates after the
plume has detached from the ice base and a new plume is initialized with ambient water
conditions.
Modeled basal melt rates corresponding to the ice base profile IB3 are illus-
trated in Figure 6.4. In both experiments melt rates show a peak at 3 to 6 km
downstream from the grounding line, i.e., where the ice base slope is steepest (ris-
ing within 10 km from 600 m to 300 m). In Experiment 1 maximum basal melt
rates are 71 m yr 1 (1998) and 89 m yr 1 (2016), compared to 51 m yr 1 (1998)
and 64 m yr 1 (2016) in Experiment 2. Based on observations from 1997/98 of the
ice thickness and the glacier velocities, and using the continuity equation, Mayer
et al. (2000) estimated basal melt rates up to 40 m yr 1 close to the ground-
ing line. Using 1998 hydrographic conditions, modelled maximum melt rates in
Experiment 1 are 1.8 times larger than the estimates by Mayer et al. (2000).
In Experiment 2 modelled maximum melt rates are close to the observed values
(with a ratio of 1.3). More recently,Wilson et al. (2017) estimated maximum melt
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rates of 50 to 60 m yr 1 near the grounding line based on high-resolution World-
View satellite imagery collected between 2011 and 2015. Modeled maximum melt
rates using 2016 hydrographic conditions agree well with the observed estimates
when using Experiment 2 but are 1.5 times larger when using Experiment 1.
Next, average basal melt rates suggested from the model experiments are
compared. For each of the five di↵erent ice base profiles (Figure 6.2d) the corre-
sponding melt rates from the ice-shelf plume model were derived and the average
melt rate was computed. The total mean basal melt rates for 1998/2016 hydro-
graphic conditions are 16.9 ± 1.8 m yr 1/25.4 ± 2.8 m yr 1 (Experiment 1) and
8.7 ± 1.1 m yr 1/11.2 ± 1.4 m yr 1 (Experiment 2), respectively (Figure 6.4b).
For Experiment 1 the simulated average melt rate is 2.1–3.2 times larger than
basal melt rates estimated from glacier mass conservation (Mayer et al., 2000)
and ocean budget calculations (Section 5.4.2). With reduced entrainment (Ex-
periment 2), the modelled average melt rates agree much better with melt rates
from observations, i.e., modelled average melt rates are 1.1–1.3 times larger than
the observation-based estimates.
To sum up, Experiment 2 (based on the standard setup of Jenkins (1991)
but tuned by using E0 =0.016 and taking into account that the ice area widens
towards the calving front) provided more realistic results when comparing to
melt rates estimated from observational studies. Thus, throughout this study the
configuration of Experiment 2 is used as the standard setup to model a meltwater
plume below the 79NG.
6.3 Melt rates and plume characteristics
In the following, the optimized 79NG configuration is used to study the evolution
of basal melt rates along the 79NG ice base in a suite of simulations with di↵erent
ice base shapes. Furthermore, the plume characteristics from the grounding line
to the calving front are described. Exemplary, the 2016 hydrographic conditions
are used.
A set of five representative profiles of the ice base slope is used to account
for the varying geometry of the ice base for di↵erent plume paths (Figure 6.5a).
Modelled melt rates along the di↵erent ice base slopes compare well to each other
(Figure 6.5b) showing maximum melt rates within 10 km downstream from the
grounding line and melt rates smaller than 15 m yr 1 in locations more than
15 km away from the grounding line (Figures 6.5a and 6.5b). The modelled
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Figure 6.5: Basal melt rates and plume properties along the 79NG derived from the
ice-shelf plume model (Jenkins, 1991). (a) Ice base profiles IB1, IB2, IB3, IB4, and
IB5 in along-flow direction from the grounding line to the calving front of the 79NG
(positions are marked in Figure 6.2). Shaded in grey is the glacier body along IB3. (b)
Basal melt rates along the ice base with colours corresponding to the ice base profiles
given in panel (a). Dashed lines indicate melt rates after the plume has detached from
the ice base and a new plume with ambient water conditions is initialized. (c) Modeled
temperature/salinity and (d) velocity/thickness evolution of the buoyant plume rising
along the 79NG ice base profile IB3.
maximum melt rates range between 50 m yr 1 and 66 m yr 1 for the five simu-
lations with di↵erent ice base shapes and are found where the ice base slope is
steepest (Figure 6.5b). For steeper basal slopes, plume velocities get faster and
the entrainment of warm ambient water is more e cient (Equation 2.23) causing
enhanced basal melting at the ice base (Figure 6.5). This is consistent with the
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modelled plume characteristics which suggest that the 1 to 2 m thick plume layer
becomes warmer (Tmax = -0.3 C) and more saline (S = 34.2) by entrainment of
AIW few kilometers downstream from the grounding line (Figures 6.5c and 6.5d).
As the plume rises, the entrainment competes with the melting of glacier
ice. Entrainment decreases the plume buoyancy (and hence the plume speed)
by decreasing the density contrast between the plume and the ambient water.
Melting counteracts by intruding cold and fresh meltwater and thus maintains
the plume buoyancy.
Figure 6.6: Modeled plume temperature (a)/salinity (b) in comparison to the ambient
temperature (a)/salinity (b) for 2016 conditions. Ambient hydrographic characteristics
are based on a near-front XCTD profile taken in 2016 and have been interpolated along
the entire cavity between the grounding line and the calving front. Grey shading marks
the floating ice tongue, i.e., the 79NG section in glacier flow direction, based on the ice
base profile IB3 (Figure 6.2a).
Further away from the grounding line, more than 10 km downstream, the
slope of the ice base becomes rather gentle (Figure 6.5a). The ambient water is
colder and fresher at shallower depth (Figure 6.6). Thus, the density contrast
between the plume and the ambient water decreases further downstream from
the grounding line (Figure 6.6). The plume thickens and the plume speed slows
down at 62 to 64 km downstream the grounding line (Figure 6.5d). When the
density contrast reaches zero, the plume detaches from the ice base (Figure 6.6).
In the idealized 79NG configuration, the meltwater plume does not reach the
calving front but detaches between 52 and 64 km downstream from the grounding
line (where the melt rates approach zero) at about 110 m depth (Figures 6.5a
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and 6.5b). At the point of detachment, the modelled plume along IB3 has a
temperature of -1.6 C (i.e., well above the in-situ freezing point), a salinity of
33.7, a velocity of 8 cm s 1 and a thickness of 6.5 m (Figures 6.5c and 6.5d). In
the model a new plume starts from the point of detachment (i.e., around 10 km
apart the calving front) initialised with the ambient ocean properties (Figures
6.5b). In total 3 more plumes are initialised along IB3 until the integration stops
at the calving front (Figures 6.5). However, close to the calving front other
processes may become important for basal melting at the 79NG which will be
discussed in Section 6.6.
In general, the modelled plume thickness is about one order of magnitude
smaller than in model results from other ice shelves (e.g. Jenkins , 2011; Payne
et al., 2007). This may be partly caused by the reduced entrainment used to
tune the model (see above). For larger entrainment not only the plume thickness
but also the plume temperatures and salinities would be increased. The tuned
ice-shelf plume model may still contain considerable uncertainties, but given that
no observation of meltwater plumes below the 79NG exist, there is no obvious
way to further constrain the system.
6.4 Role of the ocean for an increased ice loss
In the following, modelled basal melt rates under changing oceanic conditions will
be analysed. First, observed changes in hydrographic properties inside the 79NG
cavity in di↵erent years will be discussed. Second, the plume model is forced with
hydrographic profiles taken in di↵erent years in order to study the sensitivity of
basal melting to changing ocean conditions.
Hydrographic profiles from all the years show the warmest and most saline
waters at deepest depth (Figures 6.2b and 6.2c). This water represents the hydro-
graphic characteristics of warm AIW (Chapter 4; Scha↵er et al., 2017) entering
the subglacial cavity through the pinned calving front of the 79NG (Section 5.4.1).
Di↵erences between the profiles indicate that the cavity waters warmed and got
more saline between the late 1990s and 2014/2016 over the entire depth range
(Figures 6.2b and 6.2c), i.e., not only the inflowing AIW but also the outflowing
glacially modified water (hereafter mAIW) became warmer and more saline. At
150 to 600 m depth (covering both the in- and outflowing waters) the temperature
increased by 0.42 ± 0.06 C between 1998 and 2014/16.
Seasonal/tidal variability and/or storms may play an important role in tem-
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porarily modifying the hydrographic properties. However, the observed temper-
ature increase inside the 79NG cavity compares well with observed changes in
AIW temperatures at the eastern calving front (Figure 5.19) and inside Norske
Trough (Chapter 4; Scha↵er et al., 2017). The 1997–2016 temperature o↵set in
AIW is therefore likely to represent a long-term warming.
The warming in AIW has been observed at the same time as observations
showed a thinning at the 79NG floating ice tongue. Recently, based on the mi-
gration of a surface feature (namely an ice ridge named “Midgardsormen Ridge”)
on the floating ice tongue of the 79NG, Mayer et al. (in prep.) estimate an ice
thickness reduction of 90 m between 1998 and 2014 (Figure 6.7). The migration
Figure 6.7: Changes in ice shelf geometry in the Midgardsormen region (Figure 6.2a,
magenta line) between 1998 and 2014 in comparison to water temperatures derived from
near-front CTD profiles (Figure 6.2) at the depth levels of the grounding line and a water
depth of 175 m (i.e., the grounding line depth in 2014). The grounding line position
has been tracked based on the temporal evolution of Midgardsormen Ridge derived
from scenes from the Landsat archive for the period 1998 until 2015 (red dashed line).
Bedrock data, ice shelf geometry and the position of the grounding line were processed
by Christoph Mayer (personal communication, 2017; Mayer et al. (in prep.)). Bedrock
data relies on a seismic survey across Midgardsormen Ridge in 1998. The ice base
and surface topography data were derived from airborne ice thickness measurements
carried out in 1998, using a low frequency ground penetrating radar system (Microwave
and Remote Sensing, DTU Space, the Technical University of Denmark) and smoothed
elevation measurements from the NASA Airborne Topographic Mapper (Krabill , 2010,
updated 2016) that were collected in the framework of Operation IceBridge in 2014. In
addition, TanDEM-X bistatic data acquired on 8 December 2014 were used for spatially
distributed surface elevation information.
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of Midgardsormen Ridge is related to a grounding line retreat. For a moment it
is assumed that the ocean properties in the cavity had remained constant over
time. Then the observed grounding line migration towards shallower depths (Fig-
ure 6.7) would suggest lower temperatures to be present at the ocean-ice interface
in 2014 (i.e., for a situation with thinner ice) than in 1998 based on any of the
temperature profiles obtained near the ice front (Figures 6.2). In contrast, the
time-evolution of near-front temperatures profiles (Figure 6.2b) suggests the wa-
ter temperature at the ice-ocean interface to have increased by 0.2 C between
1998 and 2014 (Figure 6.7) despite the upward migration of the grounding line.
This is accompanied by a temperature increase from 0 C to 0.5 C between 1998
and 2014 at 175 m depth, i.e., at the grounding line depth for 2014 (Figure 6.7).
The warming of waters inside the cavity (Figures 6.2b and 6.7) suggests in-
creased basal melting at the floating ice tongue. In order to assess whether the
thinning of the glacier seen in the cross-flow profiles at Mirdgardsormen ridge be-
tween 1998 and 2014 (Figure 6.7) can be related to the observed ocean warming
in the 79NG cavity (Figures 6.7b and 6.7), the one-dimensional ice-shelf plume
model of Jenkins (1991) is used to estimate basal melting at the ice base of the
79NG.
The model results suggest an increase in mean basal melt rates by 44 ± 13%
Figure 6.8: Basal melt rates (b) obtained from the ice-shelf plume model correspond-
ing to ice base profile IB3 (a) and using cavity properties from di↵erent years as model
input (Figures 6.2b and 6.2c).
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between the late 1997/98 and 2014/2016 (Figure 6.8). Most striking, the peak in
basal melt rates where the ice base slope is steepest (i.e., at 3 to 6 km downstream
the grounding line) increases from 47 ± 5 m yr 1 in 1998 to 59 ± 7 m yr 1
in 2014/2016 (Figure 6.8). This agrees well with observations based on radar
echograms of Mouginot et al. (2015) who showed an increased bottom melting of
13.3 ± 4 m yr 1 between 1999 and 2014 at 5 km downstream from the grounding
line.
Interestingly, the model run using the 2014 hydrographic conditions is the only
model run where the plume continues all the way to the calving front (Figure 6.8).
The melt rates are imprinted by warmer ambient water. The temperature profile
taken inside the cavity in 2014 shows a thicker layer of warm water inside the
cavity compared to all other years (Figure 6.2b) which explains higher melt rates
close to the ice shelf front.
In the following, the ice shelf plume model is used to estimate an upper bound
for a potentially ocean-induced glacier thinning. For this purpose, the path in-
tegral of basal mass loss is calculated for the five flowlines along the ice base
profiles (Figure 6.2a) towards the point where the glacier thinning was observed.
The latter is estimated at 20 km downstream the grounding line, i.e., the approx-
imate location of the cross-section at Midgardsormen Ridge (Figure 6.2). The
accumulated basal mass loss has been computed for unchanging 1998 and 2014
conditions, respectively. Under the assumption that the e↵ects of strain thinning
and surface accumulation on the ice thickness evolution remain unchanged over
that period, the di↵erence in ice thickness evolution provides a measure for the
melt-induced ice mass loss of the glacier. Using no information about the tem-
poral evolution of ocean conditions inside the cavity between 1998 and 2014, it is
clear that assuming such an instantaneous change results in numbers at the up-
per bound. Spatially, the varying ice flow velocities, as obtained by interpolating
the 2000/2001 MEaSUREs Greenland Ice Velocity Map (Joughin et al., 2010a,b)
onto each flowline are taken into account. The advective time scale for the ice to
move from the grounding line along any of the flowlines to the Midgardsormen
Ridge cross-flow profiles is approximately 20 years. Along every ice base profile
the computations were repeated eleven times for changing starting points of the
integration. Shifting the starting point of the plume in 1-km steps from 1 to
11 km downstream the grounding line, the integration yields end points ranging
between 18 and 25 km, i.e., the approximate location where the glacier thinning
was observed.
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It is found that the observed ocean warming alone could cause a maximum
total ice thickness loss of 61 ± 20 m between 1998 and 2014 at about 20 km
downstream from the grounding line. The accumulated ice thickness loss based
on the ice-shelf plume model can explain at most 68% of the thinning observed at
Midgardsormen Ridge between 1998 and 2014 (Figure 6.7). As pointed out before,
this is an upper-bound estimate of the potentially ocean-induced ice thickness
reduction. A more realistic estimate for the ocean’s contribution to ice thickness
loss between 1998 and 2014 will be in the range of 50–60%. In any case, the
results suggest the ocean to be the main driver for the observed ice thickness
loss.
6.5 Cavity overturning
From the open ocean point of view, increasing ice shelf basal melting is associated
with a stronger meltwater (i.e., freshwater) flux to the ocean. For a warm-water
ice shelf like the 79NG, stronger melting also requires a larger heat flux to be
supplied to the cavity. This section looks into the heat and freshwater budgets
relevant to an assumed steady state and a decadal-scale increase of basal melt
rates.
Meltwater fluxes (QMW ) for the di↵erent years can be calculated using the
simulated ensemble-mean melt rates (Table 6.1) and a total ice base area of
1700 km2 (based on RTopo-2; Chapter 3; Scha↵er et al., 2016). In order to
calculate the overturning based on the exchange flow at the cavity mouth (Qe),
the approach byWilson and Straneo (2015) is used: It is assumed that the system
is in a steady state in which the heat required to melt the glacier ice is entirely
supplied from an infinitely large ocean reservoir outside the cavity, i.e., by an
advective oceanic heat flux at the cavity mouth. The heat budget within the
cavity can be simplified by neglecting all vertically averaged flow terms at the
cavity mouth, the advective heat fluxes from meltwater and subglacial runo↵ at
the icebase, and the heat storage within the cavity. The overturning exchange
flow at the cavity mouth can then be derived from
Qe =
L
cp
✓
QMW
✓in   ✓out
◆
(6.1)
where L is the latent heat to melt ice, cp is the specific heat capacity of seawa-
ter, and ✓in and ✓out are the potential temperatures of in- and outflowing water,
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respectively (Wilson and Straneo, 2015). The temperature of inflowing AIW is
assumed to equal the temperatures observed inside the cavity at depth. The max-
imum depth reached by the CTD/XCTD profiles taken inside the cavity varies
between 600 and 720 m (Figure 6.2). In order to compare inflow temperatures be-
tween di↵erent years, the inflow temperature is defined to be the temperature at
600 m depth (Table 6.1), i.e., the maximum depth of the shallowest profile taken
inside the 79NG cavity. Following Wilson and Straneo (2015) the temperature
of outflowing mAIW is derived by taking mean temperatures between the depth
of the -0.2 C isotherm and the deepest depth where mAIW is present (typically
270 m, Section 5.4.2). The lower limit of the outflow is identified by the deepest
occurrence of a temperature gradient of at least 0.2 C/100 m (Figure 6.2). The
estimates of temperature di↵erence (Table 6.1) may still contain considerable un-
certainties, but given that no velocity observations exist inside the 79NG cavity,
there is no obvious way to further constrain  T.
Table 6.1: Modeled basal melt rates for hydrographic conditions observed in
early and late phases of the observational time series. The related meltwater
fluxes (QMW ), the ingoing temperature (Tin), and the temperature di↵erence
between in- and outflowing waters ( T ) were used to calculate the overturning
(Qe) by using Equation 6.1. Renewal time scales (trenewal) for cavity waters are
based on a cavity volume of 650 km3. Uncertainty estimates are derived from the
spread in area-mean melt rates (derived from five ice base profiles) and from the
spread in the mean outgoing temperatures computed over a defined depth range
(see text).
1998 2014 2016
melt rate [m yr 1] 8.7 ± 1.1 12.2 ± 1.6 11.2 ± 1.4
QMW [mSv] 0.52 ± 0.07 0.74 ± 0.10 0.68 ± 0.08
Tin [ C] 0.8 1.2 1.4
 T [ C] 0.70 ± 0.12 0.74 ± 0.27 0.69 ± 0.28
Qe [mSv] 63 ± 13 83 ± 32 82 ± 35
trenewal [days] 120 ± 26 90 ± 35 92 ± 39
The resulting volume exchange fluxes at the cavity mouth (Equation 6.1)
suggest an increase in the cavity overturning by 30% between 1998 and 2014/16
(Table 6.1). This translates to a reduction in the cavity exchange timescale by
25% (with a cavity volume of 650 km3, based on Scha↵er et al. (2016)).
On the other hand, the meltwater flux QMW is mainly determined by the
strength in the overturning circulation and the temperature di↵erence  T be-
tween the in- and outflowing water (Equation 6.1). Given that  T remained
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constant in the di↵erent years (Table 6.1), the hydrographic observations indi-
cate that the increase in basal melt rates between the late 1990s and recent years
is caused by an increased strength of the overturning circulation within the glacier
cavity. These aspects will be revisited in the discussion.
6.6 Discussion
Hydrographic observations suggest an overall warming of the AIW layer in the
79NG cavity. This is consistent with hydrographic observations from the con-
tinental shelf that have revealed a coherent warming of the AIW along Norske
Trough, i.e., in the main AIW pathway from the shelf break south of Fram Strait
toward the 79NG (Chapter 4; Scha↵er et al., 2017). The observed warming of
0.42 ± 0.06 C inside the 79NG cavity between 1998 and 2014/16 is one order of
magnitude larger than the r.m.s. error of temperatures computed from repeat
measurements so that the signal is clearly significant.
Results from the one-dimensional ice-shelf plume model discussed in the pre-
vious sections suggest that the observed warming in the AIW between 1998 and
2014/2016 may strengthen the cavity overturning by 30 % and increase basal
melting at the 79NG by 44 ± 13%. An increase in the volume flux into the cavity
has also been suggested based on ocean observations in front of the 79NG pinned
calving front (Chapter 5). In Chapter 5 it has been shown that a 30 m thickening
in the AIW layer (as observed between 1997 and 2016) may increase the volume
transport carrying warm AIW into the 79NG cavity by up to 50 %.
The model results presented in this study suggest that the ocean is the main
driver for the observed thinning of the 79NG floating ice tongue. Recently,Wilson
et al. (2017) showed that basal melting also dominates the ice thickness loss in
a steady state. By comparing basal melt rate estimates and the ice volume flux
across the grounding line between 2011 and 2015, Wilson et al. (2017) show that
the ice tongue is melting faster than the ice is replenished from upstream. In
addition, Wilson et al. (2017) estimated mean surface melt rates of 1.5 m yr 1
water equivalent over the period 2011–2015 (based on results from the Regional
Atmospheric Climate Model RACMO version 2.3), which is smaller than the mass
loss due to basal melting. Based on glacier mass balance calculations, Wilson
et al. (2017) found that 80% of the non-calving mass loss at the 79NG is due to
basal melting. Thus, it seems plausible that also anomalies in the 79NG ice loss
may be dominated by the ocean.
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In general, the one-dimensional ice shelf plume model (Jenkins , 1991) re-
produces average and maximum melt rates in good agreement with melt rates
estimated based on glacier mass conservation (Mayer et al., 2000), InSAR data
(Mouginot et al., 2015), and/or ocean mass budget calculations (Chapter 5). Still,
the tuned ice-shelf plume model contains considerable uncertainties. Although
the modelled buoyant plume can be regarded as a major feature of the ice shelf
cavity circulation, several aspects of the true cavity circulation remain unconsid-
ered or unknown:
• The cavity circulation most likely will not be entirely two-dimensional.
Based on the XCTD profiles from 2009, 2014 and 2016, the mean baroclinic
Rossby radius (Equation 4.1) is about 8 km suggesting that a bi-directional
flow may exist in the 20 km wide cavity.
• The ice-shelf plume model assumes that the circulation and mixing is driven
entirely by thermohaline processes. However, in the previous Chapter 5, it
was shown that hydraulic control may limit the transport of AIW into the
79NG cavity and thus determine the strength of the cavity circulation.
• The bathymetry inside the subglacial cavity has been interpolated based
on 98 seismic depth soundings along five transects across the glacier tongue
by Mayer et al. (2000). Although the seafloor was shaped by the paleo ice
flow (Arndt et al., 2015), there may be sills at the bed of the subglacial
cavity that have not been resolved by the seismic measurements but may
have e↵ects on the cavity circulation.
• The parameterization for the entrainment velocity used in the one-dimensional
ice-shelf plume model (Jenkins , 1991) has been shown to be in good agree-
ment with laboratory and field studies of dense bottom currents for slopes
of 10 2 and less. Close to the grounding line of the 79NG, however, the
slope is steeper than 3 ⇥ 10 2 and thus entrainment becomes very large in
the model (Equation 2.23). This may be the reason why the model needed
to be tuned to realistic melt rates by changing E0. It is clear, however, that
the parameterization of entrainment is a weakly constrained estimate with
a strong impact on modelled plume dynamics.
• Close to the calving front basal melting likely depends on processes other
than those covered by the plume model: First, ocean variability outside the
cavity on multiple time scales (interannual, annual, subtidal, and tidal) (e.g.
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Arzeno et al., 2014), and/or wind e↵ects (e.g., Zhou et al., 2014) may push
water below the ice shelf. Second, surface meltwater at a floating ice tongue
glacier may transit through crevasses to the ice base (e.g., Weertman, 1973;
Scambos et al., 2000). Both processes may increase basal melting close to
the calving front.
• The initial flux of subglacial runo↵ is not well constrained and most likely
highly variable in space and time (e.g. Straneo et al., 2011). In general,
subglacial runo↵ may accelerate ice shelf basal melting near the grounding
line in summer (e.g.Motyka et al., 2003, 2011; Straneo and Heimbach, 2013).
By freshening the meltwater plume and thus increasing the initial density
contrast to ambient water, subglacial runo↵ enhances basal melting close to
the grounding line. Higher ice-shelf basal melt rates are expected in warmer
summers, which may cause large seasonal and interannual variability in
basal melt rates. Based on applications of the ice-shelf plume model to
di↵erent ice shelf and glacier systems, Jenkins (2011) found that the ice-
ocean heat transfer greatly enhances for an increased input of meltwater
at the grounding line. Further model experiments applied to 79NG (not
shown) suggest that a change in the freshwater discharge by four orders of
magnitude increases the melting by 50%, i.e., increasing the average basal
melt rate by about 5 m yr 1.
• All hydrographic profiles were obtained in summer. Thus all modelled
basal melt rates may be considered as summer values but it is unknown
whether this introduces a bias of significant magnitude. First results of
high-resolution model simulations with the Finite Element Sea ice-Ocean
Model FESOM suggest seasonal changes on the continental shelf at 250 m
depth to range between 0.1 and 0.2 C (Claudia Wekerle, personal commu-
nication, 2017). This is less than half of the temperature change observed
between the late 1990s and 2014/16. Data from moorings deployed at the
79NG glacier calving front in 2016 will help to resolve the seasonal variabil-
ity in the future (see Chapter 5).
• Finally, the near-front CTD/XCTD profiles used as model input may not
adequately represent the hydrographic conditions in the entire cavity.
Note that the true ice base topography is rougher (Rignot et al., 2001, Figure
1c) than the interpolated RTopo-2 ice base (Chapter 3; Scha↵er et al., 2016).
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Several major surface and basal channels running from near the grounding zone to
the terminus are not represented but may be locations of enhanced basal melting
(Gladish et al., 2012; Millgate et al., 2013). Thus, mixing along the plume may
be superimposed by small-scale variability not implemented in model studies.
In the future, it would be of interest to apply the two-dimensional numerical
model presented by Payne et al. (2007) to simulate meltwater plumes beneath
Pine Island Ice Shelf, Antarctica, to the 79NG. This model is adjusted to a warm
sub-ice cavity similar to what is found at the 79NG and thus may produce more
reliable results, especially with respect to the parameterization of entrainment.
In addition, timeseries from moored instruments deployed in 2016 through the
glacial rift inside the 79NG cavity (i.e., where most of the CTD/XCTD profiles
were carried out, Figure 6.2a) and outside the 79NG cavity in the main AIW
inflow will help to understand the temporal variability of the flow system and the
underlying forces.
In this study, it has been shown that the 79NG is highly sensitive to ocean
variability. A combination of observational data and modelling suggests that the
ocean dominates the thinning observed at the floating ice tongue. Thus, ocean
climate change is likely to control the stability of the floating ice tongue in the
future. A further increase in basal melting and thinning of the floating ice tongue
is likely to cause a detachment of the glacier from the pinning points at the calving
front. In turn, the ice flow may speed up and the ice thickness may decrease at an
accelerated rate. Furthermore, a grounding line retreat may bring the grounding
line to the point where the bed slopes downward (Figure 1.3). Such a grounding
line retreat may initiate marine ice sheet instability, i.e., by a continuous supply
of warm water to the grounding line, the grounding line is forced to retreat further
inland (e.g. Hughes , 1973). A potential future collapse of the 79NG may lead to
an upstream dynamic response causing a substantial speedup of the Northeast
Greenland Ice Stream in its catchment area and an increased flow of formerly
grounded ice into the ocean within a time scale of a few decades (e.g. Favier
et al., 2014). A persistent thinning at the 79NG may thus reduce the stability
of the Northeast Greenland Ice Stream and thereby contribute to an accelerated
mass loss of the Greenland Ice sheet.
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6.7 Summary
The aim with this Chapter was to study the sensitivity of basal melt rates to
varying hydrographic conditions observed inside the 79NG cavity between 1998
and 2016. A one-dimensional ice-shelf plume model in a 79NG configuration was
tuned to match with melt rates inferred from glacier mass conservation and ocean
budget calculations. The model was forced with hydrographic profiles taken in
di↵erent years inside the 79NG cavity. The model results provide first-order
estimates of the dependence of basal melting on ambient water temperatures.
It was shown that an oceanic warming by about 0.4 C between the late 1990s
and 2014/2016 causes a 40% increase in basal melt rates explaining 50–60% of
the observed ice thickness loss at the 79NG. Moreover, such an increase in basal
melting goes along with a 30% increase in the strength of the overturning inside
the 79NG cavity causing shorter renewal times. The ocean appears to be the
main driver for the observed glacial thinning and thus a continuous warming in
Atlantic Water may lead to a future collapse of the 79NG ice tongue.
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In this thesis, the ocean impact on the floating ice tongue of the 79 North Glacier
(79NG) has been explored with particular focus on the heat supply for basal
melting at the 79NG base. For the first time, the characteristics and pathways
of warm waters across the continental shelf and into the subglacial cavity have
been described consistently. In addition, the release and spreading of glacial
meltwaters have been explored and an ocean induced thinning of the floating ice
tongue is discussed. The main research questions targeted in this thesis were:
1. What are the sources of warm waters and their pathways across the conti-
nental shelf and into the 79NG cavity?
2. Is there any evidence for a pronounced inflow of waters of Atlantic origin
into the cavity? How strong is the heat transport into and water mass
transformation inside the 79NG cavity, and what is the impact of glacial
meltwaters on the shelf waters?
3. Is there any indication for a long-term ocean warming on the continental
shelf and, if so, how strong is the e↵ect on basal melting at the 79NG?
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Figure 7.1 illustrates the major conclusions arising from this thesis as follows:
1. Warm Atlantic Intermediate Water (AIW) present below 200 m in Norske
Trough largely consists of Atlantic Water recirculating in Fram Strait. The
transport of Atlantic Water across the shelf break is likely provided by
eddies (A in Figure 7.1). On the continental shelf a boundary current
carries warm AIW along the northeastern slope of Norske Trough toward the
79NG (B). At the northern inlet of the trough system Arctic Atlantic Water
(AAW) may enter the continental shelf contributing to a cooler version of
AIW present in the Westwind Trough. However, in the Westwind Trough
a sill (X in Figure 7.1a) most likely blocks a further propagation of AAW
toward the inner shelf. The warmest waters (> 1 C) at the 79NG and
Zachariæ Isstrøm (ZI) originate from Norske Trough. In the transition
between the trough system and the 79NG cavity the bathymetry steers
a gravity plume transporting heat into the cavity (C, D). The observed
spilling of AIW over the sill and Froude numbers peaking at 1.1 point to
a hydraulically controlled flow downstream of the sill. This is likely linked
to enhanced entrainment downstream the sill modifying the AIW inflow
characteristics (D). If hydraulic control is a persistent feature, any processes
that may vary the AIW thickness upstream of the sill are crucial to the
amplitude of heat transport into the cavity. In general, topographic control
may constrain the overturning circulation inside the cavity by limiting the
amount of warm waters supplied to the grounding line of the 79NG.
2. Transport estimates suggest a heat flux of 140 ± 20 GW into the subglacial
cavity. Almost all heat goes into melting the 79NG base from below causing
a meltwater flux of 0.37 ± 0.05 mSv. This suggests an average melt rate
of 8.3 ± 2.1 m yr 1. Subglacial runo↵ accounts for about 20% of the total
glacial meltwater flux and may accelerate basal melting near the grounding
line in summer. Mixing of the products of glacial meltwater (i.e., both
basal meltwater and subglacial runo↵) and AIW will initiate a buoyant
plume rising along the 79NG base. As a consequence, glacially modified
AIW (mAIW) is formed by turbulent mixing of glacial meltwater with AIW
(E). Glacial modification of AIW inside the cavity causes an overturning
of 36 ± 17 mSv suggesting a renewal time scale of waters in the cavity of
210 ± 130 days. The largest contribution of mAIW may leave the 79NG
cavity via the pinned calving front while a minor fraction may enter the
continental shelf via Dijmphna Sund. Outside the cavity mAIW laterally
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Figure 7.1: Schematic illustration of the water masses and processes controlling both
the heat supply for basal melting at the 79 North Glacier (79NG) base and the glacial
meltwater release. In the map (a), the black line marks the position of the section shown
in (b), the black dashed line indicates the bathymetry along the section at 79 36’N also
shown in (b), and the black circle close to the 79NG pinned calving front marks the
position of the “19W Bank”. In addition the locations of Zachariæ Isstrøm (ZI) and
Storstrømmen Glacier (StG) are marked.
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mixes with shelf waters (F), i.e., mainly Knee Water (KW), which may
explain the absence of KW in Westwind Trough. In addition, warm AIW
reaching ZI may be modified by mixing with glacial meltwater and thereby
additionally contributing to the modification of shelf waters.
3. Temperature measurements showed the existence of waters warmer than
1 C close to ZI. In addition, the analysis of historic and recent ocean ob-
servations on the continental shelf and inside the 79NG cavity suggests an
increase in maximum AIW temperatures between the late 1990s and recent
years by 0.4 ± 0.1 C. Thus, a warming in AIW has likely been relevant for
the observed loss of the entire floating ice tongue between 2012 and 2014
(Mouginot et al., 2015). Furthermore, observations presented in this thesis
suggest that the AIW layer on the shelf and in front of the 79NG thickened.
A change in the height of the AIW layer by 30 m may strengthen the cav-
ity overturning by 50% causing increased basal melting at the 79NG base.
Model results show that basal melt rates increased by 40 ± 10% as a result
of the observed changes in the oceanic forcing, suggesting that the ocean
alone may explain 50–60% of the observed glacier thinning.
In summary, the bottom topography plays an important role in regulating the
heat supply for basal melting at the 79NG. Most interestingly, the bathymetry
at the entrance of the 79NG cavity determines a very unique interplay between a
negatively buoyant gravity plume and a positively buoyant ice-shelf plume. Both
processes lead to turbulent entrainment and are important drivers for the cavity
overturning and thus for the glacial modification of AIW inside the 79NG cavity.
The findings highlight the importance of changes in the AIW layer outside the
cavity for the strength of the cavity overturning and basal melting at the 79NG
base. Not only changes in the AIW temperatures but also in the thickness of the
AIW layer in Norske Trough may determine the ice thickness loss at the floating
ice tongue. The ocean observations explored in this thesis suggest that warming
AIW caused the loss of the floating ice tongue at ZI and may also trigger an
unstable behaviour of the 79NG floating ice tongue in the future.
In addition to these major outcomes, several objectives, which need to be ad-
dressed in future work to gain a better understanding of the ocean impact on the
79NG, were addressed in this thesis. A major source of uncertainty is the ocean
variability, i.e., the e↵ects of wind forcing, but also tidal, seasonal and interannual
variability on the heat supply into the 79NG cavity as well as on the transport
of Atlantic Water onto the Northeast Greenland (NEG) continental shelf. In the
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future, moored oceanic measurements in combination with high-resolution mod-
elling studies will help to gain a better understanding of the mechanisms by which
the ocean circulation in Fram Strait and on the NEG continental shelf supplies
heat toward the inner shelf region and into the glacier cavity.
In 2014 and 2016 moorings were deployed in the trough system on the con-
tinental shelf, at the 79NG calving front, and in Dijmphna Sund. First results
from moorings recovered from Norske Trough support the findings presented in
this thesis that a boundary current transports warm AIW toward the 79NG.
However, most of the moorings are planned to be recovered in autumn 2017. If
successfully recovered, they will not only provide a better understanding of the
ocean variability but also of the role of Dijmphna Sund for the cavity exchange,
the role of Westwind Trough on the subsurface shelf circulation, as well as the
role of the glacial overturning on the overall transport on the continental shelf.
Additionally, eddy-resolving model simulations with the Finite Element Sea
ice-Ocean Model (FESOM) will help to identify the main sensitivities in the cou-
pled ice-ocean system, e.g., to assess the role of external forcings (e.g., varying
wind fields) in driving melting at the base of the floating ice tongue. Furthermore,
it is planned to use the high-resolution model to study the role of meso-scale eddy
activity in the East Greenland Current in bringing Atlantic Water onto the conti-
nental shelf. Another goal is to model meltwater pathways and gain more insights
in the interaction of meltwaters with the local ocean circulation. Besides model
experiments, meltwater characteristics and their pathways on the continental
shelf may be better described by analysing the distribution of  18O (revealing the
total amount of meteoric water) and Helium/Neon samples (revealing the total
amount of glacial meltwater), but also by applying the optimum multiparameter
analysis (Tomczak and Large, 1989) to the 2016 CTD temperature, salinity, and
oxygen measurements.
The important role of bottom topography in regulating the heat supply to
the 79NG base has also been highlighted in this thesis. Still, beneath the float-
ing ice tongue the bathymetry is barely known. The currently used data set is
based on spatial interpolation of 98 seismic depth soundings only (Mayer et al.,
2000). From an observational point of view, a better understanding of the cavity
circulation would require more seismic measurements to map the seafloor and
continuous (moored) oceanic measurements inside the cavity. The latter may be
particularly relevant close to the grounding line where basal melting is strongest.
In addition, modelling studies may help to improve our understanding of the
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cavity overturning. While FESOM will certainly serve as a powerful tool to
model the shelf circulation and related processes, regional models may be more
appropriate for assessing the driving mechanisms of the cavity circulation. A
conceptual model that includes the dynamics of both an ice-shelf plume model
and a hydraulically controlled flow that steers the transport of dense water into
the cavity beneath the floating ice tongue may be used to study the sensitivity of
the overturning and the role of hydraulic control on the stability of the floating
ice tongue.
Finally, there remain a number of open questions regarding the ocean impact
on melting at ZI and Storstrømmen Glacier, i.e., the other two outlet glaciers fed
by the Northeast Greenland Ice Stream (NEGIS). Their remote locations, i.e.,
sheltered from the trough system by a complex system of islands, limited the
access to the glaciers to carry out bathymetric and/or oceanic measurements so
far. However, considering the ocean impact on the stability of the NEGIS as well
as the impact of glacial meltwater on the ocean circulation, processes responsible
for ocean changes a↵ecting each of the three glaciers will require further attention
in future work.
By providing an improved understanding of the local dynamics that control
the ocean heat transport into and the overturning inside the 79NG cavity, the
findings in this study shed light on the ocean component in the complex system
of feedbacks that determine the stability of the NEGIS and thus a large part of
the Greenland Ice Sheet’s mass balance. Although the topographic settings that
shape the 79NG ice shelf-ocean system are quite specific, the results here may be
applied to comparable settings in Northern Greenland and even Antarctica. The
ocean observations and their analysis may serve to improve and verify local and
regional ocean models. They may also help to find appropriate parameterisations
of the relevant small-scale processes in large-scale climate models addressing the
interaction between the Greenland Ice Sheet and the world ocean. The Greenland
Ice Sheet/Ocean Interaction (GROCE) project, supported by Germany’s Federal
Ministry of Education and Research (BMBF), will continue to pursue this subject
in an interdisciplinary e↵ort.
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